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Preface 


The need for a solid understanding of the chemistry and physical 
processes of the solid, silicate-dominated surface environment is at 
present great and growing. Clay minerals, the most abundant and 
chemically active parts of the surface mineral world, are the key to 
understanding the links between nature (life), its substrate (sili¬ 
cates), and a mastery of the total eco-system by man, but unfortu¬ 
nately, the traditions of the study of clays have not always reached 
in this direction. Past professional interest has most often been 
bogged down in problems of taxonomy (mineral names), the study 
of physical and chemical properties without their natural context, 
and a general imprecision in the definition of interactions that are 
potentially useful to industrial processes. The growing needs of an 
industralized world were not considered. Clay mineralogists took 
their materials into the laboratory to better study them; agrono¬ 
mists simplified and then basically abandoned the identification of 
clays and their role in plant growth; and soil engineers abstracted 
the reality of the chemistry of clays to a neutral, physical use. The 
different fields of research dealing with the silicate surface environ¬ 
ment began to ignore each other. 

Today there is an increased awareness that the surface envi¬ 
ronment is the key to the future of industrial survival, both city and 
rural. The lessons of the Eastern bloc nations cannot be ignored, 
nor can we continue to ignore the consequences of human activity 
on the biosphere; we are part of it, after all. In order to begin to 
understand the interdependence of the mineral world and the bio¬ 
sphere, it is necessary to understand clay minerals, an agent of 
exchange in the chemistry of life. 

This book, then, attempts to lay the basis of understanding - it 
is hoped in an understandable way—the why and what of clay 
minerals. The origins of clays are described in their chemical and 
geographic context, while the cycle of geological dispersion and 
concentration is discussed with regard to the type of clays that can 
be formed and where they can be found. The change and eventual 
destruction of clay minerals in the cycle of sedimentation, burial, 
and rock-forming is described, and finally, an explanation is given 
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of the origin of clays which are useful to manufacturing 
(hydrothermal alteration). In this text, we hope to facilitate the 
discovery of the origin of clay minerals and their abundance in their 
various geological habitats. Of course, a brief explanation of the 
nomenclature and chemical differences between clays is given to 
start the beginner on his way. 

With its five contributors, this book is obviously a group effort. 
These five people are friends as well as colleagues, and our com¬ 
mon interest in writing these chapters was to be as pertinent to 
present day needs as possible. Hence we have attempted to give 
readers a sort of introduction for environmentalists to the some¬ 
what confusing world of clay minerals and clay mineralogy. This, 
the first volume in the series, lays the foundations for a fuller 
understanding of the real problems of clays in the environment. 
The second volume then goes on to demonstrate the importance of 
clays in their different environments as they affect specific prob¬ 
lems of interaction between the inanimate and living world. 

The volume editor would like to thank his friends and highly 
competent fellow clay mineralogists for contributing to the 
endeavor: the organization and conception of the different chap¬ 
ters and the assemblage benefited greatly from their patience and 
good will. Our publishing editor must also be thanked for his 
patience. Most of all, our gratitude is due to the home computer. 

We hope that the volume will lead young scientists to under¬ 
stand and use this knowledge and to develop a better understand¬ 
ing of clay problems, the use of clays, and the potential they have in 
limiting the nefarious effects of other actors in the industrial or 
agricultural cycle. Knowledge is power, and a little prevention 
based upon some knowledge will certainly go a long way in avoid¬ 
ing much regret in the future. 


Paris, July 1995 


B. Velde 
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1 Geology of Clays 


B. Velde 


The chapters which follow deal with the occurrence of clays in nature. This 
concerns the geology of clays: the geological processes which lead to the 
creation of clays, the transformation of clays and the destruction of clays in 
different geological environments. Clays, as is the case for most objects on the 
Earth, are ephemeral. They have a life span which is governed by their geo¬ 
logic history. Clays occur under a limited range of conditions in geological 
space [time and temperature (essentially depth)]. They are found mainly at the 
surface of the Earth: their origin is for the most part initiated in the weathering 
(rock-atmosphere interface) environment. Some clays form at the water- 
sediment interface (deep sea or lake bottom). A smaller number of clays form 
as a result of the interaction of aqueous solutions and rocks, either at some 
depth in the sedimentary pile or in the late stages of magmatic cooling 
(hydrothermal alteration). Although, this last occurrence is not of great extent 
it is very important to geologists as they have been called upon to aid human 
activity. Hydrothermal alteration often leads to the accumulation of useful 
heavy metals, such as gold, tungsten, and uranium. Therefore, when geologists 
encounter rocks which have altered to clay, and they determine that this 
occurred at depth (i.e. not weathering or superficial phenomena), they often 
take a sample in order to assess the heavy metal content. In addition to the 
accumulations of interesting metals, the extensive alteration of rocks due to 
hydrothermal alteration can produce pure clay deposits which are also of 
economic interest, e.g. clays for ceramics, and silica for industrial uses. Thus, as 
is often the case, the rare occurrence is of greater interest to humans than the 
more common, overall changes of geologic materials. However, in problems of 
environmental importance, the general , common occurrence is of greatest im¬ 
portance and the rare case is more of an anecdote. Environment is concerned 
with the everyday, while industry is concerned with the exceptions. 


1.1 Why Clays Form 


Most clays are the result of the interaction of aqueous solutions with rocks. 
The dissolution and recrystallization which occurs at this encounter is the 
process by which clay minerals are formed and transformed. Clays are not 
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stable in anhydrous environments. The proportion of water, compared to that 
of the solids (rock), which interacts determines the rate and type of chemical 
reaction and ultimately the type of clay mineral formed. When large amounts 
of water are present, the solids in the rock tend to be very unstable and they 
dissolve for the most part. Dissolution is the first step of most water-rock 
interactions. The greater the renewal of the water input (rain or fluid circula¬ 
tion) the more dissolution will occur. As the ratio of water to rock approaches 
one, the reactions are more and more dominated by incongruent dissolution, 
in which certain elements go into solution and others remain in the solid state 
in the skeleton of the altered rock. The new solids are generally clay minerals. 
They are hydrated, having interacted with water, and they have a special 
physical structure which is very different from that of the pre-existing minerals 
which originally reacted with the aqueous solution. Because of their hydration, 
the newly formed minerals have a greater volume than the original minerals. 
Because the initial stages of alteration, and those that follow, include signifi¬ 
cant dissolution of rock material, the formation of clays results in an aggregate 
of lower density than the initial rock. During water-rock interaction voids are 
usually produced in the alteration or clay-forming process. The proportion of 
voids produced is a function of the relative amounts of water and rock which 
interact. 

In Fig. 1.1 the relationship of the relative amount of water available 
compared to the interacting rock are indicated in such a manner that the 
different types of geological phenomena which give rise to clay minerals are 
outlined. Each of the geological environments indicated is the subject of a 
chapter in this book. The geological environments are weathering , deposition 
or sedimentation , burial which creates diagenesis and hydrothermal alteration. 
In geology, when one thinks of environmental problems one is in fact thinking 
of the interaction between man-made chemicals, or those chemicals that have 
been concentrated by the industrial activities of humans. This initial thought is, 
in fact, that of the soil-atmosphere interface. This is where agricultural chemi¬ 
cals are used, where they are dispersed and, often, where they are eventually 
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destroyed by bacterial action. The pathways by which surface waters reach 
groundwater resources may bring the water into contact with compounds from 
the use of agrochemicals. Industrial wastes, either released by intent or acci¬ 
dent, can be considered in the same framework. In this context attempts to 
centralize and neutralize man-made chemicals in waste disposal sites come 
into prominence. The structure and clay mineralogy of soils and surface sys¬ 
tems is very important to an understanding of the problems of agro-chemicals 
and industrial pollution. 

However, the environments of sedimentation and the burial of sediments 
are also very important for the eventual cycling of toxic materials. Environ¬ 
mental problems do not stop at the water table. For example, water-borne 
contaminants will follow the paths of water flow into rivers and streams, 
affecting the plant and animal life there. The sedimentation of suspended 
matter (clays) into sedimentary reservoirs will capture or reject these contami¬ 
nant materials, either isolating them from the biosphere or concentrating them 
at certain levels. The sedimentary processes are important for environmental 
problems. Burial will eventually isolate sediments and pollutants from the 
biosphere. One must find out how this system works to be able to master its 
potential. 


1.2 Where Clays Form 


The different clay mineral environments are, of course, related in space, at or 
close to the surface of the Earth. The clay environment is limited to a certain 
range of temperatures and it is also limited in time. For most clays stability is 
in fact only attained at the very surface of the Earth, in say the upper several 
hundreds of meters of the Earth’s crust. When temperatures exceed 50 to 
80 °C the clays are unstable and they begin to change into other minerals, 
either other clay minerals or different mineral structures such as micas, 
feldspars, etc. The range of origin and evolution of clay, and its stability in time 
and temperature coordinates is given in Fig. 1.2. The different geological 



Fig. 1.2. Stability range of clays in T-t space un¬ 
der weathering, sedimentation, burial diagenesis 
and hydrothermal alteration conditions 


200°C 
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environments such as weathering , sedimentation , burial diagenesis and 
hydrothermal alteration form the subjects of major chapters in this book. Long 
periods of time can cause changes in clay mineralogy. If temperatures are less 
long lived, i.e. for periods of days or years, the temperatures needed for clay 
formation can reach several hundreds of degrees centigrade. 

The rate of change of clays is dependent upon temperature. This is the 
common law for chemical reaction; the higher the temperature, the faster the 
change. However, the rate of change in the temperature acting on the clays is 
also variable. In geological situations one can have rapid heating, such as the 
situation in which a magma intrudes a rock or a lava spills out onto the Earth’s 
surface. The rapid increase in temperature (many hundreds of degrees centi¬ 
grade) can be effected in the space of days or years, this would be a short lived 
geologic event. Tectonic events can produce fractures and thereby introduce 
hot hydrothermal fluids (i.e. high temperature, undersaturated aqueous solu¬ 
tions) Possibly associated with magmatic action. These fluids heat the rocks 
locally at approximately the same rates as the intrusion of magma, but to lower 
temperatures. Such events are rapid, and they create unstable mineral assem¬ 
blages due to the high rate of thermal, and induced chemical, change. There¬ 
fore, such assemblages are highly localized in the Earth’s crust. 

By contrast, the normal sequence of sedimentation and burial, formation 
of sedimentary rocks from clay-rich sediments, is one that can take several 
millions, or hundreds of millions, of years. One finds that clays are highly 
transformed in some old, shallow basins (200 million years, 2 km deep, low 
temperatures of 80 °C) while they are much less affected in young deep basins 
(2 million years, 5 km deep, temperatures of 180 °C). Thus, the dimension of 
time can be as important as that of temperature in many instances of clay 
stability and transformation. 



Fig. 1.3. The clay cycle in geological terms. Origin at surface leads to transport and deposition. 
More deposition leads to burial and transformation, gradually into rocks which in turn can be 
moved upward to be eroded and altered at the Earth’s surface. Vertical scale is log of depth to 
emphasize the scale of the events. The transformation of clays and their origin is at the surface 
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In Fig. 1.3 one can see the spatial relations of depth and geological envi¬ 
ronment where one finds clays. The vertical scale in the figure is logarithmic, 
which de-exaggerates the importance of depth for the shallower phenomena. 
In fact, most clays originate at the very surface of the Earth and begin their 
migration shortly after their formation, by river transport, eventually reaching 
large bodies of water such as littoral ocean environments. Hydrothermal al¬ 
teration is revealed at or near the surface of the Earth by the action of erosion, 
which brings deep-seated materials to the surface. As mountains are eroded 
their roots are exposed to the eye and the use of mankind. 

The contact of rocks and water produces clays, either at or near the surface 
of the earth. 


1.3 Clay Formation: The Chemical Necessity 


The origin of clays is found in the interaction of rocks (silicate minerals) and 
water. This indicates not only that clays are hydrous but also that clays are 
more hydrous than the minerals in most rocks. The overall reaction of 

rock + water —> clay (1) 

is a reasonable starting point. However, things are more complex than that. 
The mechanism by which water “hydrates” silicate minerals that of hydrogen 
exchange. Most clay minerals in fact contain (OH) molecules which have a 
specific role in the mineral structure. The only difference between, say, a 
potassium ion (K + ) and a hydrogen ion (H + ), contained in water, is that the 
hydrogen ion can be expelled from the mineral structure at lower tempera¬ 
tures than the potassium ion. In fact the potassium ion will be incorporated 
into another mineral instead of leaving the solid phase, whereas the hydrogen 
ion tends to form a gas (combining with oxygen to form water) leaving the 
system when a high enough temperature is reached (usually between 400 and 
600 °C in clay minerals). In a very simple-minded way one can write the 
stability of clays as 

clay + heat —> rock + water, (2) 

which is roughly the reverse process of clay formation. 

The chemistry of the hydration mechanism is one of exchange of cations 
for hydrogen ions such as: 

feldspar + hydrogen ions —> clay (kaolinite) + cations, solids, water (3) 

3KAlSi 3 O g + 6H + = Al 2 Si 2 0 5 (0H) 4 + 2K + + 4Si0 2 + H 2 0. 

In most clay-forming reactions, several phases are produced from an initial 
mineral species and water. The reaction produces clays and other minerals. 
Silica is a common by-product of hydration reactions; it can go into aqueous 
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solution or it can form a solid phase such as quartz or amorphous silica. 
Production of clays is an incongruent process, one where solids and give rise to 
solids and material in solution. 

The chemistry of the reverse, dehydration mechanism can be written as 
clay (kaolinite) = aluminosilicate + quartz + water, (4) 


or, 


Al 2 Si 2 0 5 (0H) 4 = Al 2 SiO s + Si0 2 + H 2 0. 

The dehydration process creates water but no soluble ions in solution. 
Thus the reactions are not “mirror images”; some materials is always displaced 
from solids into solution in clay forming reactions. Reaction (3) is not equiva¬ 
lent to reaction (4). Therefore, the origin of clays is in water and their destruc¬ 
tion creates water; however part of the material of the initial anhydrous 
mineral from which the clay forms is lost to the altering solution. 

The altering aqueous solution finds its way, most often, into the ocean 
where there is a large pool of dissolved ions derived from the alteration of 
silicate minerals into clay minerals. The ions of greatest abundance are Na, K 
and Ca. This transfer of material from one geologic environment, crystalline 
rocks, to another, soils or clay deposits and aqueous solution, is a fundamental 
process which is very important to an understanding of geological processes at 
or near the Earth’s surface. In this surface environment (aqueous and low 
temperature) strong chemical segregations occur which effect redistribution of 
material from one place to several others. Sediments and sedimentary rocks, 
which are the solids resulting from alteration, tend to have compositions with 
few elements present. For example, carbonate rocks have high Ca concentra¬ 
tions, whereas sandstones are often over 90% Si0 2 , and highly evolved soils 
tend to concentrate A1 and Si. 

Although the chemical necessity of exchange of hydrogen for mobile 
mono- and di-valent ions is the motor of clay formation at the Earth’s surface, 
the process operates at different rates under different climatic conditions, and 
is very often not fully achieved before erosion strips off the partially reacted 
material. Sediments are most often a mixture of different phases in different 
states of chemical equilibrium with each other. The amount of chemical 
change is governed by the two determinant factors in reaction rate: time and 
temperature. The higher the temperature, the faster the reaction proceeds and 
the lower the temperature, the slower the reaction. Transformation of clays 
and other metastable materials such as amorphous silica on the ocean bottom 
(4°C) is very slow. 

The range of temperatures in which clays form is from 4°C (ocean 
bottom) to approximately 400 °C (under short thermal pulses during 
hydrothermal alteration). The time spans can range from hours (laboratory 
experiments and intrusions) to hundreds of millions of years (burial 
diagenesis). Since time is a factor, the reaction rate is critical and the relative 
stability, or instability (distance from thermodynamic equilibrium), are the 
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factors which determine the limits of the clay environmental conditons. Stabil¬ 
ity, and the rate of reaction or the time necessary for it to be achieved, is 
important for problems regarding burial containment, e.g. nuclear waste de¬ 
positories. If clays are used in containment structures, they must maintain 
their physical and chemical characteristics (remain stable) during periods of 
time of up to a million years, in order to protect the future of humanity and to 
a certain extent that of other species present. In regard to soil formation, clays 
can form from rock fragments in hundreds of years and can form, or be 
destroyed, in clay-rich samples in a similar time span. Thus the regeneration of 
clays at the Earth’s surface is a process which can take place on the time scale 
of human life. 

The process of hydration of solids, clay formation, occurs at the earth’s 
surface, but it is slow. This slowness means that some material is left in an 
“unfinished” state, and is not in equilibrium with its fellow particles. This gives 
the potential for transformation of altered products that is of the greatest 
importance when dealing with clays. In a soil, one finds clay minerals formed 
in place, one finds old but partially altered minerals from the parent rock and 
one finds some original minerals in an un altered state. This aggregate material 
has a high capacity for change, and it will continue to react if given enough 
time. Thus sediments have a high reaction potential, both in their initial sites 
of deposition and as they are buried and their ambient temperature increases. 

If one changes the chemistry of the ambient soil or surface materials, for 
example by introducing an alkaline or basic solution into their milieu, there 
will be a high potential for mineral change. All the more so if the initial 
materials are only partially reacted. Thus in pollution problems involving 
chemical material there will be a high potential for change in the clay miner¬ 
alogy of the surface material. Chemical spills in soils will certainly cause 
change to the minerals present and hence their physical behavior. This change 
can be hastened by changing the temperature of the system. Thus the stability 
and reaction rate of clay mineral formation is of the greatest importance in 
environmental problems. 

The geologic causes of clay mineral formation are temperature change in 
chemical change. The different environments of clay mineral origin will be 
considered in much greater detail in the chapters that follow. However, one 
should first have a working idea of the mineralogy (chemical composition, 
crystal structure, and physical nature) of clay minerals, and this is found in the 
chapter which follows. 
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2.1 Introduction 


Clay minerals were initially defined on the basis of their crystal size. They were 
determined as the minerals whose particle diameters were less than 2 pm. This 
limit was imposed by the use of the petrographic microscope where the small¬ 
est particle which could be distinguished optically was of this size. Clays were 
essentially those minerals which could not be dealt with in a conventional 
nineteenth century manner. Chemical analyses were nevertheless made of fine 
grain size materials, most often with good results. However, the crystal struc¬ 
ture and mineralogical family were only poorly understood. This was mainly 
due to the impurities present in clay aggregates, either as other phases or in 
multiphase assemblages. Slow progress was made in the early twentieth cen¬ 
tury, but the advent of reliable X-ray diffractometers allowed one to distin¬ 
guish between the different mineral species found in the <2 pm grain size 
fraction. Today we know much more about clay mineral XRD (X-ray diffrac¬ 
tion) properties; perhaps too much at times. 

In this introductory chapter, we wish to give an overview of the critical 
properties found in clay minerals in terms of the causes of these properties. 
This is the most important aspect of clay mineralogy and is crucial to the 
understanding of clays in nature. The chemical, internal structure of a clay 
mineral gives very specific characteristics of chemical reactivity. The small size 
and specific crystal shape give rise to other properties which are more physical. 
Both contribute to an interaction of the clays with their environment which 
make them important actors in interactions concerning the biosphere. Clays 
are, at the same time, physically and chemically active. They combine 
with water to make pastes, slurries and suspensions, by attracting water 
molecules to change their effective physical particle size. Clays take various 
chemical substances (ions or molecules) onto their surfaces or into the 
inner parts of their structure, so becoming chemical agents of transfer or 
transformation. Clays can easily exchange these ions or molecules for others 
given the correct chemical potential of the solution, or they can promote such 
reactions as hydrogenation. One can see that clays are extremely active and 
therefore should be studied with care in their role in the Earth’s surface 
environment. 
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The path to understanding clays is, we believe, through a study of their 
different properties, chemical or physical. The methods of study (X-ray dif¬ 
fraction, thermal stability, and infrared spectroscopy among others) are almost 
as complicated as the subject they attempt to study. This is due to the small size 
of the objects which we wish to investigate which makes them obscure to 
normal visual investigation. The strong reliance on several different methods 
of investigation to determine the properties of a clay sample, tends to give us 
a composite understanding of the object. This is because not all of the proper¬ 
ties of a given clay mineral are understood from each of the identification 
methods. Thus, the diagnostics for one clay mineral group using a particular 
identification method are different from the diagnostics for the same group 
using a different method. Such is the situation of science in the late twentieth 
century. 

Much of our knowledge of clay minerals has been obtained using a specific 
analysis protocol which has not always been correlated thoroughly with results 
obtained by other methods used to determine other properties of the same 
types of particles. Hence, in the study of clay minerals, the determined prop¬ 
erties and reasons for these properties are not always coherent. Thus the 
means is not always the message. For this reason, we will look at clays using a 
step-wise approach: first we will examine their intimate being (atomic struc¬ 
ture and chemistry), then we will look at the properties revealed by different 
analysis methods currently in use. 

Studies of clays properties can be divided into three major groups. 

1. The physical properties of particle shape and the consequent surface areas 
which give particle “swelling” in aqueous solution. 

2. The crystallographic structure and the disposition of the constituent atoms 
in a clay crystal. 

3. The mineral families determined by chemical substitutions in the structures 
which gives rise to the chemical interaction of clays and other substances. 


2.2 Physical Properties of Clays 


2.2.1 Particles and Shapes 

2.2.1.1 Something About Clay Particles 

As mentioned above, clays are fine-grained minerals with particle diameters of 
<2 pm. This is the definition of a clay mineral, given in the nineteenth century, 
which applies to materials beyond the resolution of the optical microscope. 
This definition was not just one of ignorance; petrographers and mineralogists 
in those long-forgotten times were aware that there were entites beyond their 
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Fig. 2.1. Representation of the change in surface with respect to volume for different grain shapes. 
Sphere, cube and sheet (with dimensions of 1 x 1 x 0.1 for the sides) are represented by the diameter 
(the greatest dimension within the volume of the element) and the ratio of surface to volume 

power of identification. They saw that individual particles existed in the 
submicroscopic range, but they could not deal with them in a systematic 
manner as was possible for minerals of larger size. Thus the name “clay 
mineral” came into use to describe submicroscopic but crystallized material. 
As it turns out, most of the silicate minerals of this grain size found in nature 
have some very special mineralogical characteristics in common, and hence, a 
posteriori the choice of this name for a mineral group is very useful. However, 
it should be remembered that not all mineral grains in nature below the <2 pm 
range are of the same mineral type. Non-clay minerals, such as quartz, carbon¬ 
ates and metal oxides, can often form 10-20% or more of a naturally occurring 
clay-sized assemblage. 

The small grain size of the clay crystals automatically gives them a special 
property; they have a large surface area compared with the volume of the 
particle. In general, the relative surface area of a grain increases as the diam¬ 
eter decreases (Fig. 2.1). 

The properties of clays are in fact dominated by their surfaces. If the clay 
particles are not chemically active, i.e. charged electrically, they will behave 
much as other minerals of the same grain size and shape. However, the 
minerals most commonly called clay minerals have the particularity of being 
sheet-shaped (hence the name phyllosilicate). This means that they have even 
more surface area than other minerals of the same grain size but which tend to 
be cubes or spheres in their fine-grained state. The ratio of thickness to length 
for sheet-shaped clay particles is normally near 20, which is very large. This 
makes the surface area of a clay particle nearly three times that of a cube of the 
same volume. Thus, no matter what its specific surface properties, the surface 
of a clay mineral crystal is of great importance. 

Clays minerals can be divided into three groups on the basis of particle 
shape: 

flakes : sheets of equal dimension in two directions and a thickness of 1/20 in 
the other. 

laths : sheets of a linear aspect where the width is great in one direction and 



Composition and Mineralogy of Clay Minerals 


11 



much less in the other. The thickness is always much less than the other two 
directions. 

needles : two directions are similar in dimension whereas the last one is much 
greater. These are rare. 

The shapes are shown in Fig. 2.2. 


2.2.2 Clays and Water 

Small mineral crystals have a very special effect on water molecules. The 
mineral surface attracts the polar water molecules through weak charge forces, 
and the crystals are covered by several layers of weakly bonded water mol¬ 
ecules. These clay-water units change the physical properties of the aqueous 
solution. They “thicken” it, changing its viscosity. Thus the combination of 
minerals and water forms a material with a special state. The action of mixing 
small mineral particles into an aqueous solution is that of mixing dust and 
water to make mud. Any silicate mineral, the stuff of surface geology, will 
attract water molecules. Other mineral species, such as quartz or calcite, also 
exhibit this behavior. The large surface area compared with the small grain 
size is the determining factor which makes a plastic material such as mud. 

In Fig. 2.1 one can see the difference in the relative surface area for 
different grain shapes such as spheres, cubes and sheet structures. The relation 
between particle diameter and the ratio of surface to volume (units squared 
divided by units cubed) varies greatly for the different particle shapes. The 
sheet structure, with the same width-to-length ratio but a thickness of only one 
tenth its length, has a very large surface-area-to-volume ratio which increases 
greatly as particle size (diameter) decreases. 

However, the special sheet-like structures of clays allow them to be com¬ 
pacted more densely than minerals with other shapes since they can be stacked 
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Fig. 2.3. Hydration states of clay minerals indicat¬ 
ing a basic 2:1 layer plus a layer of water formed 
around an exchange cation. The thickness of the 

L combined material is indicated for each state of 

10 A dehydrated . 2 

“hydration”. Distances given are in angstroms (A) 
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1OA Clay Layer 


12.5 A hydration 
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1 OA Clay Layer 


15.2 A hydration 


very closely in parallel layers with large surfaces facing one another. This is not 
the case for spherical particles for example. More isometric shapes leave a 
significant pore space (up to 40% for spheres), whereas well-stacked sheets 
leave little pore space. Thus, mudstones (compacted clays), owing to pressure 
effects, where water is expelled by pressure, have a lower porosity than rocks 
comprising particles of other shapes, such a sandstones. 

Some clay minerals have a special property which allows them to incorpo¬ 
rate water molecules into their structure. This water changes the dimension of 
the clay particles as it goes into or out of the clay structure. These are called 
expanding or swelling clays. The other clays are called, by symmetry, non¬ 
expanding or non-swelling clays. The incorporation of water molecules into 
the clay structure is quite reversible under atmospheric conditions, being 
directly related to the ambient water vapour pressure and temperature. The 
more humid the air, the more water can be found in between the silicate layers 
of the clay structures. In the tropics, for example, the expanding clays will tend 
to be constantly hydrated, whereas those in deserts will only occasionally be 
hydrated or swelled. 

The importance of this swelling is shown in Fig. 2.3. Swelling clays have a 
basic silicate structural sheet layer of 10 A. The water introduced around a 
hydrated cation (usually with a 1 + or 2 + charge) forms either a two-layer 

o 

structure of 5.2 A thickness or, under less-humid conditions or higher tempera- 

o _ 

tures, a layer 2.5 A thick. Extreme hydration can produce a more ephemeral 
17 A three-layer structure. In aqueous solution one can form, at times, 19.5 A 
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structures. All in all, hydration can vary the volume of a clay particle by 95%. 
If your house is built on expanding clay, you had better be sure that it is either 
constantly hydrated or constantly dehydrated! 


2.2.3 Clays in Water 


2.2.3.1 Mixtures of Water and Clays 

The importance of particle shape and size is that water molecules are strongly 
attracted to mineral surfaces. As indicated above, a water layer several mol¬ 
ecules thick forms at the clay-water interface. Let us look at this interaction 
from the two ends of the spectrum: (a) water-clay mixtures and (b) clay- 
water mixtures. 

(a) When clays are added to an aqueous solution, there is a gradual 
change in the structure of the water solution as the clay particles become more 
abundant. As more of the water itself is associated with the clays on surface 
layers, the bulk properties of the solution are modified; a slurry (suspension of 
clays in water) is formed which becomes viscous in proportion to the amount 
of clay present. The clay suspension densities the aqueous solution and in¬ 
creases its viscosity. If other molecules, organic or inorganic, are associated on 
the clay surfaces, the clay acts as a carrier, keeping the other molecules 
homogeneously dispersed in the suspension. In modern industry, for example, 
clays are used to produce paint matricies, in which the pigment is dispersed 
and held in suspension by the clay particles. 

(b) From the other end of the spectrum of physical properties, when 
one adds water to a clay powder, the clay picks up the water and distributes 
it around the particles. When relatively little water is present, and the clays 
are just covered with water layers, the result is a cohesive but plastic 
mass. The weak cohesive forces of these aggregates allow the particles to 
slide over one another, giving a certain plasticity, and the mixture is often 
called mud, at least by children. The properties of mud are well know to any 
potter and the plasticity of clay-water mixtures formed the basis of the 
first industries humans developed, those of ceramics and pottery. The easy 
absorption of the water allows one to model the resulting plastic material. 
Progressive drying leaves a coherent, solid material of another shape which 
when heated violently can be transformed into a useful rigid solid, such as a 
plate or mug. 

The greater the surface area of a clay particle compared to its volume (i.e. 
sheet > lath > needle), the more the surface properties will be apparent in 
those of the aqueous mixture. 

The two extremes of clay-water mixture proportions are useful to us in 
different manufacturing processes, from making bricks to applying the paints 
to color their surfaces. 
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Fig. 2.4. Clay settling illustrated by the 
effect of different size fraction materials set¬ 
tling in a water-filled beaker. The settling 
time is a few minutes 


PARTICLE SETTLING IN AQUEOUS SOLUTION 



Fig. 2.5. Clay transport illustrated as a function of topographic relief. Streams in mountainous 
areas tend to deposit gravel (the coarse fraction) while lakes and streams on the flatter areas 
deposit sand and clay. The edges of great bodies of water are characterized by sand deposits near 
shore and clay deposits far shore 


2.2.3.2 Clays in Water and Transport 

A second important property of small particles is their ability to stay in 
suspension due to thermal agitation (Brownian motion). Small quantities of 
clay particles of <2 pm stay in aqueous suspension for many hours due to their 
small size. The time for which they remain in suspension is augmented by a flat 
shape which keeps them from falling rapidly, rather as a sheet of paper 
behaves when taken up in the air on a windy day. Again the large surface area 
of clays plays a part in their physical properties. The suspension of clay 
particles in aqueous solution tends to separate them from other minerals of the 
same grain size which do not have the sheet shape. The effect of particle size 
is shown diagrammatically in Fig. 2.4, in which particles of different sizes have 
been thrown into a beaker of water and settling has occurred for several 
seconds or minutes. This effect causes clays to be transported in aqueous 
suspension in preference to the other minerals of larger grain size and, as a 
result, the aqueous suspension preferentially moves clays from one area to 
another (stream flow, ocean currents) as shown in Fig. 2.5. The sedimentary 
deposits in mountain streams tend to be dominated by the heaviest particles. 
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Rivers depositing sediments on hills and plains tend to leave sand-dominated 
sediments, and oceans and lakes tend to have clay-rich sediments. Therefore 
clay particle size is important to the properties of an aqueous solution as well 
as the distribution of clays in a geological landscape. The transportation of 
clays over great distances tends to concentrate them as sedimentary layers 
which become shales upon deep burial in sedimentary basins or simply mud 
layers in lake sediments or along estuarine zones. 

In summary, clay minerals are of small particle size. This gives them a 
large and highly reactive surface when in aqueous suspension. Mixtures of 
clays and water increase the viscosity of the solution with clays remaining in 
suspension for long periods of time. 

The importance of the particle size, shape and composition is carefully 
dealt with in Section 4.3.3.2. 


2.2.3.3 Exchange of Ionic Species (CEC) 

A very important property of clay surfaces is their chemical activity and their 
interaction with ions in aqueous solution. In these solutions one almost always 
finds dissolved species. These are normally composed of charged ions or 
molecular species which can be attracted by a charged surface and adsorbed 
onto the surface. Clays have this charged surface. In some species of clays the 
activity of the surface (surface charge) is increased by a sort of internal surface 
into which charged ions or molecules can find their way. These ions are 
absorbed by the clays into internal crystallographic sites. The absorbed 
ions are normally accompanied by water molecules, expanding the clays, when 
in aqueous solution. In this way the chemical action of the surface area 
is increased greatly, by a factor of 25 or more! Figure 2.6 indicates the situa¬ 
tions in which cations and water molecules can be attracted to clay mineral 
particles. 
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Fig. 2.6. Absorbed-adsorbed 
ions on clay and the site of 
their fixation on clay particles. 
Adsorbed ions are found 
within the structure (between 
the layers of the mineral 
structure) whereas the 
absorbed ions are found on the 
surface of the particle 
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The property of adsorbing and absorbing ionic species in solution is called 
cation exchange capacity (CEC). This capacity is measured in terms of the total 
number of charged ions which can be fixed onto the surfaces of clays. The 
measurement is that of the number of moles of ionic charge fixed on 100 g of 
dry clay. The values are expressed in milli-equivalents of charge (moles)/100 g. 
The reason for this strange measurement is that such values are often deter¬ 
mined for bulk clay or soil samples where one has a mixture of clay and other 
phases present. If one is dealing with a pure species, it is easier to determine 
the molecular weight of the mineral and determine the number of moles of 
charged ions present with respect to a mole of clay. However, in mixed- 
mineral systems, only a general, bulk value can be determined, and hence 
milli-equivalents/lOOg. Often the CEC is expressed in meq (milli-equivalents) 
without any reference to the other units of measure. 

If the ions or charged molecules in solution can be attracted to the clay 
surface, a sort of selection process will operate when more than one species is 
present in the aqueous solution. The more, proportionally, an ion is present in 
solution, the more of it will be on the clay surface (law of chemical mass 
action). However, the attraction of the ions onto clay surfaces (internal or 
external) is not the same for all species. There is also a selection between 
different species of ions available or present in solution. Some are more 
strongly attracted to the clay surfaces than others. This selection effect 
depends upon the species of clay and its chemical constitution, as well as the 
affinity of the ions to remain in a free hydrated state in the aqueous solution. 
The composition of the aqueous solution, i.e. the concentration of ions in 
solution, can affect the attraction for clay sites as well. When an ion is held on 
a clay (adsorbed at the surface or absorbed within the clay) and displaced by 
another due to a change in its aqueous concentration, the ion is desorbed. If 
the desorbed ion is replaced by another ionic species introduced into the 
aqueous solution, it is exchanged. The process is known as ion exchange. For 
simple ionic species in solution, these relations are known as cation exchange. 
The normal laws of mass action are active in the exchange process. The 
differences or deviations from the ideal one for one exchange (exchange being 
in direct proportion to the quantity of that ion available for exchange) are of 
great importance, being the subject of many studies. The selectivity, i.e. 
preference of the clay for one dissolved species over another, is of great 
importance to the fate of material as it passes in contact with clays. Some ions 
are specifically selected onto the clays above their concentration ratio in 
solution, and hence the clays can be used to capture a specific ion in solution 
relative to other ions present. This effect is cation selectivity. 

It should be mentioned here that not only cations in aqueous solution 
can be fixed on the clay surfaces or in internal sites. Organic molecules 
are often found to be attracted as absorbed or adsorbed species. Clays can 
be vehicles for transport of organic molecules. These properties can lead 
to very interesting situations in problems of waste hazards as one might 
expect. 
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The importance of CEC, exchange species and selectivity concerning clays 
in the sedimentary environments is dealt with in detail in Sections 4.3.6.1 and 


4.3.6.2. 


2.2.4 Summary 

The interaction of clays with aqueous solutions and ions or molecules in 
solution, due to the surface properties of the clays, is very important. These 
surface properties play a role in the physical properties of solutions. Also, 
water modifies the properties of the otherwise dry clays to form a special 
material with great plasticity. Clays are easily transported by suspension in 
water and become concentrated in special geologic surface environments. The 
chemically active clay surfaces allow clays to transport other molecules or ions 
with them in the aqueous suspension as the clay particles are transferred by 
water movement. If the clays are fixed in place, as they are for the most part 
in soils, they play the role of filters as aqueous solutions pass through the soil 
in contact with the clays. Different ionic or molecular species are retained or 
released as aqueous solutions pass through the soils. 

One can imagine the types of role that clays have in the Earth’s surface 
environment. Absorption of ions or molecules in stream water, for instance, 
controls the chemical activity of these species as they interact with plants or 
animals. Such a control could mean life or death for fish or plants in contact 
with this surface water. 


2.3 Crystallographic Structure of Clay Minerals 


Clays are called phyllosilicates. This name is given because in most cases 
their grain shape is that of a sheet, it is much thinner than it is wide or long. 
This aspect has a fundamental cause. The inner structure, the bonding 
direction of the constituent atoms, is such that the strong forces are essentially 
in a two dimensional array. The stronger the bond the more tightly the atoms 
are held and, conversely, the weaker the bond the more likely it will be 
broken. Thus, because the bonds are easily broken in only one direction, a 
sheet structure results. Also, when the crystals are growing, they tend to grow 
faster in the strongly bonded direction and the result is the same as that for 
bond breaking, the extension of the crystal is essentially in two dimensions. 
The thickness compared to width and length in phyllosilicates is often about 
1 to 20. 

The ionic bonding in clays is highly covalent, roughly half of the ions 
present are oxygen, and, among the cations, silicon and aluminum are the 
major constitutents. These ions form highly covalent units which are com- 
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Fig. 2.7. Illustration of 
the silica tetrahedral 
configurations of 
oxygen ions coordinated 
to a silicon ion and the 
linking of silica 
tetrahedra among 
themselves. Illustration 
is a section in one plane 
surface 
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monly interlinked into what is called a network. The network is in fact the 
series of ions (cation and anion) linked by highly covalent bonds. 


2.3.1 Tetrahedra 

The networks of clay structures are built of interlinked polyhedra composed of 
oxygen anions and silicon, or frequently aluminum, cations. The majority of 
cations are silicon and hence the name silicates is given to clays and the other 
major earth forming minerals. The number of oxygens which can surround a 
silicon ion, for reasons of bonding orbital geometry and ionic size, is four. The 
resulting oxygen-defined polyhedron is a tetrahedron. The strongest character¬ 
istic of these coordination polyhedra is the interlinking through oxygen shar¬ 
ing. Figure 2.7 shows these relations. 

In order to maintain electrical neutrality, the charge of the cations in the 
tetrahedral linkages should be equal to that of the linked oxygens. The positive 
cationic charge for silicon is four. This value is less than the total negative 
charge of the four coordinated oxygens, which is eight. This situation is possi¬ 
ble due to the fact that each of the oxygens is shared with another cation. The 
oxygens are shared between tetrahedra in the x-y (a-b crystallographic direc¬ 
tion) as well as the z direction as we will see later. Hence, only a part (one half) 
of their charge is compensated by cations within the coordination polyhedron 
itself. 

In sheet silicate layers the linking (oxygen sharing of silicon atoms) for the 
tetrahedra is restricted to a planar array, i.e. no tetrahedral linking in the z 
direction, only in the x-y directions. This x-y linkage forms the model for the 
sheet, phyllosilicate, structure. It is assumed that all of the tetrahedral sites are 
filled by cations in the clay structures. 
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In a diagramatic representation of the tetrahedral units a triangle is usu¬ 
ally used. This is shown in Fig. 2.7 by a dashed line, with the bonding of the 
silicon ions with the oxygens shown by a solid line. 

2.3.2 Octahedra 

Aluminum, magnesium or ferrous iron ions, for reasons of coordination, or¬ 
bital directions and ion diameter, form polyhedra with 6 oxygens instead of the 
4 oxygens found in the silica polyhedral structures. These are octahedrally 
coordinated polyhedral units (defined by the oxygen anions). This is shown in 
Fig. 2.8. The larger circles represent anions; either oxygens or hydroxyls. 

Unlike the tetrahedra, in the octahedral linkages the number of cations 
can vary between two and three. For example, one could have 3 Mg 2+ ions 
present or 2 Al 3+ ions in the octahedral sites. The basic requirement is that a 
total positive charge of six be present for the three possible sites. When three 
ions are present, the structure is called trioctahedral , and when two cations are 
present, it is called dioctahedral. These two types of octahedral occupancy are 
fundamental to the classification scheme for clay minerals. 

The diagramatic figure for the octahedral polygonal unit is usually a 
diamond (dashed line in Fig. 2.8). This indicates the complex 6-fold coordina¬ 
tion of the octahedrally coordinated cations. The anions are not exclusively 
oxygens but also hydroxyl groups. 

2.3.3 Layer Structures Through Linkage 

In clay mineral structures, the tetrahedra do not occur alone. Pure silicon- 
oxygen structures form three-dimensional linkages, not the two-dimensional 



oxygens and hydroxyls 
octahedrally coordinated cation 
oxygens and hydroxyls 


octahedral coordination 



octahedral linkage 


Fig. 2.8. Representation of 
oxygen-cation coordination 
in an octahedrally 
coordinated polyhedron and 
the linkage of these 
octahedra into a sheet unit 
or layer 
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oxygen 


oxygen and 
hydroxyl 

oxygen 



Fig. 2.9. Tetrahedral octahedral linkages through shared oxygens. Checkered ions are those 
shared between the two layers of different coordination polyhedra; tetrahedral and octahedral. 
Tetrahedra are represented by triangles and octahedra by diamonds in Figs. 2.7 and 2.8 


sheet structures of phyllosilicates. Further, the octahedrally coordinated layers 
are rarely found alone. In most clay structures the tetrahedral layers and 
octahedral layers are linked together in the sheet structure. These sheets have 
two or more layers of tetrahedra and octahedra. The linkage between polyhe¬ 
dral types, tetrahedra to octahedra, is done through a bridging apical oxygen. 
This oxygen sharing occurs in the z direction of the structure. It is possible to 
link the layers of octahedra, which are linked between themselves, to layers of 
silica tetrahedra. When layer linkage occurs, the most common case for clay 
minerals, upper oxygens of the octahedral units are shared with tetrahedra. 
The oxygen of a tetrahedron which is shared with an octahedron is obviously 
one which is not already shared with other silica tetrahedra. The silica tetrahe¬ 
dra have upper oxygen ions which are shared with tetrahedral units and lower 
oxygen ions shared with octahedral ions. This linkage is shown in Fig. 2.9. 
The checkered ions are the linking oxygens shared between tetrahedra and 
octahedra. 


2.3.3.1 Repeat Distances 

The tetrahedral and octahedral units, when interlinked to form a sheet, have 
a given and constant thickness which is called thickness of the fundamental 
sheet structure. The thickness of the tetrahedral layers is considered to be 
3.4 A and the octahedral layers are thinner. Of course, when one layer is 
interconnected to another through a shared oxygen atom, the combined thick¬ 
ness of the two will be less than the sum of the two individuals. The combina¬ 
tions seen in natural minerals are as follows: 

tetrahedral + octahedral layer = 7 A unit layer, a 1:1 structure, 
two tetrahedral + octahedral layer = 10 A unit layer, a 2:1 structure, 
two tetrahedral + two octahedral layers = 14 A unit layer, a 2:1 + 1 
structure. 

Within the structures, the di- and trioctahedral character (occupancy of the 
octahedral sites by two or three ions per unit cell) can be recognized by 
observing the b crystallographic dimension. This is found commonly by meas- 
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uring the 060 peak position (using X-ray diffraction). The following results are 
obtained: 

o 

dioctahedral minerals have a 060 reflection near 1.50 A, 

o 

trioctahedral minerals have a 060 reflection near 1.53-1.54 A. 

The repeat distances from one type of unit layer to the next, or layer thick¬ 
nesses, are the fundamental means of identifying clay mineral species. The 
structural dimensions in the directions in the plane of the sheet (<a and b 
crystallographic directions or x-y normal coordinates) are used much less 
frequently. These layer thickness dimensions can be measured by X-ray 
diffraction and electron microscopy. 

The configuration in the dashed-line portion of Fig. 2.9 is used commonly 
in texts on clay minerals to show the structure of the linked units. A triangle is 
used as a symbol for a tetrahedral unit and a diamond for an octahedral unit. 

It is also possible to label a composite linked layer using its tetrahedral and 
octahedral layer content, and represent the structures by parallel lines. In the 
short hand of clay mineralogists, the 7 A tetrahedral-octahedral structure is 
called a 1:1 structure, the two-tetrahedral-octahedral structure a 2:1 structure 
and the two-tetrahedral-two-octahedral layer structure a 2:1 + 1 structure. 
This is schematically shown in Fig. 2.10. The reasons for this nomenclature will 
become a little more clear further on in the chapter. 

A further complication, but a minor one, is the possibility of stacking the 
layer units, 7 or 10 A layers, one-on-another in different ways giving different 
crystallographic structures at greater-than-layer distances. This effect is called 
polymorphism. The units are of the same structure and composition but they 
give a different internal “morphology” to the aggregate crystallite. Such 




10A 


14A 


Fig. 2.10. Block diagrams of mineral types according 
to the combination of octahedral and tetrahedral coor¬ 
dinated sheets 
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polymorphs can be useful to distinguish different thermal origins for the same 
mineral phase. 

In summary, the basic structural units of clays are silicon ions tetrahedrally 
coordinated to four oxygen ions, and aluminum or Mg, Fe ions octahedrally 
coordinated to six oxygen ions. The basic units share oxygen atoms in an array 
that links them to form sheet structures. Tetrahedra are also linked to octahe- 
dra to form a basic sheet structure. The combinations are 1 tetrahedral layer 
and 1 octahedral layer = 7 A thick unit layer, 2 tetrahedral and 1 octahedral 
layers = 10 A thick unit layer, 2 tetrahedral + 2 octahedral layers = 14 A. The 
occupancy of the octahedrally coordinated site by either two or three ions 
determines another parameter for classification of clay minerals. The identifi¬ 
cation of the tri- or dioctahedral character is generally made by observing the 
060 reflection which gives a peak near 1.50 A for dioctahedral minerals and 
near 1.53-1.54 A for trioctahedral minerals. 


2.3.4 Crystalline Water 

If only octahedrally coordinated cations are present in a structure, hydrogen 
ions are associated with the oxygens which form the coordination polyhedra. 
The hydrated, octahedrally coordinated mineral will be gibbsite, with trivalent 
aluminum ions and hydroxyls, or brucite with divalent magnesium. If the “top” 
or “bottom” oxygens are linked to a tetrahedral layer, as described above, 
through a shared oxygen anion, the number of hydrogen ions decreases. The 
octahedra bring hydrogen ions to the phyllosilicates; however only a portion of 
the upper layer ions are hydroxyl, the others being linked oxygens to the silica 
tetrahedra. If none of the oxygens are linked to another polyhedron type 
through apical ions, the oxygens are bonded to hydrogen ions forming a 
hydroxyl (OH) ion complex, and the whole octahedral unit is hydrated, i.e. 

(Al) 2 (OH) 6 = the one-layer mineral gibbsite. 

If the upper oxygen anions of the octahedra are linked with silica tetrahedra to 

o 

form a two layer clay structure (7 A), the number of hydroxyl ions compared 
to cations decreases to give 

Si 2 (Al) 2 0 5 (0H) 4 , as in the two-layer mineral kaolinite. 

There are still hydroxyl units in the upper portion of the octahedral unit, which 
are not linked to the tetrahedra. If both the upper and lower cations of the 

o 

octahedra are linked to silica tetrahedra, the resulting structure (10 A) has 
even less hydrogen ions per cation, i.e. 

Si 4 (Al) 2 0 

10 (OH) 2 , as in the three-layer mineral pyrophyllite. 

The decrease in hydrogen for a constant number of octahedrally coordinated 
ions (two aluminum ions in the cases cited here) shows that with an increase in 
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layer linkage, i.e. more tetrahedral layers, the water content in the crystalline 
structure of the clay mineral decreases. 


2.3.5 Chemical Substitutions in the Structures 

2.3.5.1 Charge on the Unit Cell for Different Layer Types 

It is possible to look at the ions and charge balance in a clay mineral either by 
considering the cations or the anions in a given portion of the structure. For 
example, one can consider the tetrahedral unit either as a silicon cation sur¬ 
rounded by oxygens or as four oxygen anions enclosing a silicon ion. In most 
chemical structural formulae for minerals, both the cation and anion content 
are given. The charge on both must match. Normally the cations are listed first 
(positive charges) and then the anions. For example kaolinite, a 7 A 
dioctahedral mineral is given as A^S^C^OH^. The cations (two Si and two 
A1 cations for a total charge of 14) are balanced by five oxygens and four 
hydroxyls of the same total negative charge. In fact the negative, cationic, 
charge is used to determine the total cationic charge when one calculates a 
structural formula. Anionic charge is a given, stochiometric constant in dealing 
with chemical determinations of mineral formulae. 

The standard structurally linked phyllosilicate units of 7,10 and 14 A are 
given as follows (unit = oxygens/unit cell layer): 

7 A = O s (OH) 4 = 14 e_ 

10 A = O 10 (OH) 2 = 22 e ~ 

14 A = O 10 (OH) 8 = 28 e ~ 


23.5.2 Charge on Ions in a Given Coordination Site 

Tetrahedra 

Each cationic layer in a layer structure has a given charge per unit cell, e.g. the 
tetrahedral unit has a charge of +4 per site. In the silica tetrahedral unit each 
oxygen is shared with two cationic polyhedra, due to linking. This diminishes 
the average charge on each oxygen for a given cation bonding by a factor of 
two. Instead of an oxygen anion with a charge of two, each oxygen has a charge 
of one for a given silicon ion. This gives a total charge of four for the four 
oxygens of a potential negative charge of eight. Each tetrahedra is shared on 
average twice. It is assumed by convention that all of the silica tetrahedra are 
occupied in all clay structures, and that there are no hydrogen ions associated 
with the linked oxygen ions of the silica tetrahedra. Thus the layer charge is 
zero when all sites are occupied by silica. 
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Octahedra 

The octahedral cation sites have a total charge of +2 per site. In the octahedra 
there are six anions, either oxygens or hydroxyls. These anions are arrayed in 
two layers encompassing the octahedral cations. A significant proportion of 
the anions in the octahedra are hydroxyl units. 

The combination of octahedral and tetrahedral linkages into sheets of 
strongly linked cations gives rise to sheet structures characteristic by their 
thickness, i.e. the number and type of tetrahedral or octahedral layers linked 
into a sheet. Figure 2.10 shows the resulting sheet structures as they are formed 
by the linking of different combinations of tetrahedral and octahedral layers. 
For example, one octahedral layer and one tetrahedral layer form a sheet 
structure of 7 A thickness. One octahedral layer between two tetrahedral 
layers gives a 10 A thick structure and a tetrahedral-octahedral-tetrahedral 
plus hydroxy-oxide layer gives a 14 A structure. The latter structure is often 
called a 2:1 + 1 structure. These are the basic units of clay mineralogy, the 
thickness of the sheet structures; 7, 10 and 14 A. 

2.3.5.3 Substitutional Types 

Constant Charge (Solid Solution) 

As in most natural minerals, different elements can be found in the two types 
of sites described above. Such a continuous array of compositions is called 
solid solution , referring to the gradual change in composition possible without 
abrupt gaps. For example, aluminum can substitute for silicon in the tetrahe¬ 
dral site and for iron or magnesium in the octahedral site. The major consid¬ 
eration in such substitutions is that of ionic charge balance. If an ion of the 
same charge is substituted into a site, no other compensation is necessary. For 
example if Mg 2+ substitutes for Fe 2+ , because they are both divalent no other 
compensation is necessary in the structure: 

Mg 2+ + Fe 2+ + Fe 2+ = Fe 2+ + Fe 2+ + Fe 2+ 

( 6 +) ( 6 +) 

Figure 2.11 shows substitutions of ions having the same charge in the same 
structural site (homo-ionic). 




Fig. 2.11. Substitutions of ions having the same charge in the same structural site (homo-ionic) 
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Charge Imbalance Substitutions 


Ionic substitution of cations with non-equivalent charges into one co¬ 
ordination layers of the clay structure (tetrahedral or octahedral) often 
necessitates a compensating substitution in another coordination layer of the 
structure. Charge imbalance is often compensated between the coordination 
layers. It can be compensated within the octahedral layer by changing the 
number of ions present. 

There are four types of charge substitution which can create charge 
imbalance. 


Constant Ionic Site Occupation 

If Al 3+ substitutes for Si 4+ in the tetrahedral site, a charge imbalance is created 
in the tetrahedral site and so another substitution of charge compensation 
must be made elsewhere in the structure in order to bring the oxygen network 
forming the coordination polyhedra into electrostatic balance. 

The ion pairs have a total of six charges thus the substitution conserves 
electrostatic charge balance on the clay structure. Subscript roman numerals 
are often used to indicate the type of coordination site. The value IV indicates 
tetrahedral coordination (four coordinated oxygens) and VI indicates octahe- 
dra (six coordinated oxygen ions). 

In such a substitution scheme, the tetrahedral and octahedral cations are 
brought into electrostatic equilibrium by means of having a substitution of 
lower charge in one site and a substitution of an equivalent higher charge in 
the other. It should be noted here that the substitution of one ion for another 
in the tetrahedral site is accompanied by the substitution of an equivalent 
number (one) in the octahedral site of the structure. The total number of ions 
in the structure is constant as in the first charge-equivalent substitution 
scheme. Figure 2.12 shows the tetrahedral-octahedral substitution scheme in a 
1:1 structure: 


Si 4+ + R 2+ = Al 3+ oct + Al 3+ tet. 




Fig. 2.12. Substitution in tetrahedral and octahedral layers, of 1:1 structure, of ions of different 
charge bringing the structure into electrostatic balance 
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Fig. 2.13. Substitutions bringing about an interlayer substitution. Each unit layer (2:1 in these 
examples) contributes to the charge imbalance which necessitates the insertion of a compensating 
interlayer ion 


Interlayer Substitutions 

It is possible to change the charge on a given cationic layer (tetrahedral or 
octahedral) and compensate the charge imbalance created by inserting an ion 
between the unit layers of the structure. This occurs only in the case of 2:1 
layer minerals, those having two tetrahedral layers and an intermediate octa- 
hedral layer. The basic interlayer distance is 10 A (see Fig. 2.10). 

If the substitution giving rise to the charge imbalance is in the tetrahedral 
site (for instance a substitution of Al 3+ for Si 4+ ) the resulting charge deficiency 
(-1 in this case) will be compensated by the insertion of an ion of balancing 
(+1) charge between the layers of outer tetrahedral oxygen sheets facing 
one another. Both tetrahedral layers (oxygens and cations) on either side of 
the interlayer site will have a charge deficiency. Figure 2.13 illustrates this 
situation. 


Non-Stochiometric, Di- and Trioctahedral Substitution 

Another type of substitution which changes the number of ions in the structure 
is one exclusively found in the octahedral site. This is a change of two to three, 
or vice versa in the number of ions present. It is possible to fill the three sites 
in the octahedral layer, which are included in a layer silicate unit cell, with 
either three divalent ions (3R 2+ ) or with two trivalent ions (2R 3+ ). In the first 
case we speak of a trioctahedral structure, in the second of a dioctahedral 
structure, referring to the number of ions found in the three octahedral sites. 
This is a major subdivision of the clay minerals, defining their composition and 
hence their origin. The trivalent ions (usually Al 3+ and Fe 3+ ) correspond to 
specific conditions of chemical potential, and hence form minerals under spe¬ 
cific geological and environmental conditions. The same is of course true of 
trioctahedral minerals. The substitution scheme is shown in Fig. 2.14. 

In clay minerals there is a lack of continuous substitution between the di- 
and trioctahedral minerals. This substitutional gap, or solid-solution gap, ere- 
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dioctahedral 


Fig. 2.14. Dioctahedral-trioctahedral substitution. Total charge is the same, but the number of 
ions varies thus giving rise to a non-stoichiometric substitution 


ates the fundamental mineralogical differences in most clays. There is almost 
no substitution of the trioctahedral structure into the dioctahedral minerals. 
The dioctahedral minerals have almost exclusively two cations in their octahe¬ 
dral site. However, there is significant substitution of dioctahedral ions (two 
per three sites) into the trioctahedral structure. The number of octahedral ions 
ranges from 3 to about 2.5 and about 2.0 in these structures. Thus the 
trioctahedral end of the series shows substitution but the dioctahedral pole 
shows very little if any. 

The di- and tri-octahedral nature of a structure can be detected using the 
crystallographic b dimension. This is most often observed as the 060 reflection, 
near 1.5 A. 


2.3.6 Substitutions and Mineral Species 


The substitution of different ions, one for the other, of the same or different 
charge, gives rise to what is called solid-solution-type chemical variation in 
clay minerals. This means that a continuous range of compositions is possible 
for different crystals having the same structure. The idea that a single structure 
can have a certain variation or range in composition due to continuous substi¬ 
tution of ions, one for the other, gives an insight into the fundamental reality 
of mineral chemistry. Most natural minerals have not one, fixed and constant 
composition, but show variations in composition which respond to, or reflect, 
the changes in chemistry of their environment, as well as the limits which are 
determined by pressure and, above all, temperature. The mineral composi¬ 
tions found at low temperature, say 30 °C, will not be those found for the same 
mineral at 220 °C. These ranges in composition can be represented as 
compositional fields on appropriate composition plots. Figure 2.15 shows the 
ranges in composition of smectites as a function of their octahedral-site ionic 
composition. 

As a result, a large proportion of clay minerals do not have a single, fixed 
chemical composition. Instead, their compositions are determined by the 
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Fig. 2.15. Smectite solid solution as a function of octahedral ions in dioctahedral minerals. 
Representation is made in a triangular system in which all of the ion pairs present are summed to 
100% and the relative positions of the compositions are shown as a function of the octahedral ions 
present in the mineral 


chemical environment under which the mineral forms and is at equilibrium. As 
it turns out, clays have a large range of possible compositions at low tempera¬ 
tures which is greatly reduced as the ambient temperature is increased. The 
variability of clay compositions is strongly restricted when they occur at higher 
temperatures (e.g. at greater depth in the earth’s crust). This is the reverse of 
what is known for silicates which have formed at higher temperatures. 

At this point we can recapitulate the characteristics of clay by the 
following: 

1. Clays are made up of sheets of tetrahedral and octahedrally coordinated 
cations bound to oxygens. 

2. Clays never have only a tetrahedral or octahedral unit-layer structure, but 
have a multilayer structure in which the tetrahedra are linked to an octahe¬ 
dral sheet. 

3. Clay structures frequently show ionic substitutions in the tetrahedral and 
octahedral sites which involve ions of the same charge or different charges. 
Overall electrostatic charge balance can be maintained when non-constant 
charge substitutions occur by substitutions in both tetrahedral and octahe¬ 
dral sites, in the octahedral layer alone, or by substituting ions in the 
interlayer site. 

4. Gaps or discontinuities in substitutions often create mineral groups which 
are based upon structure and chemical compositional range. 


2.4 Mineral Families 

There are two different properties of clays which are used to describe and 
hence to classify clay minerals: their swelling properties (expanding minerals 
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and non-expanding minerals) and the basic crystallographic repeat unit of the 
layer structures. These classifications encompass most of the varieties of clay 
minerals. There are a few strays, sepiolite and palygorskite, which are needle 
shaped and do not fit easily into the sheet silicate - clay mineral categories. 
Non-sheet structures of materials found in the clay-size fraction, oxides and 
zeolites, can be found in clay assemblages formed under conditions of clay 
mineral genesis. These minerals will be dealt with, briefly, at the end of this 
chapter. 

The layer structure distance method gives the following categories when 
octahedral-tetrahedral linkage occurs: 7,10 and 14 A. The 7 and 14 A (2:1 + 
1) minerals never swell or change dimension, and thus only the 10 A category 
will be subdivided upon its swelling or expandability properties. 


2.4.1 7 A Minerals (One Octahedral + One Tetrahedral Sheet) 

These mineral types can be divided into two clearly defined groups based upon 
the octahedral ion species present. 

Kaolinite has only two Al 3+ and very minor amounts of Fe 3+ ions; they are, 
therefore, dioctahedral minerals. Dickite is a high temperature polytype 
(minor structural variation) of kaolinite. 

Al 2 Si 2 0 5 (0H) 4 

Halloy site has the same composition and structure as kaolinite, except for an 
additional water layer between the layers which distorts the sheet structure 
into a tubular form. This water is easily removed at temperatures near 110 °C. 

Berthierine-Serpentines have between 3 and 2.5 ions present with the 
majority of the ions being divalent (2 + ). They are hence trioctahedral minerals. 
Substitution of A1 or possibly Fe 3+ into the tetrahedral site compensates for a 
proportion of the trivalent ions in the octahedral site. The substitution of from 
3 to 2.5 ions is called the dioctahedral substitution. 

((R 2 ,R 3 ) 3 _ 25 )octahedral (Si,Al) 2 tetrahedral O s (OH) 4 

Electrostatic balance is maintained by substitution such that one in every two 
divalent ions is replaced by a trivalent ion and a half vacancy, for an average 
occupancy of 2.5 ions 

(3R 2+ ) = 1.5R 2+ R 3+ 


2.4.2 10 A Minerals 

(Two Tetrahedral and One Octahedral Layer) 


The various 10 A mineral types are presented in Table 2.1. 
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Table 2.1. The various 10 A mineral types arranged according to their charge and octahedral 
occupancy 


Neutral 

Low charge 

High charge 

Dioctahedral 

Pyrophyllite (Al) 

Montmorillonite (Al,Mg) 
Beidellite (Al) 

Illite (Al,Mg) 


Nontronite (Fe 3+ ) 

Glauconite-Celadonite 

Trioctahedral 

Talc (Mg) 

Vermiculite (Mg,Al) 

Saponite (Mg,Al) 



2.4.2.1 Neutral Layer (Charge Almost Zero) 

These minerals are either dioctahedral or trioctahedral. Their neutral charge 
structure means that the basic layers are only weakly bound together. Since 
there is no charge imbalance no other ions are found between the layers, but 
because of their weak binding they can be displaced or pried apart easily. This 
gives the minerals a slippery texture due to layer sheets sliding one upon the 

o 

other, and they are frequently used as lubricants. The basic 10 A layers slide 
over one another. 

Pyrophyllite, Al 2 Si 4 O 10 (OH) 2 . This mineral has A1 in the octahedral site 
and Si in the tetrahedral site. The unit layer structure has two tetrahedral 
sheets and one octahedral sheet forming a 9.6 A thick (almost 10 A) unit layer. 
The cationic composition is very nearly exclusively A1 and Si. 

Talc , (R 2+ ) 3 Si 4 O 10 (OH) 2 , always has nearly three divalent ions in the octa¬ 
hedral site with a small number of trivalent ions in the octahedral and tetrahe¬ 
dral sites. Two tetrahedral layers and one octahedral sheet give a 9.6 A thick 
unit-layer structure. Significant Fe for Mg substitution occurs. 


2.4.2.2 High Charge Minerals: Mica-Like (Charge near 1, all Dioctahedral) 

In these minerals, the charge imbalance is between 0.8 and 1.0 and, as a result, 
there is an interlayer ion between the layer units which strongly binds the 
mineral into a coherent uint of from several to many 10 A layers. These 
minerals are micas or mica-like minerals and they are exclusively dioctahedral 
in low temperature environments. The interlayer ion is almost exclusively 
potassium. The charge on the structures is always slightly less than 1.0 per unit 
cell, that of a mica, and hence these minerals should be called mica-like. They 
are not true mica structures. True micas have a different composition as far as 
charge is concerned and also they are generally found in rocks which have 
experienced higher temperatures. Micas are usually of greater grain size than 
clay minerals, i.e. >2pm. 

Illite, K 08 _0 9 (Al,Fe,Mg) 2 (Si,Al) 4 O 10 (OH) 2 , is an aluminous, 10 A mineral 
with some substitution of Fe 3+ , Mg, and Fe 2+ in the octahedral site, and some A1 
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in the tetrahedral site, which gives rise to the greatest part of the layer charge 
imbalance. Si content is usually less than 3.50 ions. The mineral has two 
tetrahedral and one octahedral layer, with an interlayer ion population (potas- 

o 

sium) holding the layers firmly together give a near 10 A unit layer. 

Glauconite-Celadonite, K 08 (Fe,Mg,Al) 2 (Si,Al) 4 O 10 (OH) 2 , are the iron¬ 
bearing micaceous minerals with di- or trivalent iron greatly exceeding 
aluminum, and with Si content greater than 3.20 ions. The high iron content 
gives the minerals a green color and, when they are concentrated, this color 
is evident in hand specimen. These mica structures are very frequently 
interlayered with iron-rich smectites. 


2.4.3 Low Charge (Expanding) Minerals: Smectites 

o 

Low charge on a 10 A structure allows hydrated ions or polar ions to be 
insterted between the layers (absorbed); the average interlayer distance 
changes and the mineral is called swelling or expanding. This property gives 
these minerals a very special character. Essentially, a charge of 0.7 to 0.2 allows 
the layers to absorb hydrated cations and polar molecules between the 10 A 
sheets. These minerals are given the group name of smectites which does not 
distinguish the specific type (di- or trioctahedral) of expanding mineral. The 
usual interlayer distance for swelling minerals is greater than the 10 A layer 
unit due to the presence of hydrated cations. The normal basal spacings are 

o o 

12.5 A for a monohydration state (one water layer) and 15.2 A for two water 
layers (Fig. 2.3). Commonly, ehtylene glycol is used to stabilize a swelling state 
which is independent of the humidity of the air. In this state the structure has 
a basal spacing of 17 A. It is the most common reference state for swelling clays 
in laboratory mineralogical determinations. 

2.4.3.1 Dioctahedral Expanding Minerals 

Beidellite, M 0n (Al,Mg) 2 (Si,Al) 4 O 10 (OH) 2 xH 2 O, where n < 0.5. This is an 
aluminous mineral, with two tetrahedral layers dominated by Si ions, in which 
the A1 substitution is the major source of charge imbalance. The octahedral 
layer is minaly aluminous. 

Montmorillonite , M 0n (Al,Mg,Fe 2+ ) 2 Si 4 O 10 (OH) 2 xH 2 O, is an aluminous 
mineral in which the two tetrahedral layers are almost exclusively occupied by 
silicon. The charge imbalance comes from divalent ion substitutions, Fe or Mg, 
for the trivalent aluminum ions in the octahedral site. 

Nontronite , M 0n (Fe 3+ ,Fe 2+ ,Al) 2 (Si,Fe 3+ ) 4 O 10 (OH) 2 xH 2 O, is a ferric mineral 
with minor substitution of A1 and occasionally Mg ions in the octahedral site. 
These substitutions, as well as some substitution of ferric iron in the tetrahe¬ 
dral site for Si 4+ , give rise to the interlayer charge. 

The different minerals given above, for the dioctahedral, expanding min¬ 
erals, have some solid solution (i.e. intermediate compositions between the 
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different types). The exact extent is not well known but it seems that there is 
a continuous sequence between the different types mentioned above. 


2.4.3.2 Trioctahedral Expanding Minerals 

The trioctahedral 10 A structures do not form any high charge, micaceous 
phases in the clay environments, however, they do form expanding minerals, 
i.e. low charge phases. Unfortunately, not a great deal of information is 
available on exact ranges of composition for these minerals at present. There 
is no reason to believe that the substitution of Fe 2+ for Mg is not extensive, yet 
for the most part, we know only of the magnesian end members. Hence, the 
chemical description is given schematically as being exclusively Mg-bearing, 
but it should be understood that such a description is a simplification. 

These expanding, trioctahedral minerals are certainly common in soils, for 
instance, but they cannot be identified easily at present because they are rarely 
abundant enough to be identified with any precision concerning their chemical 
composition. Most often they go unidentified as specific species when accom¬ 
panied by other expanding phases which are dioctahedral. Mineral mixtures of 
expanding clays tend to be called by the general term smectites and are left 
at that. 

For the minerals which are sufficiently pure to be correctly identified, the 
following types have been described. 

Saponite , M 0n (Mg,Al)3 0 _ 2 5(Si,Al) 4 0 1 o(OH) 2 nH 2 0. These minerals have a 
chare imbalance largely dominated by substitutions in the octahedral site by 
the introduction of divalent ions and by the presence of vacant sites which 
lower the positive charge balance necessitating a compensation in the 
interlayer site. 

Stevensite , M° n (Mg) <3 (Si) 4 O 10 (OH) 2 nH 2 O. The interlayer charge imbalance 
is derived from a low octahedral site occupancy, giving rise to a low positive ion 
total. Little or no aluminum or iron has been found in these minerals. 

Vermiculite , M 0x (Mg,Fe,Al) <3 (Si,Al) 4 0 1 o(OH) 2 nH 2 0. These minerals are 
chemically known but the material most commonly used for their characteri¬ 
zation comes from rather special environments, the hydrothermal alteration of 
biotites of igneous origin. The clay minerals from other environments, espe¬ 
cially soils, which have the physical characteristics of vermiculites are not well 
identified. However, vermiculites can be described as being high charge 
smectites (i.e. minerals with charges between 0.7 and 0.5, compared to a mica 
with 1.0 charge) which do not expand nor contract fully under conditions of 
hydration and heating, seemingly holding much of the absorbed interlayer 
polar ions between the layers of the structures without interacting with their 
chemical environment. This is ascribed, for many soil clay minerals, to the 
existence of hydroxyl-ion structures in the interlayer site which do not be¬ 
have as fully exchangeable ions in the way that those in normal smectites 
do. Possibly, the high charge induces a certain organization of a structured 
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Table 2.2. Two criteria to show the classifications of clay minerals 


Layer type 

Tetrahedral 


Octahedral 


Interlayer 


Majority 

Minority 

Majority 

Minority 


10 A 






Micas 






illite 

Si 

A1 

A1 

Mg,Fe 

K 

glauconite 

Si 


Fe 

Mg.Al 

K 

celadonite 

Smectites 

Si 


Mg,Al 

Fe 

K 

dioctahedral 






montmorillonite 

Si 


A1 

Mg,Fe 

Ca,Na 

beidellite 

Si 

A1 

A1 


Na,Ca 

nontronite 

Si 

F 3+ 

Fe 3e + Mg 


Ca,K 

trioctahedral 






saponite 

Si 

A1 

Mg 

A1 

Ca,Na 

0 

7A 






Kaolinite 

Si 


A1 



Chamosite 

Si 

A1 

Fe,Al,Mg 



14A 

Chlorite 

Si 

A1 

Fe,Al,Mg 


Mg,FeAl 

Mixed layer 
Compound name 

Si 

A1 

Fe,Al,Mg 


Na,Mg,Fe 

Ca,K 

Chain 

Sepiolite 

Si 


Mg 



Palygorskite 

Si 

A1 

Mg,Al 




interlayer material tending towards that found in the chlorites (Table 2.2). A 
detailed description of the occurrence and identification of such minerals in 
soil environments is given in Sections 33.2.4 and 3.5.1. 


2.4.4 14 A Chlorites 

(Two Octahedral + Two Tetrahedral Unit Layers, 2:1 + 1) 

2.4.4.1 Trioctahedral Chlorite Minerals 

In low temperature environments these minerals are strictly trioctahedral, 
with dioctahedral-type substitutions of trivalent ions (A1 and Fe 3+ ) in up to half 
of the octahedral sites for the normal divalent ion. This substitution is also 
found in the berthierine-serpentine (7 A) minerals. Some substitution of tri¬ 
valent ions (Al 3+ ) in the tetrahedral site occurs which compensates for a 
proportion of the trivalent ion substitution in the octahedral site. Thus, the 
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Si 4 * 



Fig. 2.16. Chlorite compositional range in Si-R 2+ -R 3+ coordinates where R 2+ = Mg, Fe 2+ and R 3 = 
Al, Fe 3+ ions in the mineral structure. Here both the tetrahedral ions (Si and Al) and the 
octahedral ions (Mg, Fe, and Al) are represented. R 2+ = Fe and Mg, R 3+ = Al for the most part 


chlorite compositions are the result of complex, simultaneous substitutions, 
presenting several types of ionic substitution at the same time. The basic 
structure of chlorites is in fact similar to that of a mica, or micaceous mineral 
- one where two layers of silica tetrahedra are linked by an octahedral layer, 
and where there is an interlayer substitution between the resulting 10 A layers 
of the basic structure (see Fig. 2.13). However, the substitution of the 
interlayer ions, between the 10 A layers, is not that found in micas, nor in 
expanding minerals, in that the interlayer ions in chlorites are in fact well 
organized hyroxy-complexes of divalent and divalent-trivalent ions. These 
interlayer substitutional units are similar to the structures of brucite 
(Mg(OH) 2 ), for the divalent hydroxy-complex, and gibbsite , for the trivalent 
end-member (Al(OH) 3 ). The charge balance is generally maintained both by 
substitutions in the octahedral-tetrahedral 2:1, 10 A layer, structure and by 
compensating substitutions between this structure and the brucite-gibbsite 
layer. The decrease in layer charge on the 10 A unit is compensated for by an 
increase in the charge on the interlayer unit. 


2.4.4.2 Composition and Substitutions 

Complete homo-ionic substitutions are known to occur between Fe 2+ and Mg 2+ 
in chlorites. This substitution changes the cell dimensions considerably, the 
Fe 2+ ion being larger than the magnesium ion. Some Fe 3+ is found in 14 A 
chlorites, usually in minor quantities of less than 15% of the octahedral sites 
available. However Al 3+ is common if not necessary to the chlorite structure. 
The amount of Al in the octahedral site ranges from 10% to around 33%. 
Substitutions of Al in the tetrahedral site range from 0 to 50%. Dioctahedral- 
trioctahedral substitutions can occur up to around 50%, that is the octahedral 
site occupancy can range from 3.00 to 2.50 ions. 
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These substitutions give a compositional range in coordinates of the major 
composition elements Si-R 3+ -R 2+ as shown in Fig. 2.16. Chlorite compositions 
as plotted in the compositional variables of Si, R 3+ and R 2+ ions where R 3+ can 
be A1 or Fe 3+ and R 2+ can be Mg or Fe 2+ . 

Minor substitution of other ions such as Ni, Zn etc. can also occur, and 
under certain circumstances they become major components. In general, the 
chlorites, from the highest temperature clay environments, hydrothermal, are 
more magnesian than those from surface environments. However, the chemis¬ 
try of the environment of formation of the chlorites is certainly very important 
to their composition. Thus chlorites from diagenetic conditions of crystallisa¬ 
tion (50-180 °C) can have different compositions, depending upon either tem¬ 
perature of formation or the bulk composition of the chemical system active in 
their formation. 


2.4.5 Mixed Layered Minerals 

The mineral types and structures described above are relatively simple, being 
composed of either two layer or three layer units to form either 7 or 10 A 

o 

minerals; chlorites can be considered to be a derivative of the 10 A structure. 
There are, however, a relatively large number of cases where a single clay 
crystal is made up of a composite of different basic structures. Since the clays 
are phyllosilicates, the mixed layering occurs in the layer plane. For example, 
a layer of mica can be substituted for a smectite layer in a smecitite mineral. 
The result is a sheet by sheet chemical mixture on the scale of the crystallite. 
These minerals are called interlayered or mixed-layered minerals referring to 
their composite structure, which is a series of different layers of compositions 
corresponding to mineral species. They are generally considered to be a more 
or less stable assemblage (at least persistent) of different layers in cry¬ 
stallographic continuity. This being the case, definite crystallographic and 
thermodynamic properties should be found for them. However, this is not 
always so, as will now be discussed. 

Mixed layer minerals seem to be, very often, an expression of change in 
mineral stability, one phase becoming unstable and another becoming stable. 
The change in phase is apparently effected by the production of a series of 
intermediate-composition crystallites which are actively changing their com¬ 
position during the time over which the conditions which provoke the instabil¬ 
ity of the initial mineral are maintained. This observation seriously puts in 
doubt the idea of a stable phase status for the mixed-layer minerals. If the 
mixed-layer minerals are in fact an expression of a transition state, even 
though they are regularly and systematically present in nature, their thermo¬ 
dynamic status is difficult to treat because they are composed of, on the one 
hand, a stable phase and, on the other, an unstable phase. 

Not all mixed-layer phases are in the category of intermediate minerals; 
some are formed in specific conditions with neither precursor nor apparent 
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successor minerals. They do not show a gradual transition in bulk composition. 
However, whether or not mixed-layer minerals are stable phases, they do exist 
and can be characterised by X-ray diffraction and other methods. Therefore, 
mixed-layered minerals must be dealt with in a systematic manner. We will 
describe them here according to their crystallographic characteristics; those 
“seen” by X-ray diffraction. 


2.4.5.1 Mixed Layering Mineral Types 

Regular Mixed Layering 

If the elements in a mixed-layer mineral are repeated with regularity the 
mineral is called a regular mixed-layer mineral. We will take the most preva¬ 
lent case of two-layer types, here called A and B. The structure will look like 
that in Fig. 2.17. 

The cases of regular mixed-layer minerals with equal proportions of two 
components are relatively limited, and the most abundant examples are of the 
following minerals: 

mica: smectite 

1. dioctahedral = illite/smectite, (a) rectorite (sodic mica) or 

(b) allevardite (potassic mica) 

2. trioctahedral = biotite/smectite, hydrobiotite 

chlorite: smectite 

1. trioctahedral = corrensite 

2. dioctahedral = sudoite 

3. dioctahedral - trioctahedral = tosudite 

These minerals are almost always found in high energy, or high temperature, 
situations such as hydrothermal alteration or the upper limits of diagenesis. In 
these instances the regular mixed-layer minerals seem to be proper phases, as 
they are not related to a precursor nor successor phase. 


Regular Mixed Layering 

structure A 

structure A 

structure A 

structure A 


structure B 


structure B 


structure B 







Fig. 2.17. Regular mixed layering 
with unit layer types A and B 
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Random Mixed Layering Fig. 2.18. Example of random mixed 

layering with two types of layer unit, 

structure A ^ anc * B 
structure A 
structure A 


structure A 


structure B 

structure B 
structure B 




Random Mixed-Layer Minerals 

These minerals seem to be the most closely related to the transition between 
two different minerals, usually the two components in the complex mineral 
crystallites. Most often there are only two components but occasionally there 
has been evidence for three component minerals and there might be four- 
component crystallites, but as they would be difficult to identify, they have not 
as yet been detected. 

A schematic diagram of such crystallites is given in Fig. 2.18. 

The types of random mixed-layer minerals commonly encountered are as 
follows: 

mica: smectite 

1. illite/smectite 

2. biotite/smectite 

3. celadonite/smectite 

4. glauconite/nontronite 

chlorite: smectite 
kaolinite: smectite 
mica: chlorite 

These minerals are more commonly assoicated with the phase change from 
one of the components (smectite usually) to the other, 10 or 14 A. This change 
can be effected by a change in a chemical parameter, such as weathering, or by 
change in temperature, such as in burial diagenesis. 


2.4.6 Sepiolite-Palygorskite 


These clay-sized minerals are not sheet silicates in the strict sense. They have 
a needle-like morphology. However, they are hydrous with crystalline water 





38 


B. Velde 


tetrahedral 



octahedral 


tetrahedral 




CEC ions 

+ water 











Fig. 2.19. Block diagram of 
sepiolite -playgorskite 
structures. The diagram is a 
cross section of a portion of a 
needle or lath-shaped crystal 


Sepiolite - palygorskite structures 


(OH units) and they have chemically absorbed water within their structures 
similar to that of smectites. They occur at the surface of the Earth, the low 
temperatures of clay environments. Hence they are classified as clays. Their 
internal crystal structure is based upon shortened layers. For all intents and 
purposes they are clay minerals, but with a special morphologic structure. 

The sepiolite-playgorskite structure is largely two dimensional. The nee¬ 
dles are formed by the structural linkage of tetrahedral-octahedral strips. 
These linkages are indicated in Fig. 2.19 in a schematic view of the linkage of 
the tetrahedral-octahedral unit chains in the a-b crystallographic direction. 
The structure extends in a semi-infinite direction into the plane of the page in 
the c direction. Water molecules and exchange ions are found in the inner sites 
inside the linked chains of tetrahedra-octahedra. In the inner channels, along 
the interlinked chains, exchange ions and water are found. The cation ex¬ 
change capacity of these minerals is less than that of smectites, about one-third 
as much. Nevertheless, these clay minerals have much in common with 
smectites because they can absorb organic molecules and are reversibly 
hydrated. 

The difference between palygorskite and sepiolite is in the composition of 
the unit cell. Both have similar a and b crystallographic dimensions, but 

o 

palygorskite has a 12 A repeat distance while sepiolite has a repeat distance of 
10.5 A. Palygorskite has a larger unit cell, and also contains much aluminum, 
whereas sepiolite is nearly aluminum-free being composed almost exclusively 
of magnesium and silicon. In most environments both minerals are almost 
exclusively magnesian, excluding the exchange cations of course. The 
aluminum substitution is similar to that in chlorites, extending from a 
trioctahedral pole towards a dioctahedral end member. 


2.4.7 Iron Oxides 

The oxides of iron are not generally considered as clay minerals although they 
are of small grain size. They are not silicates and, hence, are often neglected in 
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the discussions of clay minerals. This is a great injustice to iron oxides because 
they are very apparent, despite their general low abundance in soils, sediments 
and sedimentary rocks. The simple fact of the presence of iron oxides is that 
they are very strong coloring agents. These colors are quite remarkable and 
they also tell us something about the chemical conditions under which the 
materials containing them formed. The colors are basically as follows: 


Color 

red 

yellow to brown 

orange 

black 


Mineral 

hematite 

goethite 

lepidocrocite 

maghemite 


Composition 

Fe 2 0 3 

a-FeOOH 

y-FeOOH 

FeO 


Under oxidizing conditions goethite is favored at low pH and hematite at 
neutral to high pH. Arid conditions and a lack of water also favor hematite. At 
low pH and under reducing conditions lepidocrocite is favored. Maghemite is 
favored by very low pH and very reducing conditions. 

Hence the color of a soil, often given by very low quantities of iron oxide, 
as little at 0.5 weight percent, will reveal the chemical conditions (pH and eH) 
which are active in the soil environment. 


2.4.8 Zeolites 

Zeolites are common in some clay mineral environments. They generally 
indicate the existence of a high silica activity in the aqueous solutions affecting 
silicate crystallization. Zeolites are not phyllosilicates and for the most part 
they have crystal sizes above the 2 pm limit given as a definition of clay 
minerals. However, their frequent association with clays in their finer fractions 
leads us to give a very brief treatment of these minerals. 

Zeolite composition is dominated by the substitution of A1 for Si accom¬ 
panied by either K, Na or Ca ions. Charge balance is maintained of course, and 
hence a Ca substitution is the equivalent of two K or Na substitutions. As A1 
content increases so does alkali and alkaline-earth content. Water content 
(H 2 0) increases with increasing silica content. The structural relations (crys¬ 
talline space groups) are very complicated in zeolite mineralogy, and in fact 
the same chemical composition can be expressed in two different, and co¬ 
existing, minerals. Overlaps in composition and slight differences in crystal 
structure lead to a great complexity in zeolite mineralogy. This problem is 
greatly increased by the very active field of laboratory zeolite synthesis, which 
in many cases simplifies the problems of structure and composition but does 
not help in unravelling the problems of old classifications used by mineralo¬ 
gists for complex natural samples. The difficulties often arise from the differ¬ 
ences in temperature of formation, the synthetic minerals being formed at 
higher temperatures and more repidly than those in nature. Are the gaps in 
composition and structural continuity due to true structural differences or only 
to incomplete sampling or natural occurence? These problems are of course 
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K 


Na 



Fig. 2.20. The alkali zeolite mineral assemblages as 
a function of the variables K, Na and Si. Alkali 
zeolites form a more or less continuous series of 
compositions in the center of the chemical space 
shown (shaded). The pure sodic phases are 
natrolite, analcime and sodic feldspar. The potassic 
phases are potassium feldspar, a The phase associa¬ 
tions under sedimentary and early diagenesis, b 
The phase relations of the highest temperature 
zeolite, analcime and the feldspars which replace 
the zeolites in later diagenetic stages 


b 


K Na 



interesting, but they lead us some distance from clay minerals and we will not 
deal with them here. In fact we will give the rudiments of composition and 
nomenclature and leave it at that. 

The zeolites can be, approximately, divided into alkaline earth dominated 
types and calcic ones (see Chap. 7 for a more exhaustive description of zeolite 
minerals). In general, the calcic zeolites are found in higher temperature 
environments than the alkaline earth forms. The Na, K zeolites have both 
higher and lower silica contents than alkali feldspars while the calcic forms 
have higher silica contents than the calcic feldspar anorthite. As temperature 
increases in geologic environments, the zeolites are replaced by feldspars or 
the mica equivalents. The temperature range of zeolite occureence is between 
4 °C (ocean bottom) and towards 90 °C for alkali zeolites. There seems to be a 
certain kinetic relation which gives a lower overall temperature stability to 
alkali zeolites in older rocks. By contrast, calcic zeolites are found in low-grade 
met amorphic rocks where they are often major components in materials of 
basaltic or basic composition. 

The sequence of common alkali zeolites in sedimentary and diagenetic 
environments is (as a function of increasing silica content) natrolite, analcime, 
phillipsite, erionite, (feldspar), stilbite, heulandite, clinoptolite, mordenite. 
Natrolite and analcime are almost exclusively sodic, whereas the others are 
Na-K dominated with various amounts of Ca present. The more common 
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calcic zeolites are (in increasing silica content) (feldspar), gismondine, 
lawsonite, scolectite, chabazite, epistilbite (see Chap. 7). 

Each of these minerals has a range of chemical compositions (alkali or 
alkaline earth) for A1 substitution, and often compositions will overlap with 
those of another, neighbouring structure. Figure 2.20 shows the general rela¬ 
tions of zeolites as a function of their Na, K and Si content. The central region 
indicates the area where the complex series of minerals of varying composi¬ 
tions lies. There are overlaps between one structure and another in chemical 
space. Most have some capacity to accept Ca ions into their structure. The 
most important observations regarding zeolites in clay environments is that 
they are cation exchangers, as are some clays, and the alkali zeolites are not 
stable at temperatures above 100 °C. They are highly siliceous and probably 
cannot coexist with stable quartz. They will be replaced by an assemblage of 
feldspar and quartz when true chemical equilibrium is attained. 

These minerals are found in hydrothermal alteration of eruptive rocks and 
will be further discussed in Chapter 7. They are less common, but do occur, in 
the transformation of volcano-clastic material and, as such, are discussed in 
Chapters 5 and 6, which discuss sedimentation and diagenesis. Zeolites are 
extremely rare in weathering environments and hence are not discussed in 
Chapter 3. 

2.4.9 Summary 

The major groups of minerals are simple to define using simple structural 
criteria; types of minerals are defined using chemical criteria. As could be 
expected, the chemistry of the clay will reflect the chemistry of the environ¬ 
ment in which it formed. Hence, the clay mineral species reflects the chemistry 
of its origin and can be used as a tracer of provenance. 

There are of course many other names for specific minerals which contain 
small or large amounts of less common elements such as Ni, Cr, etc. These 
minerals are interesting but are not of vital interest to a useful comprehension 
of clay mineralogy. 

This chapter has been written to give a general framework of understand¬ 
ing of the mineralogy of the different clay minerals most common in nature. 
The use of specific mineral names has been kept at a strict minimum, hoping 
to give a workable understanding of the problem of classification without 
boring the student with useless details. 
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3 Origin of Clays by Rock Weathering 
and Soil Formation 

D. Righi and A. Meunier 


3.1 Introduction 


It is a fact that mankind’s domain of influence at the surface of the planet is 
roughly that of clay mineral formation: soils, weathered rocks, diagenetic 
series, continental and marine sediments, geothermal fields. These clay re¬ 
sources have been exploited since the discovery of fire. It is now important, for 
environmental studies, to know as well as possible, how and where these 
minerals form. Curiously, among the numerous works published until now, 
only a few are devoted to the mechanisms of clay formation at the scale of a 
soil profile, i.e. the metric scale in temperate zones. Indeed, more is known at 
the scale of a country (km) or the mineral-fluid interface (nm). For example, 
at the scale of a country, weathering can be considered as a homogeneous 
process. As a consequence, it is possible to model chemical transfers and clay- 
mineral stability fields using calculation codes. On the other extreme, the 
intimate dissolution-recrystallization mechanisms at the fluid-mineral inter¬ 
face scale are studied on isolated pure crystals in order to simplify the chemical 
system. 

The major difficulty of studying clay formation at the scale of eye observa¬ 
tion (m to pm) lies in the heterogeneity of natural materials which results in an 
enormous variability of chemical and mineralogical properties. Nevertheless, 
it is only at this scale of observation that important problems in environment 
conservation can be approached. The aim of this chapter is to show that the 
apparent variability is not an effect of chance, but that it is in fact governed by 
a few general laws. Consequently, a methodology will be proposed to re¬ 
searchers involved in clay formation problems. 

Any student concerned with soils and weathered rocks must be aware of 
the difficulty of drawing a boundary between these two formations. Besides 
the intrinsic complexities of soils and weathered rocks, one reason for this 
difficulty is that they were most often studied by different categories of re¬ 
searcher; i.e. pedologists and geologists. As no definition is completely satisfy¬ 
ing, a distinction will be proposed here in order to enhance what is important 
for us and to avoid unnecessary details. It is hoped that the reader will be 
informed of the current knowledge regarding the processes controlling the 
formation of clay minerals in surface conditions. The primary objective is to 



44 


D. Righi and A. Meunier 


document how natural processes work. The second objective is to set out a 
method of practicing petrology of altered rocks and soils, since such a method 
is the most useful tool to characterize the physical and chemical properties of 
materials subjected to human activities. 

This chapter is composed of four parts which it is hoped will give funda¬ 
mentals as well as examples of profile studies. The first part is devoted to the 
description of the influence of the main parameters in terms of soil formation, 
water-rock interactions and dissolution-crystallization processes. It includes 
an introduction to a general method of reasoning with chemical and minera- 
logical data using different types of phase diagrams. The second part is de¬ 
voted to a detailed presentation of the formation of soils and weathered 
profiles on a chosen parent rock: the granite. The aim is to give an example of 
the changes in mineralogy, chemical composition and structures which effect a 
hard rock at the surface horizon under vegetation in temperate conditions. 
The third part presents the effects of the mineralogical and chemical compo¬ 
sitions of rocks on the formation of a weathered profile. Several examples of 
profiles developed on magmatic, metamorphic and sedimentary rocks are 
presented. Mineral reactions are interpreted using phase diagrams. The fourth 
part is devoted to the description of the major categories of soils which can be 
observed in different climatic conditions. 


3.2 Weathered Rocks and Soils: The Major Factors 
in Their Development 

3.2.1 General Organization: 

Soil and Weathered Rock Domains 

Weathering profiles and soils often show a polarity between the organic 
horizons at the surface and the rock underneath (Fig. 3.1). Although it is 
totally artificial to draw a line between the weathered rock and the soil 
overlaying it, such a separation must be made for practical reasons. As a limit 
must be put somewhere it will be considered that the lower limit of soil is 
reached where the original structure of the rock is still preserved. In other 
words, the soil is considered as the unconsolidated, restructured material 
built with materials derived from the weathered rock. Moreover, the soil 
structure may change seasonally through physical processes such as drying and 
wetting cycles or biological activity. In contrast, the weathered formation is 
generally characterized by a permanent structure inherited from the parent 
rock. 

Other features make soil different from weathered rock and allow one to 
consider it as an original body: 
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Fig. 3.1. Representation of the 
different horizons in a soil and 
weathered rock sequence 


1. Soil is the place where the transformation of rock minerals into clays is most 
important. In some soils, all the original minerals have been transformed. 

2. The upper soil layer is where plant roots and animals are living. After their 
death, organic matter from plants and animals in incorporated into soil 
material and intimately mixed with the mineral part of soil. After a complex 
course of transformations, including biological and chemical reactions, spe¬ 
cific soil organics, the humic compounds, are formed. These humic com¬ 
pounds may contract close and strong associations with the mineral phase, 
especially with clay minerals. For most soils in the temperate zone, the 
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Fig. 3.2. Effects of erosion and colluviation on the ideal soil-rock weathering sequence 


evolution of soil clays is related to that of organic compounds and the 
associations that they are able to form (Macias and Chesworth 1992). 

In nature, the theoretical sequence from fresh to weathered rock and soils can 
be observed only at a few particular sites. These are in very stable landscapes 
where erosion is minimised. Usually, the sequence is disturbed by erosion and 
colluviation events; consequently the soil may develop from allochtonous 
materials, in regards to the rock underneath (Fig. 3.2). The present soil may 
also develop from a truncated weathering profile of which the upper part has 
been removed by erosion. This is typical for weathering profiles and soils 
developed in temperate and cold areas that were affected by glacial and 
periglacial erosion during the Quaternary period. Where ice fields were 
present, the whole soil and weathered rock would have been disturbed and 
removed, leaving either the fresh hard rock or thick glacial tills as surface 
materials. The present-day soils developed directly from the rock or glacial 
material. Periglacial disturbance was less drastic, generally preserving the 
lower layers of the weathering profiles. The present soil develops from this 
previously weathered material; however, in this case, the soil and the weath¬ 
ered rock underneath are of different ages and have not developed under the 
same climatic conditions. 


3.2.2 Basic Factors in Weathering and Soil Formation 

Weathering and soil formation do not lead to the formation of a homogeneous 
mantle over the Earth’s surface. Several factors determine the transformation 
of rocks into soils of different types. These factors are climate, rock type 
(or parent material), vegetation, age and topography (FitzPatrick 1980; 
Duchaufour 1991). 
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3.2.2.1 Climate and Water Regime Within the Soil Mantle 

Transformation of rock minerals into clays occurs through chemical reactions 
between the minerals and water which comes from rainfall. Therefore, rainfall 
is essential for weathering and soil formation. The amount of rainfall and its 
distribution over the year, determine the type of weathering and the type of 
soil that is formed. Temperature increases the kinetics of chemical reactions. 
Moreover, hot and humid conditions favour biological activity and, thereby, 
the transformation of organic matter. Temperature and rainfall define a cli¬ 
mate; therefore it must be expected for soils to be of different types within the 
different climatic zones of the world. 

Atmospheric and soil-temperature variations are the most important 
manifestations of the solar energy reaching the surface of the Earth. The main 
effect of temperature on soils is to influence the rates of reactions; for every 
10 °C rise in temperature the rate of a chemical reaction increases by a factor 
of 2. The rate of biological breakdown of organic matter and the amount of 
moisture evaporating from the soil are also increased by a rise in temperature. 
Since most climates are seasonal, the rate of chemical and biological activity 
will vary during the year. In the warm season chemical weathering and biologi¬ 
cal activity are greater, providing there is an adequate supply of water. In the 
cool or dry season the speed of reactions is reduced. Thus, the rate of soil 
formation may vary seasonally. Soils have well-marked daily and annual tem¬ 
perate cycles. The daily variations extend to a depth of about 50 cm whereas 
the annual cycles extend to a depth of 2 m, below which the temperature is 
more or less uniform. During the daily cycle heat moves downwards during the 
day from the surface, which is warmed by solar radiation, and upwards during 
the night as the surface cools. During the annual cycle, in countries with 
contrasting seasonal climates, the soil is warmer during the summer and cooler 
during the winter. 

Heat moves very slowly down through the soil so that the temperature 
fluctuations within the soil are greater at the surface than in the lower hori¬ 
zons. Daily fluctuations are strongly reduced at a depth of 25 cm as shown in 
Fig. 3.3 and, furthermore, the maximum temperature at depth occurs many 
hours later. The annual fluctuations of the temperature penetrate much 
deeper than the daily fluctuations. During summer, the diurnal mean surface 
temperature is higher than that in underlying layers, but in winter the reverse 
is true as shown in Fig. 3.4. The mean temperature at 2m depth is approxi¬ 
mately the same as the annual mean of the temperature of the air above the 
surface. 

Soil temperature is mainly under the influence of two factors; latitude and 
slope orientation. Land surfaces normal to the rays of the sun are warmer than 
those at smaller angles. This is the case in tropical areas where the distance 
traveled by the sun’s rays through the atmosphere is also shorter. To the north 
and south of the tropics, surfaces normal to the sun’s rays are also warmer but, 
as the distance from the equator increases, the mean annual temperature of 
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Fig. 3.3. Soil temperature at different 
depths at 6:00,10:00,14:00 and 22:00 h for a 
temperate climate 


Fig. 3.4. Soil temperature at different 
depths in February and August under 
temperate climatic conditions 


such surfaces steadily decreases. Differences in temperature between surfaces 
are particularly important in the middle latitudes where sloping land surfaces 
facing the equator generally have a warmer and drier climate than lands facing 
towards the poles. Altitude also influences climate. In the middle latitudes, 
mean annual temperature decreases at about 0.8 °C for each 100 m rise in 
elevation. Fluctuations of the soil temperature are strongly buffered by the 
vegetation cover. During the day, a large proportion of the radiant energy is 
adsorbed or reflected by vegetation. At night, vegetation reflects the heat 
radiated from the warm soil to the cooler atmosphere. The buffering effect of 
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or river 


vegetation is of particular importance in the middle latitudes where it prevents 
rapid heat loss during the winter and reduces the penetration of frost into the 
ground. 

Not all of the water from rainfall enters the soil (Fig. 3.5). Depending on 
the slope and the state of the soil surface, a more or less important part of the 
rainfall water goes as runoff to streams and rivers. The other part enters the 
soil porosity. Depending on climatic parameters such as temperature, wind, 
and the density of the vegetation cover, part of the soil water evaporates and 
returns to the atmosphere: this process is called evapotranspiration. Soil water 
which is not evaporated moves downwards and finally joins the water table: 
this volume of water is accounted for as drainage. 

For a particular site the annual balance of water may be written as: 

P = R + E + D (see Fig. 3.6), 

where: P is rainfall (precipitation), R is runoff, E is evapotranspiration and D 
is drainage. 

The amount of drainage is a very important parameter in rock weathering 
and soil formation. Large volumes of drainage water mean large volumes of 
water in contact with rock which results in large amounts of matter being lost 
through dissolution in rather diluted solutions. Conversely, a small volume of 
drainage water indicates that most of the soil water is evaporated. Losses of 
matter are reduced and soil solutions are concentrated through evaporation at 
some period of the year. 

Such a balance may be computed for a year or for shorter periods of time, 
such as 1 month or 10 days. For the last two cases it is necessary to introduce 
the concept of field water capacity of soils. Soils are able to hold water in their 
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Fig. 3.6. Annual mass 
balance of water for 
humid and dry conditions. 
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pores, which does not immediately move downwards: this amount of water is 
called the field capacity and it is available for plant growth or evaporation after 
the rainfall period. A soil water regime is therefore defined by the variations 
of the volume of water held at the field capacity and the amount of drainage. 

Two major soil water regimes can be distinguished. In one regime the 
amount of precipitation exceeds evapotranspiration, and some water moves 
down through the soil to the ground water at some time during the year. 
In the other regime water moves into the soil but is withdrawn by evapo¬ 
transpiration, leaving behind precipitated carbonates and more soluble salts. 
For general considerations regarding losses of soluble materials or their accu¬ 
mulation in part of the weathering profile, this broad distinction is adequate. 
For the understanding of chemical and biological processes in soils and weath¬ 
ered rocks much more detail is needed. For example, a soil can be saturated 
with water and subjected to leaching in the winter when it is too cold for 
optimum chemical and biological activity. In the summer it can be too dry for 
any significant soil-solution reaction, even if the temperature is high. 

Some typical water regimes are given as examples in Fig. 3.7. The first 
diagram illustrates the water regime in a soil in an arid climate. Evapo¬ 
transpiration exceeds precipitation in all months of most years. The soil is dry 
for more than half of the year, and there is no leaching. In contrast, the second 
diagram illustrates the water balance in a soil in a humid climate. Precipitation 
exceeds evapotranspiration in all months of the year. The soil is permanently 
moist and water moves through the soil throughout the year. The third exam¬ 
ple typifies the soil water regime in a temperate humid climate with the rainy 
season in the spring and summer. There is enough rain during the summer 
such that the amount of stored water in the soil plus the rainfall is equal to the 
amount of evapotranspiration. The soil never dries for a long period and 
limited leaching occurs at the end of the winter and in early spring. The last 
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Fig. 3.7. Climatic data and soil water 
balance in some typical regions. 1 Arid; 
2 humid; 3 temperate humid; 4 cool 
moist winter, warm dry summer. 
T Temperature; P precipitation; E 
evapotranspiration; D drainage; R soil 
water reserve; U utilization of water 
reserve; WD water deficit 
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example illustrates a water regime in a climate where winters are cool and 
moist and summers warm and dry. The moisture input in winter, when 
evapotranspiration is at minimum, is particularly effective for leaching. In 
summer, the stored moisture is used but is not enough to prevent the soil from 
drying out for two or three months. Because atmospheric climatic data do not 
always properly reflect the climatic conditions within the soil, soil scientists 
have produced classifications of soil climates. 

The classification of soil moisture regimes used in the US Soil Taxonomy 
(USDA 1975) is given below as an example: 

Aquic moisture regime. The soil is generally saturated with water and more or 
less free of oxygen so that reduction can take place. 

Aridic moisture regime. The soil is dry for more than 50 percent of the growing 
season or never moist for more than 90 consecutive days during the 
growing season. There is little leaching in this regime and soluble salts 
usually accumulate. 

Udic moisture regime. The soil is not dry for as long as 90 consecutive days. 
These soils occurs in humid climates with well distributed rainfall with 
enough during the growing season and leaching in most years. 

Ustic moisture regime. The soil has a limited amount of moisture but it is 
present in sufficient quantity during the growing season. In the tropics this 
moisture regime occurs in monsoon climates. 

Xeric moisture regime. The soil is dry for 45 consecutive days in summer and 
moist during winter. This soil moisture regime is found in Mediterranean 
climates. 

3.2.2.2 Rock Composition 

Soil formation is strongly dependent of rock composition. Soils with contrast¬ 
ing properties develop in granitic areas and areas of calcareous sediments. In 
spite of these very different soil features and properties, the clay minerals in 
the soils are not so different. Indeed, all the soils in the temperate zone contain 
a mixture of kaolinite and vermiculite as their dominant clay minerals. This 
situation is enhanced in equatorial climates where the rock composition does 
not control the clay mineral type that forms: basalt, as well as granitic rocks, 
produce soils which contain the same kaolinite + oxides assemblage. So long as 
a sufficient time has elapsed, the mineralogical composition of soils depends 
more on climatic conditions than on the chemical composition of the parent 
rock. Conversely, the rock composition is a determinative parameter for clay 
chemistry in the early stages of weathering, whatever the climate may be. This 
will be extensively discussed in Section 3.5. 

3.2.2.3 Biological Factor: Vegetation and Soil Organic Matter 

Organic matter is added to the soil system is by vegetation. The amounts of 
organic matter entering the soil is dependent on the vegetation cover. The 
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latitude 


Fig. 3.8. Distribution of annual litter fall as a func¬ 
tion of latitude 
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Fig. 3.9. Biological and 
chemical transformations of 
organic material in soils 


Humic compounds 


organic compounds reaching the soils differ according to their origin and their 
resistance to biodegradation. Their persistence in soil and reactivity are highly 
variable. Therefore the type of vegetation may influence soil formation. 

Most soil organic matter comes from the remains of dead plants falling on 
the soil. The quantity of vegetable material produced, and subsequently re¬ 
turned to the soil, can range from a trace, in arid and Arctic regions, to several 
tons per hectare in warm and humid climates where plant growth occurs 
throughout the year (Fig. 3.8). 

Organic compounds from plant remains may be involved in two major 
processes: mineralization and humification (Fig. 3.9; Stevenson 1982). 
Mineralization is the transformation of organic molecules by microbes into 
C0 2 , NH 4 and H 2 0. Humification leads to more complex organic polymers, 
typical of the soil medium, so-called humic compounds. Humification is a slow 
process in which both biological and physico-chemical reactions are involved. 
The rate of humification versus mineralization determines, for an equal input 
of organic residues, the organic-matter content of the soil and, therefore, some 
important physico-chemical properties of the soil medium in which the clay 
minerals are formed and react. In response to factors such as climate, type of 
vegetation, and soil pH, the amount and types of humic substances that are 
formed may be very different. It is well known for instance that soils of the 
warmer climatic zones generally have low organic-matter content, despite the 
large quantity of plant material produced and returned to the soil. This is 
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attributed to the high activity of microorganisms in the warmer temperatures. 
In contrast, in areas with cold climates, poorly transformed plant residues 
accumulate at the soil surface as a consequence of restricted biological activity. 
The highest levels of soil-organic matter are found in grassland soils of conti¬ 
nental climates. The frequent wetting and drying cycles occurring in these soils 
are thought to be the best conditions for the synthesis and preservation of soil- 
organic matter. 

The chemical composition of the mineral part of the soil may also strongly 
influence the processes of decomposition of plant remains and incorporation 
of stable organic compounds into the mineral soil. Parent materials which 
provide sufficient amounts of nutrients (calcium, phosphorus) through weath¬ 
ering favor biological activity and consequently a rapid and complete transfor¬ 
mation of organic residues. Association with the clay fraction of the soil may 
also protect organic molecules against attack by micro-organisms and thereby 
contribute to the preservation of soil-organic matter. 

Because humic substances are very complex and include many compo¬ 
nents, there is not yet a single and clear theory of humification. However, there 
is general agreement for two major processes. The first process gives great 
importance to the degradation of lignin (a component of vegetal cell wall) as 
a source for humic substances. The second process promotes microbial synthe¬ 
sis of aromatic substances which polymerize to form humic compounds. There 
is evidence that both processes are active, even in the same soil; however, 
certain soil conditions like acidity, excess of water, favor one or the other of 
these mechanisms (Fig. 3.10). 
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Fig. 3.10. Transformation of organic material in soils 
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When slow decomposition of plant remains is induced by cold climates or 
cation deficient parent materials, low-molecular-weight organic compounds 
are formed. These are complexing acids able to dissolve minerals and form 
organic complexes with metals such as A1 and Fe. These organic complexes are 
soluble and promote exportation of the complexed metals out of the weather¬ 
ing system. In such conditions, transformation of initial minerals into clays is 
strongly disturbed as less A1 or Fe is available for the formation of new clay 
minerals. Conversely, in a mild climate, an abundant clay fraction and a 
neutral pH promote the stabilization of humic compounds which contract 
close associations with the surfaces of clay minerals. As a consequence, no 
water soluble organic components are present in soil solutions. In this case 
contribution of organic matter to weathering is achieved through production 
of C0 2 which reacts with water to give carbonic acid. 


3.2.2.4 Age and Soil History 

Weathering of rocks, and the formation of soils and clay are slow processes 
that require hundreds, thousands and even millions of years. Moreover, peri¬ 
odic changes of climate and vegetation have often occurred which have 
changed the original pathways of soil development, and not all soils have been 
developing for the same length of time. Even in a single soil, some layers 
differentiate more rapidly than others. Incorporation of organic residues into 
the surface layer of a soil developed from unconsolidated rocks takes only a 
few decades, but translocation of a noticeable amount of clay from the top to 
the medium part of the soil profile may require 5000 years. The complete 
weathering of rocks to form the several meter thick kaolinitic layer in tropical 
soils is thought to take more than one million years (Tardy and Roquin 1992). 

In most cases the interpretation of soil features, such as the type of clay 
present, as being the result of interactions under present-day environmental 
conditions would be erroneous. Due to climatic changes at a scale below that 
of soil formation, it is evident that most soils have experienced a succession of 
different climates which have induced changes in pedogenesis. Therefore, soils 
are not developed by a single set of processes, but undergo successive waves of 
formation. Furthermore, each wave imparts certain features that are inherited 
by the succeeding phases. In some cases their properties are so strongly ex¬ 
pressed that they remain observable thousands and even million of years after 
their formation. Consequently, soils should be regarded as the result of a 
developmental sequence which exhibits not only the present-day factors and 
processes of soil formation, but also many preceding phases. 

The oldest land surfaces, such as those in parts of west Africa, developed 
in the mid-Tertiary period. The soils on these surfaces are very old. At that 
time tropical conditions existed in many of the same areas where they are 
found today, as well as in many of the present subtropical and arid areas. 
These warm conditions caused the rock to undergo profound weathering. 



< as w 


56 


D. Righi and A. Meunier 


Considerable erosion also took place during this prolonged period, to form the 
characteristic flat surfaces associated with old landscapes, but great thick¬ 
nesses of soil and weathered rocks were maintained. The processes of 
weathering were so complete in many places that rocks of all types were 
transformed into kaolinite, and hydroxides and oxides of iron and aluminium. 
The warm, humid conditions were maintained in tropical areas but became 
cooler in higher latitude areas. This cooling of the climate culminated in the 
Pleistocene period leading to repeated glaciations in Eurasia and North 
America (Fig. 3.11). Glaciations and associated periglacial conditions effec¬ 
tively removed most of the deep soils and weathered rock that formed during 
the Tertiary period. Consequently, the formation of soils in Western Europe 


C A 



Fig. 3.11. The extension of the ice field during the last Quaternary glaciation Heavy line shows ice 
cap. Soil profiles. A Recent soil (<5000 years) from 2 glacial till; 1 eroded fresh rock; B recent soil 
(<10000 years) from 3 reworked material, overlaying 2 an old saprolite, 1 eroded fresh rock; C 
strongly developed soil 3 produced by a long weathering period 
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and North America has been achieved in the relatively short period of 10000 
years. Thus, it must be expected that the transformation into clay of the 
primary minerals is far less advanced in these soils than in soils from the 
tropical zone. 


3.2.2.5 Topographic Effects: Translocations and Accumulations 

Climate and vegetation are relevant to the distribution of soil at the world 
scale, but within a smaller area topography strongly disturbs spatial distribu¬ 
tion of soils. Topography (slope) changes the direction of the water flow which 
may be not only vertical, but also lateral along slope. Lateral transfers of 
matter through solution or suspension may occur from the higher to the lower 
part of the slope: soils at the higher parts become impoverished in clays 
whereas soils lower down are enriched. 

Nearly all material in soils may be moved by one process or another. In 
fact, many of the processes of soil formation are concerned primarily with the 
reorganization and redistribution of material within the upper layers of the 
weathering profile. Translocation may be performed in solution or suspension. 

In a humid environment, part of the water which migrates through the 
soil is lost as drainage water. Water-soil interactions lead to dissolution of 
materials which are lost from the soil as the solution moves downward. The 
highly soluble simple salts, including nitrates and chlorides, are completely 
removed, whereas carbonates usually precipitate in lower layers of the soil 
where the solution becomes concentrated. If lateral movement of water occurs 
along a slope, soluble products of weathering can migrate laterally downslope 
(Fig. 3.12). Enrichment in basic cations is generally observed in the lower 



Fig. 3.12. Lateral translocation of ions along a slope with a shallow water table 
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positions of the landscape. Such a high-base environment (high pH) favours 
the formation of smectite. 

The progressive leaching of divalent cations by drainage water, induces a 
partial desaturation of the exchange complex of clay minerals with respect to 
these cations. This allows colloidal clays to disperse as a stable suspension. 
Through this process clays are transported from the upper layers to the me¬ 
dium part of the soil profile. This is one of the most important process that 
affects clay minerals in soils. This process is called clay illuviation. Clays 
produced by weathering and soil formation do not stay in place, but frequently 
move to another place, even over long distances (hundreds of meters). Impov¬ 
erishment in clays, observed in surface layers of soil developed from poorly 
permeable materials, is attributed to translocation of clays moving laterally 
with seepage water over poorly permeable subsurface soil layers. 

Another important material that can migrate in soils is organic matter. 
Usually, organic compounds produced during humification are fixed on clay 
surfaces, and therefore are unable to move except with the clay suspension. 
However, in acid soils with low clay content, a more or less important fraction 
of the organic compounds is translocated in solution or as colloidal suspension. 
These mobile organics contain complexing organic acids which fix Al, Fe or 
other metals. In this way, elements such as Al and Fe can move, even under pH 
and Eh conditions where they are not expected to be soluble. Dissolved 
organic compounds and organo-Al and Fe complexes, are generally precipi¬ 
tated at depth in the soil profile, forming cemented layers. Some of the dis¬ 
solved organic compounds may escape precipitation and enter rivers and 
lakes, giving typical brown waters such as those of the Rio Negro in the 
Amazon. 

Considering now the “normal” evolution of a soil in a humid climate, the 
first process one may expect is the leaching of cations. Consequently, the ionic 
concentration of the soil solution decreases and clays are able to disperse and 
move from the upper soil layers. When a definite stage of clay impoverishment 
is reached, organic compounds can no longer be totally fixed and some move. 
To summarize, the succession of mobile materials in soils under humid climate 
is: cations (Mg, Ca), clays and finally organic matter (Fig. 3.13). 

By contrast, in an arid climate, where evapotranspiration largely exceeds 
precipitation, there is only a short period following rainfall during which some 
of the most soluble materials are dissolved and are able to move. Since the 
rainfall under these conditions is small, any downward movement is quickly 
reversed by intense evaporation which induces upward movement of the soil 
solution and a deposition of salts at, or near, the surface. 

A major consequence of translocation of soil material from one place to 
another is the change of soil structure. As soil structure greatly determines the 
pattern of water flow within soils, any translocation of material will lead to the 
disturbance of water flow. As water flow strongly influences weathering of 
initial minerals and clay formation, any translocation will change the local 
physico-chemical parameters of weathering. In other words, even with stable 
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Fig. 3.13. Theoretical soil profile showing the successive translocations of cations, clay minerals 
and organic compounds in a wet climate 


conditions of climate, rock chemistry etc., soil forming conditions are per¬ 
manently changed by the process of soil formation itself. 

One of the best examples that illustrates this process are Luvisols, i.e. soils 
where clay translocation occurs. It will be described in detail later on (Sect. 
3.4), but can be summarized as follows. Clays move from the upper to the 
medium soil layer (the B horizon) where they accumulate. The increase in the 
clay content of the B horizon progressively reduces its permeability in such a 
way that an intermittent perched water table occurs above it during the rainy 
season. Such a waterlogging induces low redox conditions. Iron (from oxy- 
hydroxides) is reduced to the ferrous state, becomes more soluble and moves, 
leaving iron-free materials. The clay assemblage shifts from a clay-oxide com¬ 
plex to essentially clay minerals. 
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3.2.3 Distribution of Major Soil Types at the Surface 
of the World 

Soil classification has been a matter of debate between pedologists for years. 
The idea now is that soils cannot be classified as has been done for plants or 
animals. However, large groups of soils with common features and properties 
may be defined with general agreement among specialists. These major groups 
are used for the legend of a soil map at the world scale (Pedro 1985; Fig. 3.14). 

The first observation is that the major soil units roughly reproduce the 
extension of major climatic zones: equatorial, tropical, arid, temperate, cold 
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Fig. 3.14. Soil map of the world. (After Pedro 1985) 
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etc.. The large unit centered on the equator is that of Ferralsols which are thick 
soils (15 m) with a yellow to red colour. The mineral part of Ferralsols is 
almost exclusively clays. These clays are dominantly kaolinite associated with 
a more, or less, important fraction of Fe and A1 oxides and hydroxides 
(goethite, hematite, gibbsite). CEC of the whole soil is very low (10 to 15meq/ 
100 g soil) due to the dominant fraction of kaolinite clay. The pH is about 5 
throughout the soil profile. Organic-matter content is very low because or¬ 
ganic components are quickly biodegraded by an active microflora under a wet 
and hot climate. The area covered by ferralsols is about 30% of the Earth’s 
surface. 

At the northern and southern edges of the Ferralsol unit one finds large 
areas of arid soils and deserts. Within these areas soils are not more than sand 
or an accumulation of stones. At some places accumulation of soluble salts 
occurs (Na-chloride, Na-carbonate). Between the Ferralsol and arid soil units 
one can see a soil unit of lesser extension. It is the area of Vertisols which are 
clay-rich soils, as are ferralsols. These clays are of a different type, typically 
smectites. Vertisols are far less thick than ferralsols, 1 to 2 m, with a very dark 
colour (black). The pH is in the range of 6.5 to 8.5. CEC (cation exchange 
capacity) is rather high; up to 80 meq/lOOg dry soil (Chap. 2; Sect. 2.2.3.4). The 
best-known property of Vertisol is the large clay fraction dominated by 
smectites, which causes these soils to shrink greatly and crack upon drying. 

In the Eurasian northern hemisphere, a latitudinal zonation of soils can be 
seen from the North to the South of the continents. In the southern part of the 
northern areas, where permanently frozen soils occurs, one finds the area of 
Podzols. Podzols are characterized by a slow and incomplete transformation 
of organic residues, and the production of large amounts of complexing or¬ 
ganic acids. Initial minerals are strongly attacked by these acidic organic 
compounds, and the formation of clay minerals is weak. The fine mineral 
fraction of a Podzol is dominated by amorphous organo-mineral compounds 
that move in the soil profile and accumulate in a specific horizon. Podzols are 
acid soils with a low CEC. Going further south, the next area is that of 
Luvisols. The climate is milder and allows a rather good decomposition of 
organic residues. However, weathering of initial minerals is far from complete 
and most of the clay fraction is derived from the transformation of pre-existing 
phyllosilicates. Clays are typically vermiculite and clays with mixed layers of 
illite, chlorite and smectite. Luvisols are also characterized by the illuviation of 
clays. The pH of Luvisols is usually close to neutral. 

South of the Luvisol area, where climate is continental, Luvisols are 
replaced by Chernozems which are characterized by an accumulation of humic 
compounds over a great depth (lm). Calcium carbonate accumulations are 
frequent at the lower part of the soil. As in luvisols, clays are mainly derived 
from pre-existing phyllosilicates. They are dominated by smectite and illitic 
mixed layers. The pH is about 7 and increases up to 8.5 when calcium carbon¬ 
ate is present. Further to the south, arid soils are found. 

The distribution of the great groups of soils also gives the distribution of 
some great groups of clay minerals: kaolinite is the dominant clay in the wet 
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tropics, a dry tropical climate produces smectite, and temperate zones have 
mixtures of vermiculite and complex mixed layers (Pedro 1968). However, 
relating clay type too closely to the current climate is dangerous. Even at the 
world scale, the time of evolution and rock chemistry also control the soils and 
clays that form. Ferralsols are generally old soils developed from various rock 
types, but vertisols are restricted to calcium-rich rocks or occur in depressions 
where calcium-rich solutions concentrate. Podzols are young soils that de¬ 
velop, most often, in sandy or gravely materials such glacial tills. Luvisols are 
typically developed from loess, a fine-grained, well-sorted, recent material, in 
which clay movement appears to have been favoured. Clays and soils are 
dependent on climate but they are also conditioned by the their source mate¬ 
rial, the bed rock. 


3.2.4 Structure of Weathered Rocks and Soils 

3.2.4.1 Weathered Rocks: Inheritance of the Rock Structure 

Under temperate climates, because of erosion, creep on slopes, and subse¬ 
quent redeposition, the weathered rock and the soil are generally not in 
continuity, the boundary being marked by a stone line. Weathered and un¬ 
weathered rock structures are typically in continuity. Most often, the macro¬ 
scopic features of the unweathered rock (fractures, diaclases, dikes, veins, etc.) 
are still recognizable even in the highly weathered zones. 

The structural differences between rock and its weathered products are 
mainly observable at the microscopic scale. Primary minerals are replaced by 
a porous fine-grained material which is composed of clays and tiny debris of 
the parent crystals. The initial fabric is conserved as long as the volume of 
altered zones in each primary crystal, do not reach a yield value beyond which 
the mechanical resistance of the rock collapses. In more intensely altered 
zones, the framework of parent minerals is destroyed and the original rock 
fabric locally disappears. Moreover, in some cases, the rock structure totally 
vanishes, giving place to a clay-rich horizon. This is observed in Fe, Mg-rich 
crystalline rocks (gabbros, amphibolites, serpentinites) where a clayey restruc¬ 
tured horizon represents a transition zone between the weathered rock and 
the soil. In summary, the weathered rock domain is considered here, to be 
limited to the presence of observable macroscopic parent rock features. 


3.2.4.2 Soil Structures: Importance of Aggregation 

In most soils the individual particles do not exist as discrete entities, but are 
grouped into aggregates with fairly distinctive shape and size. The degree and 
type of aggregation determine aeration and permeability, and therefore, the 
infiltration capacity and extent of moisture movement. Structure also influ- 
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Fig. 3.15. Two typical soil structures. 1 Angular blocky structure formed by shrinkage and crack¬ 
ing of clay-rich soil materials; 2 crumb structure produced by burrowing animals 


ences the erosive potential, since the presence of surface horizons with mas¬ 
sive structure may reduce infiltration, which increases runoff thereby increas¬ 
ing the erosion hazard. Figure 3.15 shows two typical soil structures. 

The genesis of soil structure involves, at least, three main processes. One 
of these is the expansion and contraction of clay-rich materials in response to 
wetting and drying. As the soil dries, its volume decreases; high tensions are 
created which are released by cracks opening in the soil material. Polygonal 
bodies are formed of different shapes and sizes, according to the importance of 
the retraction of the soil material. The fine granular structure of the upper 
layers of Vertisols is a typical result of this process. 

A second origin for soil structure is physico-chemical. During the course 
of weathering of Fe-Mg phyllosilicates, Fe is exuded from the mineral, is 
oxidized, and precipitates as poorly crystalline, strongly hydrated oxy-hydrox- 
ides, which form bridges between, and covering, the remnants of weathered 
minerals (Fig. 3.16). As a result, small (100pm) stable aggregates are formed, 
which leads to high soil porosity. Figure 3.17 shows how such a structure 
develops in a soil formed from a weathered micaschist (Righi and Lorphelin 
1987). 

A third origin for soil structure is the biological one. Animals, especially 
earthworms, strongly disturb the soil material and produce rounded aggre¬ 
gates as dejections. The structure of Chernozem soils is made essentially by 
earthworm galleries and dejections. 

A major property of the soil structures is their possible evolution with 
time. For instance, clay-rich soil materials change their structure according to 
wetting and drying cycles. When dry, these materials are strongly aggregated, 
which leads to the development of numerous large pores in which water 
moves rapidly. As the soil is wetted and absorbs water, aggregates expand and 
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Fig. 3.16. Scanning electron microscope observation of a soil aggregate. A General view; B detail 
showing the edge-face association of the weathered inherited phyllosilicates and bridges of 
amorphous weathering products. 1 Inherited phyllosilicates; 2 iron-rich amorphous material 


porosity is progressively reduced to very fine pores; water transfer becomes 
very slow. In such soils, moisture movement may follow two contrasting re¬ 
gimes. If rain falls on the dry soil, water flows directly to depth, by-passing 
interactions with soil material (Fig. 3.18). Conversely, if the soil has been 
previously wetted, water enters and moves slowly, allowing a close contact of 
solutions with the soil material for long periods. Another important point to be 
stressed is that the soil structure can be very different from one layer to 
another. Thus water circulation in soils changes greatly with time and space. 
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Fig. 3.17. Development of a fine granular structure from a chlorite-micaschist saprolite. A^B —> 
C —> D from the bottom to the top of the soil profile 
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Fig. 3.18. Non-uniform distribution of wetness in a clay-rich soil, a Rainfall on the dry soil; b after 
a certain time of desiccation after saturation 


This may explain why different clay minerals may be found in different soil 
layers. 

Why put such an emphasis on the structural aspect rather than the chemi¬ 
cal or mineralogical properties of these complex materials? The basic reason 
is that the circulation of water is the decisive parameter which controls mineral 
reactions. Dissolution of pre-existing minerals, as well as precipitation of new 
ones, depends on the local chemical composition of the solutions which, in 
turn, depends on the flow rate of water. Usually, the solutions are diluted in 
the larger pores, where water circulation is fast, and they are more concen¬ 
trated in dissolved elements in narrow pores in which water moves slowly. In 
summary, the way that water penetrates into the soil depends on the structure, 
but the soil structure changes with wetness as the seasons change. 


3.2.5 Soil Structure-Porosity Relationship 

Soils, as well as weathered rocks, are discontinuous materials in which the 
solids (minerals, aggregates) are separated by voids. The spatial distribution of 
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Fig. 3.20a,b. Variation of the relative volume of a 
secondary minerals and b dissolution voids (% t) 
and density (d) as a function of % unaltered pri¬ 
mary minerals in the zones of two weathered pro¬ 
files in which the initial structures of the granitic 
rocks are conserved . Dots La Pagerie profile; trian¬ 
gles La Rayrie profile; sm secondary minerals; voids 
dissolution voids. (Data from meunier 1980) 


x% vol primary mineral —» y% vol secondary minerals + z% vol voids 
where: x = y + z. 

The majority of documented physical analyses are found in studies of 
granite weathering. This is because granitic rocks are the dominant outcrop at 
continental surfaces. Modal analysis (microscope observation) of samples 
from two altered granite profiles in western France, confirm the above equa¬ 
tion: y and z increase linearly as x decreases (Fig. 3.20a). As a consequence, 
density is inversely proportional to porosity (Fig. 3.20b). This relation is not 
applicable in zones where the initial structure of the rock has disappeared. The 
question therefore is, why is the conservative alteration process limited to a 
maximum porosity of 12-15% in granite weathering? 

A possible answer to this question can be found in studying the change in 
mechanical properties of rock during the alteration process. Baudracco et al. 
(1982) showed that the resistance of an altered granite to uniaxial strain, and 
the Young modulus, are strongly reduced in the early stages of weathering 
(Fig. 3.21). This means that the initial rock structure collapses when an altera¬ 
tion threshold is reached. The decrease in the Young modulus indicates that 
the rock progressively changes from a brittle to a ductile material. 

In summary, the mechanical resistance markedly decreases at the begin¬ 
ning of the weathering process, giving rise to modification of the parent rock 
by different processes near the surface: collapse under gravity, penetration by 
roots. In this way, the parent rock is transformed into a new material whose 
physical and chemical properties are different from those of the saprock. In 
some cases, a clay-rich horizon (30-50% in weight) is formed; the density of 
the horizon increases while the porosity decreases. This is frequently observed 
in the weathered profiles developed on basic rocks (Ildefonse 1980; Proust 
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Fig. 3.21a,b. Relation ship between mechanical properties and the porosity of an altered granite 
from Sidobre, France (data from Baudracco et al. 1982). a Variation of the uniaxial stress ( S ); 
b variation of the Young modulus ( E ) 


1983). The structure of these clay-rich materials is governed by the swelling 
power of expandable clays. The seasonal drying-wetting cycle induces local 
stresses which provoke the formation of new fractures and gives rise to the 
transfer of solids. 

3.2.7 Water in Soils: Content and Chemical Potential 

The variable amount of water contained in a volume of soil is an important 
factor affecting the chemical state and reactivity of the soil. In addition to this 
amount, which characterizes the soil wetness, soil water must be characterized 
in terms of physico-chemical condition or state. The energy state of soil water, 
i.e. the potential , is characterized by its free energy per unit mass. The most 
important components of the total potential of soil water are described below 
(Hillel 1980; Chamayou and Legros 1989). 

Gravitational potential (physical): the gravitational potential of soil water at 
each point is determined by the elevation of that point relative to some 
arbitrary reference level (for instance the ground water level or the soil 
surface). All of the categories of soil water are affected by gravity, inde¬ 
pendently of the chemical and pressure conditions. 

Osmotic potential (chemical): the presence of solutes in soil water affects its 
thermodynamic properties and lowers its potential energy. 

Pressure potential (physical): in a soil saturated with water, the pressure poten¬ 
tial originates from the pressure caused by the water column above the 
considered point. 

Matrix potential (chemical): this potential results from the capillary and 
adsorptive forces due to the soil matrix. These forces attract and bind 




70 


D. Righi and A. Meunier 


water in the soil and lower its potential energy below that of free water. 
The matrix potential is developed only in unsaturated soil (three-phase 
system: solid, liquid, gas). Capillarity results from the surface tension of 
water and its contact angle witl* the solid particles. The matrix potential 
can be described as a negative pressure potential, the so-called water 
suction or tension: consequently matrix potential and water suction have 
opposite signs. 

The various potentials can be expressed in terms of an equivalent head of 
water, which is the height of a liquid column corresponding to the given 
pressure. The state of soil water is characterized in terms of a hydraulic head 
( H ) which is the sum of (omitting the osmotic potential) the gravitational (z) 
and the pressure ( Hp ), or the matrix (//m), potential heads: H- z + Hp 
(saturated soil) or H = z + Hm (unsaturated soil). 

The energy state of water in soils can also be expressed by the following 
relations: 

AjU w = jU sw - Mfw = RT log (P sv /P fv ) = -2aVlr = -pgVh c 
where: 

A^: energy of water in voids, 

jt4 w : chemical potential of water in voids, 

i u fw : chemical potential of free water, 

P sv : vapor pressure in the void 

P fv : vapor pressure of free water in the standard conditions 
a = surface tension, r = radius of capillary meniscus, 

V = molar volume of water, 

p = water density, g = gravitational field, h c = capillary height. 

These equations indicate that the energy state of water, or its potential, de¬ 
creases with the radius of the capillary pore (Table 3.1). 

3.2.7.1 Soil-Moisture Retention Curve 

If a slight suction is applied to a saturated soil, no outflow will occur until this 
suction reaches a value exceeding that applied by the soil matrix on water in 
the largest pores. Remembering that water is more strongly retained by soil as 
pore radius decreases, a gradual increase of the suction applied to the soil 
leads to a progressive removal of water from pores of decreasing sizes. Increas¬ 
ing suction is thus associated with decreasing soil wetness. This function is 
measured experimentally and it is represented by a curve, known as the soil- 
moisture retention curve (Fig. 3.22). The shape of this curve is controlled by 
the pore-size distribution and thus, strongly affected by the soil texture and 
structure. 

3.2.7.2 Flow of Water in Soils and Weathered Rocks 

Before discussing flow of water in soils and weathered rocks, it is necessary to 
distinguish between saturated and unsaturated soils. In saturated soils all the 
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Table 3.1. Energy state of water in soils. The relationship between suction pressure (bars) and 
pore diameter 


Water suction 
(bars) 

Chemical potential 
(J/Kg) 

Water activity 

Maximum size 
of pores (pm) 

0.01 

1 

0.999993 

150 

0.10 

10 

0.999927 

15 

1 

100 

0.99927 

1.5 

10 

1000 

0.9927 

0.15 

15.8 

1580 

0.9888 


100 

10000 

0.927 

0.015 

500 

50000 

0.695 


1000 

100000 

0.485 

0.0015 


absorbed 

water 


capillary 

water 


saturated 
soil 



Fig. 3.22. Soil-water retention 
curve 


pores are filled with water whereas in unsaturated soils some pores are filled 
with water and the other ones (generally the largest) are filled with air. Laws 
that govern flow of water are more complex in unsaturated soils. 


Flow of Water in Saturated Soils 

Figure 3.23 shows a horizontal, uniform, saturated soil body through which a 
steady of water flows from an upper reservoir to a lower one; each reservoir 
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Fig. 3.23. Water flow in a horizontal soil column. L Length, AH hydraulic head drop 


has a constant water level. The volume of water V, flowing through the column 
per unit time is proportional to the area of the cross section of the column and 
to the dropin hydraulic head AH, and inversely proportional to the length of 
the column L. Obviously, no flow occurs in the absence of a hydraulic head 
difference, i.e. when AH = 0. The head drop by unit of distance in the direction 
of flow is the hydraulic gradient (A///L), which is, in fact, the driving force. The 
specific discharge (volume of water flowing through a unit cross-sectional area 
per unit time) is called the flux and is indicated by q. Thus, the flux is propor¬ 
tional to the hydraulic gradient: q = KA HIL. In this equation, known as 
Darcy’s law, K is designated as the hydraulic conductivity. A more exact and 
generalized expression of Darcy’s law is in differential form: in a one-dimen¬ 
sional system it is 

q = -K dHIdx. 

Water flow in a horizontal column occurs in response to a hydrostatic-pressure 
gradient. Flow in a vertical column is caused by gravitation as well as pressure. 
At any point, a gravitational head, designated by z, can be determined as the 
elevation of the point above an arbitrary reference plane, in which case the 
pressure head ( Hp ) is the height of the water column resting on that point. 
The total hydraulic head is the sum of these two: 

H = z + Hp. 

K, the hydraulic conductivity, is obviously affected by structure and texture, 
being greater if a soil is highly porous, fractured, or aggregated than if it is 
compact and dense. Hydraulic conductivity depends not only on total porosity, 
but also, and primarily, on the size of the conducting pores. For example, a 
gravely or sandy soil with large pores can have a conductivity much greater 
than that of a clay soil with many narrow pores, even though the total porosity 
of a clay is generally greater than that of a sandy soil. In a saturated soil with 
a rigid structure the hydraulic conductivity is characteristically constant. Its 
value ranges from 10 _2 cmsec _1 in a sandy soil to 10 _7 cmsec _1 in a clayey soil. 


Flow of Water in Unsaturated Soil 

Most of the processes involving soil-water interactions in the field occur while 
the soil is in an unsaturated condition. As we have seen, the moving force in 
saturated soil is the gradient of hydraulic potential which is the sum of the 
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pressure potential and gravitational potential. When the same reasoning is 
applied to an unsaturated soil, flow takes place in the direction of decreasing 
potential, the potential gradient being the driving force. However, in an un¬ 
saturated soil, the pressure potential is replaced by the matrix potential. Ma¬ 
trix potential is often changed by water suction or water tension which is a 
negative pressure in unsaturated soils. Suction is due to the physical affinity of 
water for soil-particle surfaces and capillary pores. Water tends to be drawn 
from a zone where the hydration envelopes surrounding the soil particles are 
thicker, to zones where they are thinner, and from a zone where the capillary 
menisci are less curved (larger radius) to zones where they are more highly 
curved (smaller radius). 

Water flows spontaneously from zones where suction is lower to where it 
is higher. This is especially true when the moving force is large, such as at a 
wetting front zone where water enters into an originally dry soil. In this zone, 
the suction gradient can be many bars greater than the gravitational force, and 
water can move “uphill”. 

The most important difference between unsaturated and saturated flow is 
in the hydraulic conductivity. When the soil is saturated all the pores are water 
filled and conducting, so that hydraulic conductivity is at a maximum. When 
the soil becomes de-saturated, some of the pores (the larger ones) become air- 
filled and the conductive portion of the soil decreases. As suction develops, the 
first pores to be emptied are the largest ones, which are the most conductive, 
thus leaving water to flow only in the smaller pores. For these reasons, the 
transition from saturation to unsaturation is generally characterized by a large 
reduction in hydraulic conductivity which may be lowered by several orders of 
magnitude (Fig. 3.24). At saturation, the most conductive soils are those in 
which the overall pore volume is consists of large and continuous pores, 
wheras the least conductive are those soils with numerous micropores. For 
example, a saturated sandy soil conducts water more rapidly than a clayey one. 
The opposite may be true when the soils are unsaturated. Large pores are 
quickly empty and become non-conductive as suction, even weak suction, is 
applied, and the conductivity rapidly decreases. Small pores retain water, even 
at rather high suction, thus the conductivity does not decrease as rapidly and 
it may be greater than that of a soil with large pores subjected to the same 
suction (Fig. 3.25). Figure 3.26 illustrates how conductivity (K) increases and 
suction decreases as soil wetness increases. 


3.2.8 Dissolution and Recrystallization Processes 

3.2.8.1 General Statements 


The energy state of water varies from place to place in a soil or a weathered 
rock, between a minimum value, in the absorbed layer on the solid surfaces, to 
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Fig. 3.25. Decrease in 
hydraulic conductivity as 
suction pressure increaces, for 
two materials with different 
textures 


a maximum value which is that of free water in large voids. This is of impor¬ 
tance for chemical reactions at the solid-fluid interface. These reactions could 
be regarded as two opposing processes: the growth and the dissolution of 
crystalline phases. During dissolution of silicates, cations will (1) detach from 
the oxygen bonds, (2) diffuse away from their site in the crystalline lattice, (3) 
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Fig. 3.26. Variation of wetness, suction pressure and hydraulic conductivity in an unsaturated soil 


desorb from the crystal surface and (4) diffuse into the bulk solution (Hochella 
and White 1990). From a chemical point of view, growth as well as dissolution 
processes, could be reduced by the effects of ion concentration gradients at the 
crystal surface. 

Dissolution of pre-existing mineral phases as well as nucleation and 
growth of secondary ones are controlled by the differences in chemical con¬ 
centrations of the solutions far away and adjacent to the surface of the solids 
(C a and C eq respectively). A crystal is dissolved if the solution at the interface 
is maintained in an undersaturation state (i.e. C a -C eq is negative); on the other 
hand, a crystal will grow if the solution is oversaturated (C a -C eq is positive). 
Both phenomena occur in weathering processes in which the preexisting min¬ 
erals are seen to be replaced by new ones. 

The rate at which these processes occur is controlled either by transport of 
ions, reactions at the surface, or by a combination of both. These phenomena 
were formalized by Berner (1980) and are summarized in Fig. 3.27. In spite of 
the fact that the mechanisms of growth or dissolution are complex, an approxi¬ 
mate value of the rate can be calculated using the following equation: 

dr^dt = vD s (C a -C eq )/r c , 
where: 

r c = average radius of crystals, 

V = molar volume of the crystalline substance, 

D s = coefficient of molecular diffusion in aqueous solution, 

C a = concentration in solution away from the crystal surface, 

C eq = equilibrium concentration adjacent to the crystal surface, 
t = time. 



76 


D. Righi and A. Meunier 


TRANSPORT 



SURFACE REACTION 



MIXED CONTROL 



Fig. 3.27. Schematic representation 
of the concentration gradients of a 
given chemical component at the 
fluid-solid interface during growth 
or dissolution stages. (Berner 1980) 
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Fig. 3.28. Alteration features of a silicate at different scales, a Formation of the “alteroplasma” 
in place of the parent crystal. Most often, the alteration process is volume conservative. The 
alteroplasma is composed of parent mineral debris mixed with neogenic clay and/or oxide miner¬ 
als; b view of an etch pit at the corroded surface. Etch pits frequently have geometrical shapes due 
to preferential dissolution along some crystallographic directions; c the Si-O or Al-O bonds are 
broken at the solid-fluid interface; cations are replaced by H + 


3.2.8.2 The Proton-Cation Exchange 

The dissolution of primary minerals in aqueous solutions implies the rupture 
of inter-atomic bonds in the crystalline lattice (Fig. 3.28). Most often, the first 
step of the reaction is the exchange of alkali and alkaline earth cations in the 
crystal with proton in the solution. For example, the attack of feldspars by H + 







Origin of Clays by Rock Weathering and Soil Formation 


77 







'j/ 


Fig. 3.29. The two alteration pathways for a crystal Cr. A Incongruent dissolution: the parent 
crystal becomes porous but no secondary phases are observed. The original crystalline framework 
is conserved; B dissolution-precipitation: the parent crystal is replaced by a microporous assem¬ 
blage of secondary minerals 


will lead to a surface which has lost the alkali cations; it is composed of SiOH 
or SiOH 2 + groups. Further attack by H + or by H 2 0 will hydrolyze the Si-O-Al 
and Si-O-Si bridging bonds as shown in the reaction 

Si-O-Si + H 2 0 Si-OH + OH-Si. 

This process is affected by the diffusion of H + , H s O + and molecular water into 
the crystalline surface from the mineral-solution interface (Petit et al. 1987). 
The diffusion layer is several tens of nanometers thick. Mogk and Locke 
(1988) showed that cation diffusion occurs at the same scale changing the 
mineral composition near the interface. The size and properties of this inter¬ 
mediate layer at the interface are still a controversial subject. Nevertheless, 
except for phyllosilicates (micas, chlorites), the dissolution of silicates in natu¬ 
ral rocks appears to be congruent at the micrometer scale. In other words 
there is no solid residue with a different chemical composition, and the solids 
which replace the pre-existing crystal are neo-formed secondary phases (Fig. 
3.29). Phyllosilicates must be considered separately because their crystalline 
structure is similar to that of the clay minerals which replace them. The 
question is how to distinguish between those which are strictly neo-formed and 
those which could be considered as resulting from an incongruent dissolution. 
This will be discussed in more details in the chapter “Clays in soils from granite 
saprolite in the temperate zone” (Sect. 3.3.2). 

Dissolution and growth are locally activated at excess energy sites such as 
lattice defects emerging on crystalline faces, edges or corners of crystals, twin 
boundaries, and micro cracks. Dissolution smoothes the angles and produces 
etch pits which become deeper and finally coalesce with time. This process 
results in a very irregular shaped interface showing corrosion gulfs. Usually 
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the corrosion gulfs created by the dissolution of primary silicates are partially 
filled by the remains of the primary minerals and by secondary minerals. In 
other words, the continuous solid is replaced by a porous polyphase mineral 
assemblage (Fig. 3.28). 

Secondary minerals formed in the corroded zones of primary ones can 
originate from two different processes: precipitation from solutions enriched 
in dissolved components (nucleation and growth), and transformation of the 
parent crystal lattice by diffusion. The latter is typical of phyllosilicate altera¬ 
tion (mica, chlorite) but it is also observed in non-phyllosilicate alteration. 
Indeed, olivine, pyroxene and amphiboles, weather in a biopyribole-sequence 
type (Veblen and Busek 1980; Eggleton and Boland 1982). In this case, the 
secondary phases grow in structural coherence with the parent crystal lattice; 
the coalescence of silica chains produces 2:1 layer silicates with minimum 
disruption of the pre-existing mineral structure. Nevertheless, the nucleation- 
growth process is the most common process involved in the crystallization of 
clay and oxide minerals in weathering or soil conditions. Nucleation is acti¬ 
vated by the catalytic effect of defects on the dissolved surface of primary 
minerals (heterogeneous nucleation). In summary, the dissolution- 
recrystallization processes which occur at the mineral-aqueous solution inter¬ 
face can be reduced to an exchange of protons for soluble cations (hydrolysis). 
For example: 

K-feldspar + H + —> kaolinite + K + + Si 4+ 

The alkali bearing mineral (feldspar) is replaced by a hydrogen bearing 
one. These hydrolysis reactions can be used to determine the relative 
stabilities of mineral species. 


3.2.9 Basic Factors for Phase Relation Analysis 
in Rock Weathering 

3.2.9.1 From Microsites to Microsystems 

The striking fact when observing altered rock at different scales is the great 
variation in physical properties (color, hardness, porosity, etc.) from place to 
place. At the thin-section scale, alteration reactions can be observed in numer¬ 
ous microsites where the pre-existing minerals are corroded. However, in spite 
of their apparent diversity, these microsites belong to just a few different types 
according to their location (intergranular joints, intracrystalline microcracks, 
transcrystalline fractures, porous secondary assemblages). 

The dissolution-recrystallization processes occurring in each microsite are 
controlled by local chemical equilibria. Reactions are made possible by the 
presence of aqueous solutions which, unfortunately, are not analyzable at this 
scale. Nevertheless, these fluids must be taken into account as they exchange 
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Fig. 3.30. Schematic representation of the different components of a microsystem. The example 
chosen is from a weathered granite where the observed mineral reaction takes place in the 
orthoclase-muscovite intergranular joint 


energy and chemical components with the surrounding solids. Each microsite 
can be considered as a microsystem composed of three parts: primary miner¬ 
als, secondary minerals and fluids (Thompson 1955; Korzhinskii 1959) (Fig. 
3.30). 

The microsystem concept is a useful tool to express mineralogical observa¬ 
tions and chemical analyses in terms of phase equilibrium. It allows one to 
apply easily the Gibbs’ phase rule and the classical laws governing the con¬ 
struction of phase diagrams. At this point, it is necessary to remember some 
basic definitions. A phase in thermodynamics is defined as a “pure substance, 
or mixture of pure substances, wherein the intensive properties do not vary 
with position” (Sposito 1981, p. 4). In fact, natural minerals are rarely homo¬ 
geneous (zonations, inclusions etc.); nevertheless, they could be considered as 
phases in the Gibb’s definition until their reacting interface with fluids be¬ 
comes homogeneous. An intensive variable ( V int ) does not depend upon the 
size of the system: for example temperature (T), pressure (P), density (p) and 
chemical potential (p x ). Extensive variables ( V ext ) depend on the size of the 
system: weight, enthalpy etc. The Gibbs’ phase rule was extended to a more 



80 


D. Righi and A. Meunier 


general expression by Korzhinskii (1959): F = V ext + V int - P where F is the 
variability of the system (or degree of freedom) and P the number of phases. 
This expression is used here. 

For example, in the mineral reaction: K-feldspar + H + —> kaolinite + K + + 
Si 4 * described above, the composition of the solution depends on the concen¬ 
tration of three mobile components: H + , K + and Si 4+ while A1 remains fixed in 
solid phases (inert component). According to Korzhinskii (1959), the chemical 
potential of the three “mobile” components may act as intensive variables, if 
they are controlled by the external environment of the system. This is the case 
in water dominated systems. In contrast, A1 whose concentration determines 
the quantities of solid phases involved in the reaction, is typically an extensive 
variable. 

The quantities and the energy state of fluids involved in each microsystem 
vary with the dimensions and the interconnection of voids. Three types of 
microsystems are active in rock weathering (Meunier and Velde 1979): 

Contact Microsystem. The earliest weathering reactions in macro¬ 
crystalline rocks, whatever their composition, have been observed in inter¬ 
granular joints. Generally, the secondary phases nucleate on the surface of 
one of the parent crystals and grow into the other one. The microsystem is 
dominated by the chemical compositions of pre-existing phases; it is roughly 
closed. 

Plasmic Microsystems. “Plasma” is the term describing the porous mate¬ 
rial composed of a primary mineral debris mixed with secondary minerals. In 
the saprock (in which the primary rock structure is conserved), the plasmic 
microsystems appear inside the primary minerals along internal microcracks, 
cleavages or twin boundaries (alteroplasma). In the saprolite, the primary rock 
structure disappears. Here another type of plasmic microsystem is observed in 
the restructured zones in which clay minerals, and the remaining debris of pre¬ 
existing minerals, are physically intermixed (pedoplasma). New clay minerals 
form from old ones due to local changes in chemical composition, caused by 
physical mixing. As the pores are in the microscopic class, the fluids cannot 
circulate quickly. Fluids control the chemical potential of the more soluble 
components of the rock in all the microsystems through which they percolates. 
Thus, in a given plasmic microsystem, the new phases will depend on the local 
chemical composition and the value of the chemical potential of the more 
soluble species. 

Fissural Microsystems. Coatings on the walls of fractures and large pores 
are composed of identical secondary mineral assemblages, whatever the size 
and the position of the open fractures in the weathering profile. The sedimen¬ 
tary features observed in the coatings are interpreted as microstratigraphic 
formations in which each deposition stage corresponds to seasonal varia¬ 
tions in fluid dynamics. The size of these voids is large enough to reduce 
the capillary effect to negligible values. Consequently, the fluids circulate 
under gravity and are quickly renewed. In this situation, the stability of the 
mineral phases which constitute the coatings is controlled by the chemical 
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composition of the fluids; the microsystem can be considered as totally open. 


3.2.9.2 Construction of Phase Diagrams 

The Different Types of Phase Diagrams 

Several types of phase diagrams can be used in rock weathering studies. 
Considering chat the effects of P, pressure, and T, temperature, variations are 
negligible for the formation of mineral phases at Earth surface conditions, it is 
possible to reduce the number of intensive variables to the chemical potentials 
of elements which are active in the different microsystems. According to 
Prigogine and Defay (1954), the chemical potential of a component i, can be 
defined by the following equation: 

Hi = ^0i(P,T) + RTlny ixi + g E , - n 6 ,. 

The terms are defined as follows: 

This term refers to a pure substance. In a given system, the variation in 
chemical potential is a function of the intensive variables, pressure (P) and 
temperature (T). 

RTlny ixi : This term refers to the effect of variable composition of a phase upon 
the chemical potential of component i; y ixi is the activity of i; R is the gas 
constant (1.987 x 10 _1 kcal°C _1 mol _1 ) and T is the temperature on the 
Kelvin scale. This is the function of mixing. 
g E i: This term refers to the effect of structural configuration of a phase upon 
the chemical potential of component i which gives an excess function of 
mixing. 

When two or more phases coexist at equilibrium , the chemical potential 
of all the components in the system must be identical in each phase. 

Phase diagrams can be used to describe the changes of mineral assemblages 
induced by weathering processes at the scale of microsystems. If the 
microsystem considered is strictly closed (water is strongly retained on the 
mineral surfaces and the submicroscopic pores), there is no intensive variable 
acting in the formation of new phases. The components of primary mineral 
chemicals are recombined inside the microsystem without any exchange with 
its environment. Generally, the secondary minerals produced are polyphase 
minerals. If the microsystem is partially open (water can move in microscopic 
pores), the chemical potential of the more soluble component becomes an 
intensive variable. The dissolution-precipitation reactions modify the chemi¬ 
cal composition of the microsystem; the number of secondary phases is re¬ 
duced compared to the closed microsystem. Finally, if the microsystem is 
totally open (free water circulating under gravity in macroscopic pores and 
fractures), several chemical components become totally soluble; their chemi¬ 
cal potentials act as distinct intensive variables. Figure 3.31 summarizes the 
different possibilities in a three-component system. 
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Fig. 3.31. Sketch showing the positions of the different microsystems in a soil. The adapted phase 
diagrams are related by the arrows; phase relations are depicted in a three-component chemical 
system ( x-y-z ). a Closed system (crystal microfissures or intergranular joints), the chemical com¬ 
ponents are inert; phases A, B and C are determined by the relative concentrations of x, y and z 
(triangle); b semi-open microsystem (altero or pedoplasma); one component (x) becomes an 
intensive variable; phase relations are controlled by the chemical potential of this component fix- 
y-z system); c open microsystem (mineral coatings in fissures where fluids circulate under gravity); 
phase relations are controlled by the chemical potential of two mobile components, only one 
component remains inert (jAx-fiz-y system) 

In summary, phase relationships in contact, plasmic and fissural micro¬ 
systems can be graphically studied using triangular composition, potential- 
composition and potential-potential diagrams respectively. 

How can one construct the correct phase diagram? 

First Step . It is necessary to define a simplified chemical space in which the 
composition fields of the mineral phases which have been identified, are rep¬ 
resented in the different microsystems (identification controlled by X-ray 
diffraction; composition given by microprobe analysis). Usually, in spite of the 
fact that natural rocks are composed of ten major elements, it is possible to 
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Fig. 3.32. Theoretical representation of a weathered profile in which the secondary phases are the 
following: M;M +N + 0;P + N and Q, in the altered coherent rock, the saprock, the saprolite and 
the fissures respectively. Composition fields of these phases are projected in the a-b-c chemical 
system. Observed and deduced mineral assemblages are represented by heavy and dotted tie-lines 
respectively 


reduce the chemical system to a few groups of elements which react, chemi¬ 
cally, in the same way. Indeed, some elements can be neglected because they 
are not decisive in the crystallization of clays and oxides or hydroxides phases 
(titanium for example); others can be grouped because of two reasons: 

1. They are not independent in crystalline structure of these phases (for 
example, in the silicate group, the number of O 2- and (OH) - anions is fixed 
in a given crystalline structure); 

2. They exhibit quite similar chemical behavior in the crystallization processes 
of the secondary phases (for example, Mg 2+ , Mn 2+ and Fe 2+ cations are 
interchangeable in the octahedral layer of phyllosilicates). Thus, one can 
attempt to simplify the representative chemical systems in order to select 
three elements, or groups of elements, which determine the presence of 
phases. For example, the composition fields of phases M, N, O, P and Q 
identified in a weathering profile are projected in the triangular chemical 
system a-b-c as shown in Fig. 3.32. 

Second Step. The mineral assemblages are determined by microscope 
observations, and are represented in the a-b-c triangle by tie-lines joining the 
phases which coexist. Coexistence means co-precipitation or replacement. The 
Gibbs’ phase rule indicates that the maximum number of coexisting phases is 
only 3 in a three component system: 

F = V + V - P 

A v ext “ v int A 

as = 0 in a closed system in the surface conditions, the equation becomes 
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F = 3 - P 

if F = 0, the maximum number of coexisting phases is P = 3; three phase 
assemblages are represented by sub-triangles in the a-b-c system. Of course, 
not all the assemblages depicted in the diagram are observed in the weathered 
profile, because the chemical composition of the unaltered rock is represented 
by a limited field in the three-component system; nevertheless, when a suffi¬ 
cient number of tie-lines are known, there is only one solution to draw the 
missing ones. For example, in Fig. 3.32, the identified assemblages M + N + O; 
P + N; Q and M are represented by heavy lines. The presence of the N-O 
phase tie-line excludes M-P from coexisting (tie-lines must not cross, Niggli 
1938). Consequently, the O-P, P-Q, N-Q and M-Q tie-lines (stippled lines) 
are necessary in order to respect the phase-rule relations (subtriangles). 

Third Step. The secondary mineral assemblages change throughout the 
weathering profile from the nearly closed microsystems, which are numerous 
in the altered coherent rock, to the totally open systems in fractures (Fig. 3.32). 
These changes are due to variations of the chemical potential of one or two 
components. For example, if component a becomes an intensive variable, the 
succession of mineral assemblages in the profile is controlled by the variation 
of p a from high values in the closed microsystems to low values in the open 
ones. Thus, a sequence of p a equipotentials can be determined which depicts 
the mineral succession in the profile. The total number of equipotentials (N) 
necessary to describe all the mineral assemblages represented in the a-b-c 
system is given the following relation: N = N tri + 2 where N tri is the number of 
three-phase assemblages represented in the triangular diagram (Meunier and 
Velde 1979). A p a -b-c phase diagram can be derived from the triangular one 
(Fig. 3.32). 

Fourth Step . In totally open microsystems such as fractures in the rock, 
mineral reactions are controlled by the chemical potentials of two elements. 
For example, if component b remains inert while components a and c become 
active, the best adapted diagram will be the p a -p b -c one. Such a diagram can 
be constructed in combining the p a -b-c and p-a-b diagrams derived from the 
a-b-c one (Figs. 3.33 and 3.34) as shown in Fig. 3.35. 

3.2.10 Summary and Conclusions 

Soils and weathered rocks appear to be complex materials in which different 
physical, chemical and biological processes continuously transform organic 
and non-organic substances. The most important facts which must be kept in 
mind through out this chapter are the following: 

1. The soil structure may change seasonally, whereas the weathered rock 
structure is permanent and inherited from the parent rock. 

2. Although many parameters act in the formation of soils and weathered 
rocks (climate, age, topography, vegetation etc.), it seems that the most 
important parameter is the quantity of water which flows through. 
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Fig. 3 .33. Derivation of a potential-composition diagram from the composition diagram; assuming 
that component a becomes an intensive variable, all the mineral assemblages defined in Fig. 3.31 
are depicted by a sequence of 6 equipotentials. A fi a -b-c diagram is derived as shown. The 
triphased assemblages are formed for some fixed values of fi a ; they are indexed by the same 
numbers as in Fig. 3.31. The composition fields of O, P, N, Q are shown by areas; the stability field 
of phase M is represented by a stippled area (see text for details) 


3. In spite of the fact that soils as well as weathered rocks seems to be 
dramatically complex at the microscopic scale, mineral reactions proceed in 
a few types of chemical microsystems. 

Whatever the apparent complexity, an accurate observation of minerals and 
structures at different scales is the best tool we have, to determine the mecha¬ 
nisms of such continuous transformations. Thus, a general method for the 
study of soils or weathered rocks can be proposed: 

1. As far as it is possible, observations must be made at different scales in 
order to determine the geometrical properties of the structure. 








a 


b 

Fig. 3.34. Derivation of a fi-a-b diagram. The procedure is identical to that given in Fig. 3.32; 
the mobile component is c 



Fig. 3.35. Construction of a \L a -\L c -b diagram depicting the phase relations when two components 
(a and c ) behave as intensive variables. Triphased assemblages are formed only for fixed values of 
p a and p c (no degrees of freedom); they are represented by small triangles ; numbers are identical 
as in Figs. 3.31, 3.32, and 3.33 








Origin of Clays by Rock Weathering and Soil Formation 


87 


2. Then, mineral identification (X-ray diffraction) must be accurate enough to 
recognize the location of the phases or assemblages in the structure at the 
microscopic scale. 

3. The chemical compositions of the different primary and secondary minerals 
involved in the reactions must be measured at the scale of the microsystems 
(electron microprobe). 

4. Finally, petrographic observations, chemical data (microprobe) and min¬ 
eral identification (XRD analyses) must be linked together by means of 
phase diagrams, in order to determine the mechanisms of the mineral 
reactions. 

This four-step method is essentially applied to the study of weathered profile. 
It needs to be modified for soil study because microsystems are more complex 
and more difficult to observe directly under optical microscope. This will be 
explained later on. 


3.3 From Rock to Soil: The Granite Example 


The guide lines for phase analysis and the determination of the influences of 
the physical parameters on rock weathering and soil formation have been 
outlined above. However, a demonstration of their applicability has not been 
made, yet. We would like to demonstrate the analysis method described above 
as applied to a real case of the alteration of a rock type under a given climate 
at the Earth’s surface. In doing this, a careful analysis is made to illustrate the 
use of the methods. The conclusions are drawn and the influences of structure, 
chemistry and the physical parameters are assessed as a function of their 
relative importance. In doing this it is hoped that the analysis method can be 
understood and that the subsequent analyses of soils and rock weathering 
which are presented will become clearer to the reader. The method proposed 
is that shown above applied to soil formation and the weathering processes 
developed on a granite. Why granites? They are among the most widespread 
rocks found at the surface of continents; thus, soils derived from granites, as 
well as weathered rocks, are well represented in large areas of many countries. 
The detailed study which is proposed in this section aims to describe the 
mechanisms which govern the transformation of a hard rock into a friable 
sandy material and then into a soil. It appears that soil properties depend more 
on the water regime than on the mineralogical and chemical properties of 
the parent rock. The formation of more or less horizontal layers (horizons) 
indicates that the governing mechanisms are chemical transfers and particle 
translocation from the atmosphere interface. In contrast, weathering pro¬ 
duces a friable rock in which the structural, mineralogical and chemical 
characteristics are strongly dependent on that of the parent rock. Usually, 
the transition between soils and weathered rocks is sharp. Both can be con- 
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sidered at first glance as independent environments. Soils and weathered rocks 
will be studied separately. As the first secondary minerals form from the 
primary granitic minerals, it seems more logical to begin with the weathering 
reactions. 


3.3.1 Clay Formation in Weathered Granite 
Under Atlantic Climatic Conditions 

3.3.1.1 Weathered Profiles on Granitic Rocks: 

The First Stages of Weathering 

The weathering intensity is classically considered to regularly increase from 
the freshest rock at the bottom of the profile to the most altered zones at the 
top. Thus, the profile is composed of a vertical sequence of horizons: fresh 
rock, coherent slightly altered rock, saprock and saprolite. This is usually an 
oversimplification, since such a vertical sequence is rarely observed. In par¬ 
ticular, weathering does not produce a regular and continuous coat above the 
granitic massifs. Erosion, as well as preferential alteration in the fractured 
zones, greatly modify the theoretical vertical distribution of the different 
horizons. It is common to observe weakly altered zones above deeply altered 
ones. Besides, heterogeneities are commonly observed in a given zone at the 
centimeter scale: for example, small volumes of coherent rocks are often seen 
in a friable zone. Figure 3.36 shows the most common occurrence of weathered 
profiles developed under an Atlantic climate in the Armorican Massif 
(Meunier and Velde 1979). It is composed of the following zones: fresh rock, 
coherent slightly altered rock, saprock (structure conservative friable mate¬ 
rial) and saprolite (restructured clayey zone). 


The Coherent Slightly Altered Rock 

This zone is not systematically found at the bottom of the profile: for example, 
it is seen in the right part of the La Rayrie profile as large blocks outcropping 
through the soil cover (Fig. 3.36). The granite remains coherent, representing 
the initial stages of alteration via the weathering process. New phyllosilicate 
phases are found along the microcracks and discontinuities of the rock struc¬ 
ture. These are grain boundaries, internal microcracks in grains and 
polycrystalline microfissures. Consequently, the energy state of water is high; 
the microsystems can be considered as closed. Two stages are noted: 

1. The first new mineral to be formed is illite which grows on the (001) faces 
of muscovite or biotite found in grain to grain contact with potassium 
feldspar (Fig. 3.37a). At a slightly later point in stage 1, dioctahedral and 
trioctahedral vermiculite are found along the muscovite-biotite interfaces 
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Fig. 3.36. The La Rayrie weathering profile on a granitic rock (Meunier 1980). 1 Colluvial soil; 2 
white zone in which the initial granitic structure is modified; 3 saprock; 4 fissures filled by a reddish 
deposit; 5 altered coherent rock 
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Fig. 3.37. Microphotographs of some weathering microsites in the La Rayrie profile, a Illite 
growth on a muscovite-orthoclase intergranular joint. This microsite can be considered as a closed 
microsystem; b alteration zones at a muscovite-biotite intergranular joint (parallel to the 001 
crystal faces). Muscovite mu and biotite bi are replaced by a dioctahedral vermiculite Ve 2 + 
kaolinite ka and a trioctahedral vermicilite Ve 3 + kaolinite secondary mineral assemblage; 
c microfissure outlined by a clay coating coat at the muscovite-biotite intergranular joint 
(orthogonal to the 001 crystal faces); the coating is composed of kaolinite + Fe-hydroxides 


(Fig. 3.37b). These minerals are the only ones to be found at grain contacts 
where two preexisting phases participate in the formation of a weathering 
mineral (contact microsystems). 

2. The primary minerals destabilize internally. Kaolinite is found in micro¬ 
cracks in plagioclases. Beidellite-montmorillonite (smectite) zones are 
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apparent in potassium feldspars in more altered grains of the slightly al¬ 
tered rock. Kaolinite is at times also present. It should be noted that there 
is no evidence of new mineral growth along quartz grain boundaries, nor is 
there evidence of dissolution even though these zones are quite permeable 
(Parneix and Meunier 1983). The accessibility of water to minerals is obvi¬ 
ously the more important factor in the early stages of alteration. This 
accessibility is strongly dependent on the initial microfissuration as shown 
by coloration techniques (Rassineux et al. 1987). 


The Saprock 

The altered rock becomes friable (i.e., individual grains are loosened with 
one’s fingers) in hand specimen but the structure of the crystalline granite is 
still visible, i.e. initial feldspars can be distinguished with respect to quartz and 
mica grains, even though their color and general aspect is greatly modified. In 
this zone, all primary minerals except quartz are internally destabilized 
(alteroplasma) showing single or multi-mineral assemblages of phyllosilicates. 
Biotite produces a trioctahedral vermiculite + kaolinite + iron oxide assem¬ 
blage. Muscovite forms a dioctahedral vermiculite + kaolinite assemblage (Fig. 
3.37c). Plagioclase recrystallizes into single-phase kaolinite zones. Orthoclase 
is seen to recrystallize into alteroplasma zones sometimes with sericite (largely 
due to deuteric alteration in the late stages of the magmatic evolution) but 
more often with vermiculite or beidellite and kaolinite. In all cases, the initial 
magmatic minerals form a new alteroplasma which wholly or partially replaces 
the initial grains without changing the dimension of the grain zone. Thus, the 
mineral transformations observed depend upon the original chemistry of the 
minerals which were destabilized by the altering solutions. In other words, 
several chemical components are extensive variables of the system (inert 
components: Fe, Al) while others are intensive (mobile: alkalis, Ca and Mg) 
variables. The rock structure becomes one of the mosaic of microsystems 
(Korzhinskii 1959) which are in internal equilibrium with an altering fluid. 


The Saprolite 

The altered rock becomes very friable and porous. The granitic structure is 
destroyed. In temperate climates, the saprolite zones do not form continuous 
horizons, as is the case in tropical climates (Nahon 1991). Instead, white 
patches or bands are found which cut the saprock mass. Parental minerals are 
largely destroyed, except quartz, and one finds a general plasma (pedoplasma) 
structure in thin section. The reorganization of old and new phyllosilicate 
phases in the pedoplasma creates new chemical potentials which crystallize 
new minerals. In this zone, the assemblage illite + kaolinite has been identified, 
it replaces such minerals as dioctahedral vermiculites and smectites, mixed 
with remaining debris of orthoclase. 
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Fissures 

Micro- and macrofissures (from micrometer to centimeter widths) are found 
throughout the alteration profile. They are always coated with clay deposits 
which have been transported by the aqueous flow in the system. Thus, at any 
point in the profile (slightly altered rock, saprock, saprolite) the only minerals 
found in fissures or on fissure walls are kaolinite and iron oxides (Fig. 3.37c). 
If the altering fluid in a profile is collected, i.e. that fluid which flows easily in 
the profile through the large fissures, it will be in equilibrium with kaolinite 
(Feth et al. 1964). This indicates that the other clay minerals which are also 
transported (vermiculite, smectite) are not stable in such diluted solutions. 
Their absence must not be taken as an effect of a selective translocation but 
rather as a result of their dissolution. 

In summary, the following key mineral assemblages in the different zones 
of alteration will be: 

1. veins: kaolinite + iron oxides (deposit after transportation: coatings) 

2. saprolite pedoplasma zones; illite + kaolinite 

3. saprock alteroplasma zones: beidellite (smectite) + kaolinite 

4. altered rock grain contacts: illite + orthoclase 

5. initial rock grain contacts: orthoclase + muscovite. 

The above table was constructed from the data of Meunier (1980) and 
Dudoignon (1983) for the profile of La Rayrie. Mineralogical observations are 
given in the studies of Harriss and Adams (1966), Bisdom (1967), Wolff 
(1967), Sikora and Stoch (1972), Gilkes et al. (1973), Rice (1973), Eswaran and 
Bin (1978) and Boulange (1984) from other profiles. These assemblages do not 
include biotite or its reaction products which contain magnesium and iron. 
This phase has been left out in order to simplify the chemical system under 
consideration. It appears that there is little interaction of the biotite with the 
other minerals in the altered rock, saprock or saprolite zones. Since the min¬ 
eralogy of the altered biotite is similar to that of altered muscovite 
(vermiculite + kaolinite), it will be assumed that the exclusion of this mineral 
will not greatly change the interpretation which follows. 

The problem of plagioclase must be considered here. It has been noted in 
the La Rayrie profile, as well as in others, that the plagioclase is replaced in the 
early stages of alteration by kaolinite (or halloysite). This introduces the phase 
which is typical of the latest stage of alteration into the early parts of the 
alteration sequence. Essentially, the assemblage is one of kaolinite plus silica 
in solution, which cannot crystallize a phase which would form at silica satura¬ 
tion. Possibly, one can propose that the sodium and the calcium of plagioclase 
do not seem to play the role of potassium. Neither mica or smectite replace the 
plagioclase. The only micaceous mineral to form under surface conditions is a 
potassic one. Neither paragonite nor margarite have been found to crystallize 
in natural surface environments (Velde 1985). Hence, Na-Ca plagioclases do 
not form micas. A second observation critical to an understanding of phase 
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relations is the lack of albite found as surface mineral. The Na and Ca 
tectosilicates observed at surface conditions are normally zeolites (Velde 
1985). Since high pH and silica activity is needed to form these minerals, it is 
possible that lack of silica in solution and the low pH reduces a kaolinite + 
plagioclase + zeolite field to an aqueous solution-kaolinite tie-line. Silica 
activity would not be high enough to establish a smectite mineral in the local 
plagioclase alteroplasma environment. At the early stages of alteration, the 
alkali potential (sodium and calcium in this case) is still too high to form a 
smectite, but the potential of Si released into solution is too low to produce a 
zeolite. The kaolinite forms as a metastable mineral, relative to the others, 
forming at the same level of alkali (potassium) potential in the sequence. In 
the alteroplasma environment of the plagioclase grains, the ratio Na + Ca to K 
is such that the system is no longer one of K + Na but of Ca + Na, and the phase 
relations change in that there is no mica phase present (see Helgeson et al. 
1969). 


3.3.1.2 Construction of Phase Diagrams 

Composition Diagram 

Initially, one must proceed to place the mineral compositions of the phases 
observed into a chemical framework. Given the phases which occur in weath¬ 
ering as a result of the basic granite composition, it is possible to restrict the 
chemical parameters necessary to describe the reaction observed. Three com¬ 
ponents are used: silica, alumina and alkalis. This simplification has been used 
for quite some time (Garrels and Christ 1965). The assimilation of calcium 
with alkalis is possible because no calcic silicate (zeolite or margarite) forms 
during granite weathering. Magnesium has a minor role in the system. Iron is 
initially present in the granite primary minerals, but it quickly becomes an 
unreactive element as far as the silicates are concerned because it forms an 
insoluble oxide Fe 2 0 3 . In using the three components of Si, Al and alkalis 
(Na + K), we then automatically ignore the existence and evolution of biotite, 
if it occurs in the granite. As it turns out, this phase does not appear to react 
with the aluminous minerals to a great extent in the weathering process, and its 
exclusion should not greatly affect the phase relations described (Meunier 
1980). In fact, the biotite forms the silicate phases, as do the muscovites in the 
granite. The presence and chemical activity of quartz poses a problem to the 
interpretation of phase diagrams at low temperature. As has been pointed out 
by Velde (1985), the very low reactivity of quartz at surface conditions ex¬ 
cludes it from the active components in most silicate systems. Silica saturation 
of a solution normally gives a solid phase in the form of a precipitate of 
amorphous material. This occurrence has not been noted in the weathering of 
granites, at least in temperate and tropical climates. Thus, in the system 
studied, the solutions behave as if they were undersaturated with respect to 
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Fig. 3.38. Phase diagram representing the mineral relations in surface conditions in the Si-Al- 
K,Na system (see text for detailed explanation), il Illite; or orthoclase; sm smectite (expandable 
minerals including vermiculite); ka kaolinite; gi gibbsite. Triphased assemblages are indexed from 
1 to 7. Heavy tie-lines represent the mineral assemblages observed in the La Rayrie profile 


Table 3.2. Mineral assemblages in weathered granite classified according to the microsystem 
under which they formed 



Mineral. Assemblages 

Microsystems 

1 

Illite + K-feldspar 

Contact microsystems 

2 

Illite + Expandable minerals 

Contact microsystems 

3 

Kaolinite + Expandable minerals 

Alteroplasma microsystems 

4 

Illite + Kaolinite 

Pedoplasma microsystems 

5 

Kaolinite (+ Fe-oxides) 

Fissural microsystems 

6 

Kaolinite + Gibbsite or Gibbsite (+ Fe-oxides) 

Residual microsystems (Tropical climate) 


amorphous silica in their Si0 2 -rich portion. The low reactivity of the stable 
form of silica (quartz) will have a consequence on the phase diagram derived 
from the observation of the natural assemblages: since silica is not found as a 
mineral phase, the assemblages will be buffered by the next most stable 
siliceous mineral. Gibbsite, which is commonly found in weathered rocks 
under tropical climates, was not seen in the studied profile. Thus, it represents 
a boundary phase only. 

Figure 3.38 shows the compositions of the mineral phases found in Table 
3.2 as projected into the Si-Al-Na,K system. The petrographic observations 
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made above allow one to place the tie-lines between the minerals to form the 
basic mineral assemblages. The mineral pairs illite + kaolinite, kaolinite + 
smectite and orthoclase + illite are thus established. This excludes the 
destabilization of plagioclase (see explanations above). 

The relations between illite, orthoclase and quartz in the alkali-silica- 
alumina system are not established. Since, as has been mentioned previously, 
the reactivity of quartz is very low and the solutions are never saturated with 
Si0 2 it is probable that the mineral equilibria in solution will be controlled by 
another mineral, such as the smectite instead of quartz. In this way, one 
establishes the active or effective tie-line orthoclase-smectite instead of 
the illite-quartz tie-line which might represent a more stable mineral pair. The 
illite-smectite tie-line is based upon reports in literature (cited above) of the 
coexistence of these minerals. Its justification by our petrographic observa¬ 
tions will follow in the section concerning the chemical potential-composition 
diagrams. 

It is useful at this stage to establish the lines of equipotential for the 
elements which are likely to become mobile or intensive variables in the 
system of chemical weathering (Korzhinskii 1959; Spear et al. 1982; Meunier 
and Velde 1986). These lines should be based upon the observations of relative 
mineral instability at a given level of alteration intensity. In other words, when 
one sees illite forming with smectite, do other phases form at the same time, or 
after this mineral assemblage? Such an analysis is a cross-check on the use of 
a given representation of mineral assemblages. In the composition diagram of 
Fig. 3.38, the key equipotential is number 7 which includes the illite-kaolinite 
tie-line and the illite-smectite tie-line assemblages. This is justified by the 
observed destabilization reaction, illite —» kaolinite + smectite (vermiculite), 
found at level 8. This reaction implies that the two-phase field or tie-line occurs 
below the illite stability or the equipotential line number 7. This renders an 
orthoclase-kaolinite tie-line impossible. Such a situation can be found in 
Helgeson et al. (1969) whereas the illite-smectite tie-line which intersects the 
orthoclase-kaolinite tie-line can be found in Garrels (1984). The problems of 
the geometric configuration as a function of the tie-lines in the illite— 
orthoclase-kaolinite-smectite quadrilateral is discussed at length in Drever 
(1982). The observation that the alteroplasma of muscovite is made up of 
smectite and kaolinite, substantiates the illite-smectite tie-line. It should be 
noted that there is no evidence of a continuous solid solution of the smectite- 
illite series, such is found in mixed layering of the two components, in the 
weathering minerals. The I/S mixed layered minerals are typical of diagenesis. 


Composition-Chemical Potential Diagrams 

In our weathering system, it is evident that the rock is affected by a loss of 
material. In general, two elements have been considered in the past as mobile 
species: Si and alkalis (Na, K). This is the classic approach given by Garrels 
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and Howard (1957). If one considers both elements to be intensive variables of 
the system, i.e. their chemical potential to be variable, the phase diagram 
which results presents large mono-mineral fields with two or three phase 
assemblages found at very restricted conditions of the variable chosen. One 
can say that the system is buffered by the solutions present. In our granite, it 
was found that there are usually two-phase clay mineral assemblages present. 
This suggests that there are not two but only one chemical element acting as a 
fully intensive variable. Such an eventuality leads to a chemical potential- 
composition diagram such as is represented in Fig. 3.39. 

In the weathering of the surfaces of minerals, it has been noted that 
hydrogen is introduced into the solid phases. As a result, the chemical poten¬ 
tial of H + (pH) should be considered in the weathering process, as was pro¬ 
posed many years ago. If the compositional representation of Fig. 3.39 is 
considered as a combination of Si-Al-(Na + K)/H + , the use of aqueous 
equilibria is much easier. In this way, one can conceive of an aqueous solution 
which dissolves orthoclase by adding (OH)~ to the silica and alumina compo¬ 
nents, so that all species are dissolved. One can then approach natural condi¬ 
tions of alkali and hydrogen ion concentration as independent variables; one 
must assume that all reaction boundaries are orthogonal to the projection of 
the chemical system, i.e. there are no field boundaries which can exist over a 
range of K + to H + ratios. Also, the solids, such as Si0 2 and A1 2 0 3 must not be 
destabilized by a change in pH alone, such as is known at extreme values of 
pH. In our representation of the chemical phase relations we will use the 
representation of |i x -X, as proposed by Korzhinskii (1959). In fact, the weath¬ 
ering sequence produced in granites is strongly buffered by the minerals 
present and the initial pH of the rain water which is introduced into the rock- 
clay system. The pH could vary by two or three whereas the concentration of 
alkalis reduces to an infinitely small quantity in the upper zones of weathering. 
Therefore, the variable of greatest interest is the activity of the alkalis, which 
will have a greater effective range than that of hydrogen ions. 

Here, we have chosen to represent the silica and alumina as extensive 
variables and the alkalis (less hydrogen-ion activity) as the intensive para¬ 
meter, where their chemical potential is the variable to be considered. The 
equipotential lines traced in Fig. 3.39 use the alkali chemical potentials which 
occur between the values where major mineral transformations take place. 
The important feature of the diagrams is the compression of the three-phase 
fields of the triangular diagram into a single equipotential (Korzhinskii 1959; 
Spear et al. 1982). We cannot distinguish, at present, between the relative 
positions of certain phase reactions as a function of chemical potential on 
either side of a single phase in Al-Si dimensions; i.e. the position of the illite- 
gibbsite-solution line with respect to the illite-smectite-orthoclase line be¬ 
cause our data do not sufficiently cover the aluminous assemblages. Gibbsite 
has been reported in early stages of granite weathering (Velde 1985) but was 
not found in this example. Because the phase associations have not been 
determined, the mineral occurrence will not be discussed further. Several of 
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Fig. 3.39. Derivation of the [i NaK -Si-Al phase diagram using the 9 equipotentials (see text for 
detailed explanation). Abbreviations are identical to those used in Fig. 3.38. Triphased assem¬ 
blages are indexed by numbers in triangles ; compositions of phases in triphased assemblages are 
indicated by dots. Solutions and solid solutions are represented by dotted areas. The chemical 
domains of the different microsystems are indicated by letters: a contact; b alteroplasma; 
c pedoplasma; d clay deposits on fracture walls. Alteration processes are indicated by downward 
trajectories, stippled lines , which converge toward a monophased kaolinite assemblage 
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the reactions do not necessarily occur at the same equipotential but they will 
be near one another. Thus the general relations of the diagram are the prob¬ 
ably correct, but some of the details are not established. 

In the potential-composition representation we can fix the position of 
illite in the presence of orthoclase as a function of Si-Al content from the 
chemical data (electron microprobe analyses). Also the existence of illite in 
contact with kaolinite is known. Therefore, the illite-smectite boundary is 
fixed by the smectite composition. The composition of the smectite at the 
illite-smectite-orthoclase boundary is fixed by the maximum Si content of 
illite found in this assemblage. The extension of the smectite composition to 
the silica-rich side of the diagram is not established, nor is the alumina content 
of illite in the presence of gibbsite. However, it is clear that the compositions 
of both illite and smectite become more aluminous as the chemical potential of 
alkalis decreases. 

If we assume the phase diagram to be correct, it is possible to make a 
certain number of general deductions concerning the behavior of minerals and 
solutions in which they occur. In the instance of the first stages of alteration, 
i.e. where the solution just penetrates the magmatic minerals and is therefore 
almost in equilibrium with the previously formed clay minerals present, the 
composition of the solution is alumina-rich with respect to the mineral. This is 
seen in the series of solution-solid curves in the upper part of the diagram. The 
muscovite-orthoclase contacts are active because the muscovite buffers the K + 
to H + ratio of the solution at a level where orthoclase is no longer stable. Illite, 
the siliceous low-temperature equivalent of muscovite, crystallizes. The 
quartz-orthoclase contacts are not active because the buffering effect of mus¬ 
covite does not exist. The solution reaches equilibrium with orthoclase. 

Once the solution is buffered by the active clay minerals, the change in the 
Si/Al content is less important, but there is still a tendency to lose silica. The 
active part of the system, excluding quartz, becomes one in which the clay 
minerals illite, smectite (vermiculite) and kaolinite control the Al/Si content of 
the solution. In this zone, the chemical potential of alkalis is at an intermediate 
value. If we assume that the system is in the late stages of weathering, the 
initial solutions are dilute in the content of all dissolved solids. If quartz 
remains inactive, the tendency for the system will be to produce the next more 
siliceous mineral from the assemblage illite-smectite-kaolinite which is 
present. In the zone of lowest chemical potential of alkalis, this phase is 
kaolinite. If one recalls the mineralogy of the fracture zones in the rock, one 
finds that kaolinite is the only clay mineral present. Thus, in the situation of 
dilute solutions, one finds a monomineral assemblage. However, this might 
simply be due to the fact that the quartz will not react rapidly enough to buffer 
the assemblage. 

The fact that the saprolite pedoplasma contains the assemblage illite + 
kaolinite, indicates that there is a general loss of silica in the weathering 
sequence, since the bulk composition of the granite should initially lie some¬ 
where in the area between orthoclase and muscovite, excluding the inactive 



Origin of Clays by Rock Weathering and Soil Formation 


99 


quartz component. Thus it is evident that the loss of silica is gradual but 
persistent throughout the process of granite alteration in a temperate climate. 

As a counter proof of the correct choice of the alkali chemical potential as 
the chemical component which is an intensive variable, we can attempt to 
construct the phase diagram using the Si component as the intensive variable, 
keeping the alkalis as extensive variables. This analysis is presented in Fig. 
3.40. 

It can be seen immediately that the first phase to be found in such a 
situation, at maximum silica chemical potential in solution, will be the smectite 
mineral. As one will remember, the first mineral to form was seen to be the 
illite mica. Thus the representation of silica as the intensive variable is not 
correct. 

Chemical Potential-Chemical Potential Representation 

The most conventional method of representing the clay mineral assemblages 
found to be modified by aqueous solutions, is one of chemical potential against 
chemical potential (or the ratios of these values in some cases). The arguments 
for the use of potential-composition diagrams in the case of the granite weath¬ 
ering in temperate climate conditions have been given. However, other condi¬ 
tions prevail for surface alteration processes in the tropics where soils and 
altered rocks tend to form mono-mineral zones as horizons instead of veins, as 
in temperate climates. The most intense weathering, forms concentrations of 
gibbsite at the surface which grades into kaolinitic zones (Nahon 1991). 
Boulange (1984) has further identified a smectite-rich zone at the base of the 
kaolinite zone. This horizon is much smaller in extent, centimeters, compared 
to the normally plurimetric sequences of kaolinite. Here, there is a good 
evidence that the system is guided by a multi-chemical potential variability 
where probably only the alumina is an inert, extensive variable. If we trans¬ 
pose the diagram of alkali potential-composition into coordinates of silica 
potential and alkali potential, we obtain the result as given in Fig. 3.41. 

Again, it is assumed that all of the phases are stable over the common 
ranges of pH found in granite weathering. In the figure, the reaction bounda¬ 
ries are shown as curved lines. It is certain that phase reactions between 
minerals of variable composition will produce curved phase boundaries 
(Garrels 1984; Meunier and Velde 1986). However, those presented here 
could not be calculated due to a lack of chemical data, since not all of the 
mineral compositions are known for the different reaction boundaries in the 
granite system under study. It seems reasonable to omit the details for the time 
being. The topology is correct, respecting the interdiction of a phase-boundary 
intersection of an invariant point at a sector angle of more than 180°. The 
applicability of the diagram to weathering in tropical zones has been men¬ 
tioned. In the case of the weathering in a temperate climate, only the open 
fissure zones found throughout the profile will be adequately described by 
such a diagram. 
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Fig. 3.40. Derivation of the |xSi-Al-Na,K phase diagram using the 9 equipotentials (see text for 
detailed explantion). Abbreviations are identical to those used in Fig. 3.39. Triphase assemblages 
are indexed by numbers in triangles ; composition of phases in triphase assemblages are indicated 
by dots 
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Fig. 3.41. Construction of the |i Si - 
|i N a,K - Al phase diagram by combina¬ 
tion of the p NaK -Si-Al and 
|i Si -Al-Na,K phase diagrams repre¬ 
sented in Figs. 3.39 and 3.40 respec¬ 
tively. Triphase assemblages are 
indexed by numbers in triangles. The 
shape of the curved tie-lines is hypo¬ 
thetical 


Reaction paths for tropical weathering will be as follows: the unsaturated 
water which enters the upper profile will form either kaolinite or gibbsite, 
depending on which minerals are present in the soil, illite or smectite. If silica 
activity is very low, illite could transform into gibbsite. However, the normal 
succession is from kaolinite to gibbsite. Thus the initial minerals must be in 
equilibrium with a solution which is richer in silica. In the initial stages of 
weathering, in the rocks at points of microfracturing, the first reaction upon 
dilution of a solution in equilibrium with orthoclase will be to form either mica 
(illite) or smectite. Exact reaction paths can only be determined with more 
information concerning the precise mineral assemblages. The final product of 
granite weathering in tropical conditions is a soil composed of A1 and Fe 
oxides and hydroxides; A1 and F 3+ being the remaining inert components in the 
system. This new material was shown to be sensitive to water activity by 
Trolard and Tardy (1989). The variation of compositions of oxides and hy¬ 
droxides was calculated and presented in a p H20 -Al-Fe 3+ diagram. 


3.3.1.3 Summary 

It is apparent that a complete sequence of phase diagrams can be constructed 
on the basis of the mineral compositions found in the active part of an altera¬ 
tion sequence. The relative order, in the altering sequence, in which each 
reaction takes place will determine the position of the phases in a hierarchy of 
equipotential lines. Observed mineral assemblages will relate the phases in 
compositional space. The equipotential lines must follow the tie-lines between 
the minerals. Such tie-lines are established by petrographic observation aided 
by X-ray micro-diffraction (Rassineux et al. 1988). 



102 


D. Righi and A. Meunier 


It has been seen that the weathering reactions of granite under temperate 
climate are best represented in the alkali chemical potential versus Si-Al 
composition coordinates. The potential-potential type of diagram is best em¬ 
ployed in cases of weathering in tropical zones or highly drained areas where 
mono-mineral horizons (or nearly so) are encountered. In the case of weath¬ 
ering under temperate conditions, the lateral inhomogeneity gives various 
assemblages which indicate local control of the solutions by the silicates 
present. 


3.3.2 Soil Clays Developed on Granite Saprolite 
in the Temperate Zone 

Because they are young soils in which the transformation of initial minerals 
into clays is far from complete, clay transformation in soils of the temperate 
zone is certainly a difficult case to study. Moreover, granite (but also sedimen¬ 
tary rocks or superficial deposits) contains phyllosilicates such as mica and 
chlorite, the structures of which are very similar to those of clay minerals. 
Thus, it is often very difficult to distinguish inherited fine-grained 
phyllosilicates from clay minerals that formed in place. However, it is a fre¬ 
quent case encountered in Europe and North America. In these areas soils 
have been intensively cultivated for centuries and are subjected to pollution 
from farming or industrial activities. Studies of the nature and properties of 
clays from these soils should be done to answer properly the environmental 
problems facing the industrialized countries, even if the clay mineralogist 
would have preferred more academic examples. 

The methodology presented above for studying weathering must be modi¬ 
fied for the study of soils. Indeed, if the aim is the same (how mineral reactions 
proceed?), the particular structure of the soils and the very small size of most 
of the minerals (less than 10 pm) do not allow us to apply exactly the same 
sequence of analytical procedures. Direct observation of reaction sites under 
microscope is nearly impossible. Thus, the basic technique to employ is the 
fractionation of the material in different size classes. Each class is composed of 
polyphase mineral assemblages which can be accurately determined using 
mathematical decomposition of the complex bands of X-ray diffraction dia¬ 
grams. 


3.3.2.1 Methodology 

Clay formation in the temperate zone will be exemplified by a detailed study 
of clays from a soil developed from granite saprolite in the western part of the 
Massif Central, France (Righi and Meunier 1991). The soil is a typical 
Cambisol i.e. a soil with slight morphological differentiation, it is a good 
example of those encountered in granitic areas and, can be described as follow: 
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Soil Description 

0-8 cm: A12 , very dark greyish-brown sandy loam, strong, very fine-granular 
structure, friable, many medium and fine roots, bleached sand grains, few 
granite gravels, diffuse smooth boundary. 

8-15 cm: A2, dark yellowish-brown sandy loam, weak, fine-granular structure, 
friable, common fine roots, few granite gravels, clear smooth boundary. 
15-25 cm: Bw , dark yellowish-brown sandy loam, weak, subangular blocky 
structure, friable, few medium roots, granite gravels, diffuse wavy bound¬ 
ary. 

> 25 cm: C, yellowish-brown sandy loam, weak, subangular blocky structure, 
friable, gravely, few roots. 

The soil pH is about 5, cation exchange capacity (CEC) is low, ranging from 8 
to 18cmol c kg _1 (lcmol c kg _1 = Imeq/lOOg), organic carbon content is rather 
high, up to 6% in the A1 horizon. The clay content (2 pm) increases upward 
from 5 to 13% from the C to the A1 horizon. This clearly shows that clay is 
formed in the soil, other sources of clays, such as wind deposition or 
colluviation being negligible. Moreover, Fig. 3.42 shows that the clays that 
formed are predominantly fine sized clays (<0.2pm). 

Another interesting point is the increase in citrate-bicarbonate-dithionite 
(CBD) extractable iron, which represents iron as oxy-hydroxides. In the soil 
and parent rock (granite) iron is mainly present in silicates. The weathering of 
these iron-bearing primary minerals produces amorphous (short-range or¬ 
dered) Fe-oxy-hydroxides which generally occur adsorbed onto the clay parti¬ 
cle surfaces, and which are extractable by the CBD treatment. Therefore, an 
increase in the amount of CBD extractable Fe measures the increase in weath¬ 
ering of Fe-bearing silicates. 

Extraction and Preparation of Soil-Clay Samples 

The clay fraction (<2pm) is separated from the bulk soil sample by sedimen¬ 
tation following destruction of organic matter with hydrogen peroxide and 
removal of the Fe-oxyhydroxides with CBD. The whole clay fraction is then 



Fig. 3.42. Proportion of total clay in the 1-2 pm, 0.2- 
1.0 pm and <0.2 pm fractions in the different horizons 
of a soil 
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subjected to size fractionation according to the following sizes: <0.1 (im, 0.1- 
0.2 |im, 0.2-1.0|im, and 1-2 pm. Size fractionation allows one to separate newly 
formed soil clays, generally very fine, from their precursors which have larger 
sizes. The 2-5 (im and 10-20 (im silt fractions are also investigated as character¬ 
istic of the inherited minerals. 

Moreover, within the coarse fractions, magnetic separation allows the 
separation of Fe-bearing phyllosilicates, such as biotite and chlorite, from 
quartz, feldspars and muscovite. The combination of particle-size frac¬ 
tionation with magnetic separation, leads to fractions that contain only 
phyllosilicates; this is an important step for their further study. For example, a 
soil sample that contains quartz, feldspars, muscovite, chlorite and clay miner¬ 
als can be separated in a fine fraction (<0.2 (im) that contains only the clay 
minerals. Quartz, feldspars, muscovite and chlorite (inherited from the rock) 
are collected in a coarse fraction. From this coarse fraction, chlorite can be 
isolated by magnetic separation and subjected to specific investigations. 


X-Ray Diffraction: Identification of Minerals 

In the silt and coarse-clay (1-2 (im) sub-fractions, the phyllosilicates inherited 
from the granite saprolite are identified by X-ray diffraction. These minerals 
are mica, chlorite, vermiculite and interstratified mica/vermiculite and 
chlorite/vermiculite. Vermiculite and interstratified minerals originate from 
early stages of the alteration of biotite (a granite-forming mineral). 

A series of X-ray diffraction diagrams obtained from subfractions of de¬ 
creasing size is given in Fig. 3.43. For the finest subfractions, X-ray diffraction 
produces broad and overlapping bands instead of sharp and separated peaks 
found in the coarse fractions. Thus, a special treatment of the diffraction signal 
must be used to improve the reading of the diagrams. The broad bands 
are decomposed into elementary curves, using a microcomputer program 
(DecompXR, Lanson and Besson 1992). When the decomposition program is 
used, it is evident that the soil clays studied here are a complex mixture of 
three to five individual phases. However, a clear trend of evolution can be 
seen. 


3.3.2.2 Observations 

A complete description of decomposed XRD diagrams from the A1 clay 
subfractions is now given in order to illustrate how one can work with this 
complex material. 

Coarse Clays, in the range of 4-11° 20, only two major reflections 
are obtained from the 1-2 pm subfractions. They are attributed to mica (1 nm) 
and vermiculite (1.4 nm) respectively, these two minerals being inherited 
from the saprolite. The peak of mica is decomposed into two curves, one very 
sharp, indicative of a well-crystallized mineral, the second, broader and less 
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Fig. 3.43. X-ray diffraction dia¬ 
grams for clay fractions of decreas¬ 
ing particle size for the top horizon 
of the soil studied. Smectites are 
found at 1.42 nm, mica or illite at 
0.99 nm, mica/vermiculite mixed 
layers at 1.20 nm, and kaolinite at 
0.72 nm 


intense, indicating less material and some interstratification of vermiculite 
with mica. 

Fine Clays, compared to the coarse-clay fraction, the pattern of the XRD 
diagrams from the fine fractions (<lpm) are different. These diagrams give 
four or five basic curves instead of two. From the 0.2-1 to the <0.1 pm 
subfractions the following changes are observed (Fig. 3.44): 

1. The sharp peak at about lnm, still present in the 0.2-1 pm subfractions, 
disappears from the finer fractions. Only the second broad mica band, 
present as a smaller band in the coarse fraction, persists, but its position is 
shifted toward 1.02 to 1.07 nm and its width is increased; 

2. A peak at about 1.20 nm shows increased intensity and decreased width 
from the 0.2-1 to the <0.1 pm subfractions; 

3. A peak at about 1.40 nm becomes the most intense peak in the finest 
fractions. In the 0.2-1 and 0.1-0.2pm subfractions, the 1.40 nm reflection is 
made of two basic curves with either a large or a small width. This indicates 
the presence of two types of vermiculite particles, one with few layers in the 
stacking sequence (large width) the other with a better ordered stacking 
(small width); 

4. Smectite layers, or interstratified minerals with a smectitic component (ba¬ 
sic curve with a maximum of intensity at about 1.60nm), are observed in the 
<0.1 pm subfraction only; 
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Fig. 3.44. X-ray diffraction patterns 
of the fine clay fractions. Diagrams 
show decomposition peaks for the 
multiphase assemblage. Smectites 
are found at 1.658 nm, vermiculite at 
1.424 nm, illite/vermiculite mixed lay¬ 
ers at 1.218nm and illite at 1.027nm, 
< 0.1pm subfraction: 060 band at 
0.150 nm for dioctahedral minerals 


0.1-0.2pm 



O 



5. A rather strong peak at 2.38 nm is present in the <0.1 pm subfraction indi¬ 
cating the presence of an ordered interstratified mica/vermiculite (first- 
order reflection). 

The same general trend is observed for the sub-fractions from the A2 and Bw 
horizons, except for the finest subfractions from the Bw horizon in which the 
relative intensity of the peak at 1.40 nm is greater than for the equivalent A1 
horizon sample (less smectite and more vermiculite layers in the Bw sample 
than in the A1 sample). All the <0.1 pm subfractions contain mainly 
dioctahedral minerals as indicated by a broad reflection near 0.150nm. 



Origin of Clays by Rock Weathering and Soil Formation 


107 


3.3.2.3 Clay Genesis in Temperate Acid Soils 

The silt and clay fractions from the C horizon contain chlorite as individual 
particles, or clustered or separated layers, within interstratified minerals. 
Compared to the C horizon, the proportion of chlorite layers in the A1 horizon 
is much reduced in the fine-silt fraction (2-15 pm). Moreover, chlorite has 
totally disappeared from the coarse clay of that horizon (1-2 pm), but it is 
found in the finer-clay subfractions (<1 pm). The same remark can be made for 
the mica/vermiculite-interstratified and vermiculite layers. These are present 
in the fine-silt fractions but have disappeared from the coarse clays of the A1 
horizon. The distribution pattern of the mica layers in the different sub¬ 
fractions is quite the opposite: as they are the major component of the Al, 
1-2 pm subfractions, their proportion progressively decreases with the 
subfraction size. Thus, it is deduced that the large particles of chlorite, mica/ 
vermiculite and vermiculite layers are preferentially affected by mechanical 
fragmentation and dissolution. This results in the concentration of more resist¬ 
ant mica layers in the coarse clay subfractions. Weathered residues of chlorite, 
mica/vermiculite and vermiculite are accumulated in the fine clays. 

This can be seen at the scale of a single clay particle using high resolution 
microscopy. Figure 3.45 shows a complex clay particle made of mica layers 
associated with vermiculite and chlorite mixed layers. The mica core is appar¬ 
ently unweathered, whereas the chloritic and vermiculitic mixed layers are 
partly dissolved, leaving smaller residual particles which were analyzed in the 
fine clay fraction by X-ray diffraction. Mica cores are recovered mainly in the 
coarse clay fraction. 

Within the fine-clay fraction, if one makes the assumption that the finest 
subfractions are also the most weathered, the changes from the 0.2-1 pm to the 
<0.1 pm subfractions indicate that weathering proceeds via the transformation 
of mica layers through mica/vermiculite and vermiculite layers. Smectite layers 
are finally formed in the finest subfraction as end products of the mineralogical 
evolution. 


3.3.2.4 Composition and Properties of the Subfractions 

Cation Exchange Capacity 

CEC varies from 8.5cmol c kg _1 to 34.4cmol c kg -1 and increases from the large to 
the fine fractions (Fig. 3.46). A good agreement is found between the mineral¬ 
ogy of the subfractions, their K 2 0 content and CEC values. XRD shows a 
decrease in the proportion of mica layers, from the large to the fine sub¬ 
fractions, whereas the proportion of interstratified, vermiculite or smectite 
layers increases. This is consistent with the decrease in the K 2 0 content and 
the increase in the CEC. Thus, soil evolution induces the formation of fine 
clays with an increased CEC. 
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Fig. 3.45. Preferential weathering and fragmentation of chlorite, vermiculite and mica/ 
vermiculite or mica/chlorite mixed layer minerals in a complex particle. Smectites found at 
1.658 nm, vermiculite and/or chlorite at 1.424 nm, illite/vermiculite(or chlorite) mixed layers at 
1.218nm, illite at 1.053 nm (broad band) and mica at 0.998 nm (sharp band) 
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Fig. 3.47. Chemical composition of 
the separated fractions of different 
horizons in a soil profile, as plotted 
in a ternary system MR + -4Si-R 2+ . 
Squares C horizon; triangles Bw 
horizon; diamonds A 2 horizon; dots 
A x horizon. Numbers represent size 
fractions: 1 10-20M, 2 5-10 pm, 3 2- 
5 pm, 4 1-2 pm, 5 0.2-1 pm, 6 0.1- 
0.2 pm, 7 <0.1 pm 


Chemical Composition 

The chemical analyses of the silt and clay fractions are plotted in the M + -4Si- 
R 2+ ternary system (Fig. 3.47) but, because XRD shows that both the coarse 
and the fine fractions constit of more than one phyllosilicate species, the 
chemical analysis of such a fraction represents the bulk composition of the 
mixture. In the diagram, the chemical analyses of the silt and coarse-clay 
fractions are distributed along a line joining the R 2+ pole at one side and the 
composition of a high-charge beidellite at the other side. However, the high- 
charge beidellitic pole is not reached. Interpretation of Fig. 3.47 confirms the 
mechanism of preferential dissolution of the vermiculite and chlorite layers, 
leaving a residue consisting of K-depleted, charge-reduced mica layers with 
essentiall A1 in the octahedral sheet, seen as the sharp 0.99 nm peak in Fig. 
3.45. 

The chemical compositions of the fine clay subfractions from the Bw and 
A2 horizons are distributed along several lines joining the composition of 
montmorillonite in the M + -4Si-R 2+ diagram, indicating a change in the weath¬ 
ering pathway. The decrease in the layer charge and increase in the Si atom 
content are the new directions involved. Each transformed coarse mineral 
seems to produce a montmorillonite with a layer charge dependent upon its 
composition. The composition of the fine clays from the A1 horizon are 
different from the others. They are on a line joining muscovite and high-charge 
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montmorillonite. This could be due to a greater contribution of weathered 
dioctahedral micas in these fractions. 


Evidence for Hydroxy-Interlayered Minerals 

In acid soils, the interlayers of vermiculite or smectite are often occupied 
by non-exchangeable contaminants, these being hydroxy-Al, Fe or Mg 
polycations. Such clays are known as intergrade or hydroxy-interlayered min¬ 
erals (Jackson 1963; Barnhisel and Bertsch 1989). Evidence for interlayered 
contaminants is generally obtained by heating the K-saturated clay sample to 
increasing temperatures: 110, 300, 550 °C. In response to the heat treatment, 
interlayered contaminants induce a progressive and incomplete collapse of the 
interlayers. This results in an asymmetric XRD peak enlarged toward the 
small 20 angles. This is observed with the clays in this study; the collapse of 
the interlayers is progressive and, even after heating to 550 °C, incomplete for 
all the samples. An improved identification can be done using decomposition 
of the diagrams, as shown in Fig. 3.48. 

For the coarse clay (1-2 (im) subfractions, decomposition of the diagrams 
gives a sharp curve, with its maximum intensity at about 1 nm, attributed to 
completely collapsed interlayers. A broad curve with its maximum at about 
1.04nm is associated with the l.OOnm sharp curve. The intensity of this broad 
curve increases from the coarse to the fine fractions where it is prominent. 
Moreover, a third curve, centered at slightly higher d-spacings (1.08 to 
1.11 nm), is an important component of the XRD diagrams of the finest 
subfractions. These curves are attributed to interstratification of minerals 
having either collapsed or uncollapsed interlayers with hydroxy-contaminants. 
These appears to be more abundant in the finest subfractions. 

A chemical treatment (Na-citrate) can be performed to extract inter¬ 
layered hydroxy-Al (or Fe) contaminants. XRD diagrams of the treated sam¬ 
ples are compared to those of the corresponding untreated sample. If 
interlayered materials are extracted, the collapse of the mineral is greatly 
improved. The composition of the extract can be analyzed, giving information 
about the nature of the interlayered materials. When this done on the Bw, 
<0.1 pm subfraction (Fig. 3.48) only a small decrease in the relative intensity of 
the 1.09 nm peak is observed and the diagram for the sample which was K- 
saturated and heated to 550 °C is still strongly asymmetrical: the interlayered 
material is poorly extracted. For the Al, <0.1 pm subfraction an improvement 
of the collapse is observed, but the diagram is still asymmetrical (Fig. 3.49). 
However, compared to the Bw, <0.1 pm subfraction, the effect of the treat¬ 
ment is greater for the Al, < 0.1 pm subfraction. Moreover, the XRD behavior 
of the glycolated samples from either the Al or Bw, <0.1 pm subfractions is 
different. Compared to the untreated sample, the proportion of swelling layers 
(1.65nm) is strongly increased in the Al, <0.1 pm subfraction. This is an 
indication that most of the interlayered material is extracted by the treatment. 
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computed elementary 
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Fig. 3.48. Decomposed X-ray diffrac¬ 
tion diagrams for K-saturated and 
heated samples. Intergrade minerals 
exhibit incomplete collapse to lnm 
interlayer spacing 


The composition of the extract is also different according to the sample 
from which it is obtained. From the Bw, <0.1 pm subfractions large amounts of 
MgO (30% of total MgO) are extracted together with A1 2 0 3 and Fe 2 0 3 . 
Conversely, only small amounts of MgO are extracted from the A1 sub¬ 
fraction. As the interlayered material is quite well extracted from the A1 
sample and, as the extract contains almost exclusively A1 and Fe, it is pre¬ 
sumed that hydroxyl-Al and Fe are the interlayered materials in this sample. 
Despite the fact that Fe and A1 are extracted from the Bw horizon at the same 
levels as from the A1 horizon fraction, only slight changes are observed in the 
XRD behavior of the treated Bw sample. A large part of the interlayered 
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m . — computed elementary curve 
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Fig. 3.49. Decomposed X-ray diffraction diagrams for K-saturated and heated samples before and 
after Na-citrate treatment which extracts the interlayer hydroxy-A1 contaminants 

compounds is apparently not extracted. Compared to the A1 fraction, far 
larger amounts of Mg are extracted from the Bw fraction by the Na-citrate 
treatment. This is the result of partial dissolution of chlorite layers. The poorly 
crystalline parts of the minerals are dissolved by the treatment which, how¬ 
ever, does not result in its conversion to vermiculite. Therefore, it is likely that 
a chloritic mineral with a more or less stable brucite interlayer is a component 
of the Bw fine-clay fraction. As the Na-citrate treatment does not selectively 
dissolve the interlayered hydroxide sheet, the remaining undissolved minerals 
may contribute to the XRD intergrade behavior still observed for the treated 
sample. 

In conclusion, the origin of the intergrade minerals in the finest 
subfractions, either from the A1 or the Bw horizons, appears to be quite 
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Fig. 3.50. Organic carbon resistant to peroxidation vs non-exchangeable K 2 0 for separated size 
fractions. Cgkg~ J organic carbon per kg soil 


different. In the A1 horizon this fraction is identified mainly as a hydroxy-A1 
(Fe) intergrade smectite that may have been derived from the weathering of 
mica layers. In the Bw horizon, the major component is an intergrade 
vermiculite originating, at least in part, from chlorite layers. These differences 
are likely to be linked to the physico-chemical conditions which prevail in the 
horizons; the A1 horizon being more acid and richer in organic matter than the 
Bw horizon. In strongly acid and organic soils, chlorite may be completely 
dissolved, whereas when soil is weakly acid and poor in organic matter it 
transforms to vermiculite. 


Evidence for Clay-Organic Complexes 

Even after extended treatment with hydrogen peroxide, soil clay samples may 
still contain rather large amounts of organic carbon (Theng et al. 1986; 
Schnitzer et al. 1988). For example, organic carbon was found in the clay 
sample described above. There is a clear negative correlation between the K 2 0 
and organic carbon content (Fig. 3.50). As shown by the XRD study, these 
clays are a mixture of mica (illite) and vermiculite or smectite, i.e. minerals 
with no K in the interlayers but hydrated exchangeable cations. So, the de¬ 
crease in K 2 0 content means a decrease of the proportion of mica (illite) 
layers and an increase in vermiculite or smectite layers. The fact that the 
organic carbon content increases as the K 2 0 content decreases is a strong 
indication that organic carbon is associated with vermiculite and smectite and 
is probably located in the interlayers of these minerals. 
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33.2.5 Conclusion 


Clays in a soil which has developed from a granite saprolite under temperate 
climate originated largely from the mechanical fragmentation of pre-existing 
phyllosilicates, the clays produced from weathering of feldspars being far less 
abundant in soils than in the weathered granite. Phyllosilicates are granite 
forming minerals (e.g. muscovite, biotite) or are produced by alteration. 
Vermiculite was produced by weathering of biotite in the saprock. Chlorite 
was formed at an early stage by hydrothermal alteration of biotite. Kaolinite 
produced by granite weathering is found in the soil but only as a minor 
component of the clay mineral assemblage. 

In the soil, the mechanical fragmentation of inherited phyllosilicates 
preferentially affects chlorite and vermiculite (Fe-bearing minerals). Con¬ 
sequently, chlorite residues, with a typical XRD pattern of intergrade 
minerals, are the major component of the fine clays in the deeper soil horizon 
(Bw). In the surface horizon (Al), where weathering is more aggressive, a 
greater contribution of pre-existing dioctahedral micas is observed in the 
formation of fine-clay soils. These micas are mica/vermiculite, mica/smectite 
or vermiculite/smectite interstratified minerals. These clays also contain 
interlayered materials that would not be residual brucite layers, such as is 
found in the Bw horizon but hydroxy Al (or Fe) polycations. Figure 3.51 
illustrates schematically the evolution of muscovite, vermiculite and chlorite in 
an acid soil. 


3.3.3 Summary of Weathering Effects 


Mineral reactions in weathered profiles and soils occur within a few types of 
microsystems: grain contacts, alteroplasma, pedoplasma, fissures and soil ag¬ 
gregates. In these microsystems the local water/rock ratio and the chemical 
composition of primary mineral both control the clay phases that are formed 
by weathering. Contact and plasmic microsystems are rather closed systems 
with low water/rock ratios. Thus, the formation of the new clays is essentially 
controlled by the local chemical conditions which are dictated by the altering 
mineral chemistry: for instance, illite grows at the mica-orthoclase grain con¬ 
tacts, a high-potassium medium. Given the importance of rock chemistry, we 
will look in detail at the clays formed in weathering profiles of several rock 
types (Sect. 3.4). The profiles to be studied are all in the same temperate 
climates. Soil microsystems are totally open. They are directly exposed to 
climatic wetness fluctuations and the clay minerals formed are largely control¬ 
led by local water/rock ratios. Consequently it will be more convenient to 
describe clays of pedogenetic formation in various climatic conditions later 
(Sect. 3.5). 
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Fig. 3.51. Schematic evolution of primary phyllosilicates in an acid soil 


3.4 Clays Formed During Rock Weathering 

The granite example has provided a pattern of the weathering mechanism. 
The question is to know if this pattern is applicable to any rock whatever its 
particularities. Several profiles of magmatic, metamorphic and sedimentary 
rocks will be presented here, in order to show the effects of the chemical and 
mineralogical properties of the parent rock on the formation of the weathered 
profiles. Some examples were chosen because of their high contrast in chemi¬ 
cal or mineralogical compositions with granites: e.g. Fe, Mg-rich crystalline 
rocks and clay-bearing sedimentary rocks. 

3.4.1 Weathering of Basic and Ultrabasic Rocks 

3.4.1.1 Weathering Profiles 

In temperate climates, the weathering profiles which have developed on basic 
(amphibolite, gabbro) and ultrabasic rocks (serpentinite, peridotite) normally 
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Fig. 3.52. Schematic representation of weathering profiles developed on basic to ultrabasic rocks. 
1 Unaltered rock; 2 saprock; 3 saprolite; 4 clay-rich horizon with prismatic structure. (Ducloux et 
al. 1976; Ildefonse 1980; Proust 1983) 


show four distinct zones: 1 altered coherent rock; 2 saprock; 3 saprolite; 
4 prismatic level (which is a neo-structured clay-rich level under the soil) 
(Ducloux et al. 1976; Proust and Velde 1978; Ildefonse 1980; Fontanaud 1982; 
Proust 1983). These profiles are usually 1 to 3 m thick (Fig. 3.52). 

In tropical countries, such profiles frequently reach several tens of meters 
in thickness and produce large oxide and hydroxide deposits (Trescases 1973; 
Nahon and Colin 1982; Nahon et al. 1982; Delvigne 1983; Colin 1984; Boukili 
et al. 1983). Excepting amphiboles (hornblende), the major primary minerals, 
in such rocks are anhydrous; e.g. calcic plagioclase, pyroxenes (CPx and OPx), 
olivine and magnetite. However, most of these minerals are partialy or totally 
transformed during hydrothermal alteration or low-grade metamorphism 
events into hydrated phases; e.g. chlorite, antigorite, talc. Both hydrous and 
anhydrous phases react under weathering conditions to produce clay minerals 
associated with oxides or hydroxides. 

The weathering processes appear to be strongly dependent on the initial 
structure of basic to ultrabasic rocks. Altered profiles of macrocrystalline 
rocks (gabbros, amphibolites, lherzolites) have a similar organization to the 
granite profile, but those developed on serpentinite are obviously different. 
We shall distinguish these two kinds of rocks in spite of the fact that their 
chemical compositions are quite similar from the alteration view point. 


3.4.1.2 Weathered Macrocrystalline Basic Rocks 

As is the case for granitic rocks, the weathering process of basic rocks operates 
in microsystems. Contact microsystems dominate in the altered coherent rock 
level, producing saponite (hornblende-chlorite contact) or Fe-beidellite 
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(plagioclase-actinolite contact). In the saprock, the great contrast in composi¬ 
tion between the coarse-grained primary phases leads to the juxtaposition of 
different microsystems, producing the alteroplasma inside the primary miner¬ 
als. The secondary phases which crystallize are controlled by the chemical 
composition of the mineral host: aluminous clays are found in plagioclase 
(dioctahedral vermiculite, beidellite, halloysite); Al-Fe-Mg clays in 
amphiboles (trioctahedral vermiculite, saponite); Mg-Fe clays in pyroxenes 
and olivines (talc, saponite, Mg-rich gels). In the saprolite, the collapse of the 
original rock structure induces the reorganization of mineral assemblages. As 
a consequence, the local contrasts of chemical composition tend to be reduced. 
New secondary clay phases appear (di- and trioctahedral vermiculites) while 
the pre-existing ones such as saponite or chlorite/vermiculite mixed-layer 
change in chemical composition. The clay content becomes high enough to 
provoke the formation of prismatic structure. New clay minerals crystallize: A1 
and Fe 3+ -rich smectites + kaolinite in the saprolite of weathered aluminous 
amphibolite profiles; Mg-trioctahedral vermiculite or Mg gels + nontronite in 
saprolites developed on magnesian rocks (gabbro, peridotite). 

In open fractures which are found everywhere in the profiles (fissural 
microsystems), no magnesian clay phases are observed. Whatever the che¬ 
mical composition of the parent rock, the secondary phases produced are 
nontronite or Fe-beidellite associated with large amounts of Fe-oxide. Weath¬ 
ering parageneses are summarized in Table 3.3 (as the parental chlorite weath¬ 
ers to chlorite/vermiculite mixed layer, the secondary product is considered to 
be vermiculite for simplification of phase analysis). 

3.4.1.3 Weathered Macrocrystalline Ultrabasic Rocks 

The weathered profiles developed on ultrabasic rocks are organized differ¬ 
ently according to the size and crystalline structure of the parent minerals. In 
the case of a macrocrystalline rock which is partly or not serpentinized, such as 
the lherzolite studied by Fontanaud and Meunier (1983), the saprock repre¬ 
sents about half of the profile thickness (decimeters). The early alteration 
stages are controlled by chemical microsystems. The initial serpentinized 
lherzolite is composed of clinopyroxene, calcite, chrysotile, spinel and some 
orthopyroxene relicts. Two alteration stages can be distinguished in the 
saprock. The first weathering reaction is: pyroxene —> talc + Fe-oxide + Si and 
Ca in aqueous species. Talc is a highly siliceous and magnesian low-tempera¬ 
ture phase. At this stage, chrysotile and calcite remain unweathered. The 
second weathering reaction is the formation of saponite at the expense of 
pyroxene, talc and chrysotile. Calcite is dissolved and spinel is oxidized, but 
the initial structure of the rock is still conserved. Saponite is highly magnesian 
and Fe-rich. The new assemblage shows a bulk composition poorer in R 2+ ions 
than the previous one. There is a tendency to form a single-silicate phase 
assemblage in the saprock, because most of the Fe ions remain in the ferrous 
state and behave similarly to magnesium; Fe 3+ is fixed in oxides. 
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In the upper neo-structured clay-rich zone, a new assemblage appears. It 
is composed of aluminous saponite and nontronite which form big flakes. As 
oxidation of Fe progresses, a bi-phased clay mineral assemblage crystallizes in 
which each phase fixes preferentially one or other of the two inert components 
(A1 and Fe 3+ ). Fissures in the saprock and the restructured zones are filled by 
a Mg-Fe 3+ -Si gel and Fe-oxides; saponite becomes unstable. At this stage, the 
oxidation of Fe ions is total and the Mg loss is at its maximum. It is highly 
probable that aluminous saponite recrystallizes into nontronite via a con¬ 
centrated solution phase in which the gel precipitates. Nontronite can then 
be formed as Harder (1976) showed. For simplification, because the gel 
is a metastable phase, nontronite will be considered here as the stable one 
(Table 3.3). 

In summary, the important parameters which control the mineral reac¬ 
tions occurring during the weathering of ultrabasic rocks are p Mg and the 
oxidation of Fe 2+ ions. Their individual effects are difficult to distinguish since 
the decreasing of |n Mg is concomitant with the oxidation increase during the 
weathering process. Nevertheless, these parameters are independent: |n Mg is an 
intensive variable wheras the oxidation modifies the Fe 3+ composition of the 
microsystems (inert components). 


3.4.1.4 Phase Diagrams 

The bulk chemical composition of basic to ultrabasic rocks depends on the 
relative proportions of five major elements; Si, Al, Mg, Ca and on Fe (whose 
valence state changes with oxidation). Chemical mass balance calculated for 
each weathering profile shows that the variation in silica content is quite low 
from unweathered rock to the prismatic level and that the less soluble ele¬ 
ments (Al and Fe, when in the Fe 3+ state) are concentrated in the solid phases. 
Calcium and magnesium are the most exported elements in surface waters 
(Barnes et al. 1967, 1978; Tardy 1969; Barnes and O’Neil 1971; Nesbitt 1974; 
Pfeiffer 1977). However, there is an important difference between calcium 
and magnesium. Indeed, they can both fill the exchangeable sites in the 
interlayer of expandable secondary phases but only Mg is fixed in the crystal¬ 
line lattice of most of the secondary phases (talc, saponite, vermiculite). As a 
consequence, the Mg activity in solution and the oxidation of Fe 2+ ions 
are the determinant variables for the crystallization of the dioctachedral 
or trioctahedral clay phases. Therefore, it is possible to reduce the chemical 
composition of the solution-rock system to a three component one: 
Mg-Al-Fe. 

When plotted in the Mg-Al-Fe system, the chemical composition do¬ 
mains of the weathering minerals do not overlap in spite of extended solid 
solutions. For simplification, it should be noted that, kaolinite and iron oxides, 
which have very low Fe for Al substitutions, are represented by the Al-pole 
and the Fe-pole of the diagram respectively. Taking the amphibolitized gabbro 
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Fig. 3.53. Weathering profile on a gabbroic rock (Ildefonse 1980). Detailed petrographic views 
were drawn from microphotographs; the diameter represents 400 pm. Primary and secondary 
mineral assemblages are represented by open rectangles in phase diagrams (the choice of the Mg- 
Al-Fe system is explained in the text). No purely magnesian solid phase was identified in the 
argillized horizon; the Mg-pole is represented by solutions 


from Le Pallet (Ildefonse 1980) as an example, the sequence of alteration 
minerals is represented in Fig. 3.53. 

A general phase diagram (no mobile components) can be drawn consider¬ 
ing the stability or instability relationships between phases as observed in thin 
sections from different weathering profiles developed on macrocrystalline 
rock (Table 3.3; Fig. 3.54). Applying the phase rule for a three-inert-compo¬ 
nent system, the maximum number of coexisting phases will be three; conse- 
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Fig. 3.54. Phase diagram depicting the relationships between secondary minerals crystallizing in 
weathered basic to ultrabasic rocks in the Mg-Al-Fe chemical system. Triphase assemblages are 
indexed from 1 toll. Biphase assemblages are represented by dotted areas, ta talc; sa saponite; ve 3 
trioctahedral vermiculite; ve 2 : dioctahedral vermiculite; be beidellite; no nontronite; ka kaolinite; 
Fe-ox iron oxides or hydroxides 


quently subdivisions of the Mg-Al-Fe diagram must be sub-triangles. These 
sub-triangles are limited by tie-lines joining the composition domains of two 
stable coexisting phases (stippled area in Fig. 3.54). 

The degree of opening of the dominating microsystems increases from 
altered coherent rock (contact microsystems), through saprock and saprolite 
(plasmic microsystems) to open fractures (fissural microsyterns). Magnesium, 
which could be considered as an inert component (acting by its concentration) 
in the most closed microsystems, becomes an intensive variable in the open 
ones (acting by its chemical potential). In the first case, Mg concentration 
determines the weight of Mg phases; in the second case, Mg chemical potential 
controls the stability fields of secondary phases. Consequently, the Mg-Al-Fe 
triangular system is no longer adapted and must be replaced by the 
p M -Al-Fe phase diagram, which can be derived from the former using p Mg 
equipotentials. 

The chemical potential of Mg ions in solutions (p Mg ) varies from high to 
low values as alteration intensity increases. This is represented by the se¬ 
quence of equipotentials from the Mg-pole (higher possible value) to the Al- 
Fe line (lower possible value). Portions of some equipotentials are determined 
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by the observed parageneses: for example saponite-talc, saponite- 
trioctahedral vermiculite, nontronite-Fe-oxide. When all the observed 
parageneses are represented, complete equipotentials can be established (Fig. 
3.55a). Then, the set of equipotentials is completed in order to respect the 
phase rule corollaries, i.e. the number of equipotentials (N eq ) is given by the 
number of tri-phased assemblages (N Xr ) by the relation: N eq = N Xr + 2 (Meunier 
and Velde 1979). Finally, a chemical potential-composition phase diagram can 
be derived by positioning the weathering phases according to their relative 
inert element contents (A1 and Fe) and the (i Mg range in which they are stable 
(Fig. 3.55b). We must keep in mind that the stability fields of the different 
phases observed in the profile are established in relative coordinates in such a 
diagram. Indeed, it can be surprising at first glance to see talc represented 
as a complete solid solution between the A1 and Fe poles. Do not forget that 
A1 and Fe ions are highly diluted by Mg ions (talc is represented here as the 
phase stable in the highest (i Mg conditions): A1 and Fe are contained in talc as 
traces. 

The different mono or bi-phased secondary mineral assemblages are de¬ 
scribed by the (i Mg trajectories for each primary mineral and for the secondary 
plasmic systems in the neo-structured areas (Fig. 3.55b). The trajectories are 
clearly distinct for Al-rich amphibolites, amphibolitized gabbro and lherzolite. 
In Al-rich amphibolites (23% A1 2 0 3 ), kaolinite (or its hydrated equivalent: 
halloysite) crystallizes in the very early alteration stages. Its presence in the 
alteration system buffers the amounts of A1 in amphibole secondary products. 
The two trajectories converge toward the kaolinite + Fe-beidellite assemblage 
which composes the reacting portion of the neo-structured areas (pedoplasmic 
microsystems). This buffering effect disappears in fissural microsystems where 
the unique stable phyllosilicate is the Fe-beidellite associated with Fe-oxides. 
Kaolinite becomes unstable in the highly diluted and highly oxidizing solutions 
which flow in open fractures. Indeed, Barnes and O’Neil (1971) shown that 
spring waters in ultrabasic massifs are supersaturated with respect to 
magnesian phases. 

Alteration reactions in the amphibolitized gabbro differ from those de¬ 
scribed above because the parent rock is less aluminous (16% A1 2 0 3 ). The 
more aluminous secondary phase produced in the weathering profile is a Fe- 
beidellite which appears in the altered plagioclase; kaolinite or halloysite were 
not observed. The destabilization of actinolite first produces a talc + 
nontronite assemblage. Nontronite is stable until large amounts of aluminum 
are dissolved by the dissolution of plagioclase. Then, the next stable phase is 
a trioctahedral vermiculite. At this alteration stage, the mechanical resistance 
of the rock collapses, producing a new material. The pre-existing clay phases 
(primary as well as secondary) are involved in another set of reactions which 
produce the final Fe-beidellite + Fe-oxide assemblage. This assemblage is also 
stable in the fissural microsystems. 

The third rock (lherzolite) is very Al-poor (3% A1 2 0 3 ). The first phyllo¬ 
silicate to form during the earlier alteration stages is talc associated with Fe- 
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oxides, because only the ortho-pyroxenes are reacting. Then, clino-pyroxenes 
are dissolved and saponite precipitates as the most aluminous secondary 
phase. The intense weathering in the upper horizons produces an abundant 
clay mineral fraction. The initial rock structure disappears. In these 
clay-rich levels, the iron oxidation increases with the dissolution of primary 
silicates and a new mineral assemblage is stable: saponite + nontronite. The 
Fe 3+ bearing phases, nontronite (gel) + Fe-oxides, form the ultimate assem¬ 
blage observed under temperate weathering conditions in the fissural 
microsystems. 


3.4.1.5 Weathered Serpentinite 

The serpentinite taken as an example here has a chemical composition close to 
that of the lherzolite: it is very poor in aluminum (less than 2% A1 2 0 3 ). 
Nevertheless, in spite of such similarity, the weathering processes are com¬ 
pletely different from that described above for two major reasons. First, the 
primary mineral size is frequently less to 1 mm. The minerals are intimately 
mixed and at a small volume scale (mm 3 ) the rock can be considered as 
homogeneous. Secondly, serpentinite is a phyllosilicate bearing rock which is 
composed of talc, serpentine, chlorite and chrysotile. Because of its homoge¬ 
neity at small scale and the high reactivity of magnesian phyllosilicates in 
surface conditions, the rock appears to weather as a whole with no apparent 
microsystem effect at the thin-section scale (Fig. 3.56). 

The rock is converted into a clay-rich horizon through a very narrow 
saprock of about 1-2 cm thick (Ducloux et al. 1976). A magnesian smectite 
(saponite) and a silica-rich secondary chlorite are produced in the thin zone 


SOILS ON SERPENTINITE 



Fig. 3.56. Soil profiles observed on a weathered serpentinite (Ducloux et al. 1976). The illuvial 
horizon is composed of two parts showing a prismatic structure at the bottom ( Bg ) and a 
polyhedric one at the top ( B ). The thickest profile shown is formed on a fractured area; the two 
other profiles are formed on unfractured serpentinite at different slopes 
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where the internal destabilization of primary minerals does not change the 
parent structure (saprock). The saprolite is observed as a prismatic clay-rich 
horizon (about 50% day by weight). The magnesian saponite disappears and a 
ferric smectite (nontronite) becomes predominant in the <0.1 pm fraction. A 
secondary chlorite is still observed in the 0.1-2 pm fraction. In the upper part 
of the profile, the structure changes from prismatic to polyhedric (Fig. 3.56) 
and the clay fraction proportion decreases to about 30-40% in weight. The 
soil chlorite disappears and is replaced by a new Mg-rich and Al-poor phase, 
corrensite (ordered chlorite/vermiculite mixed-layer mineral). This suggests 
a reaction such as chlorite + smectite —> corrensite + smectite, in which an 
overall balance in the Si-3R 2+ -2R 3+ coordinates in maintained between the 
two pairs of alternate assemblages. Tie-lines between the two mineral pairs in 
Fig. 3.57 suggest this reciprocal relation. 



Al Fe 


Fig. 3.57. Construction of a |x Mg -Al-Fe phase diagram depicting the mineral relations in weath¬ 
ered profiles developed on serpentinite. ch Secondary chlorite; co corrensite (ordered chlorite/ 
trioctahedral vermiculite mixed layer); ve dioctahedral vermiculite; be beidellite; no nontronite; 
ka kaolinite; Fe-ox iron oxides or hydroxides. The alteration process of the primary chlorite 
chlorite I and antigorite is controlled by two sequences of mineral reactions by which trajectories 
continuous and stippled lines in the phase diagram converge toward the nontronite + Fe- 
oxyhydroxide assemblage 
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The change in mineral assemblage in the polyhedric horizon is probably 
due to the decrease of Fe 3+ content which stabilizes the corrensite at the 
expense of the pre-existing chlorite phase. The loss of iron is due to the 
presence of organic matter which reduces the Fe 3+ ions to soluble Fe 2+ . Weath¬ 
ering of serpentinite leads to an intense leaching of the dominant chemical 
components (Si and Mg) and to the oxidation of Fe 2+ ions. The remarkable fact 
is the formation of Al-Fe 3+ bearing secondary phyllosilicates in a rock which is 
very aluminum-poor (less than 2% A1 2 0 3 ). Indeed, nontronite, as well as soil 
chlorite or corrensite, fix A1 atoms in their crystalline lattice even when they 
are in such low concentrations in the system. Expandable magnesian clay 
phases (saponite and vermiculite) do not crystallize in the weathering profile 
because the chloritic phases (secondary-soil chlorite and corrensite) are 
stabilized by the high concentration of Mg ions in solutions. In spite of the fact 
that Si and Mg components are leached out from the profile, the reciprocal 
chemical balance between the iron-rich smectite and the chloritic phases 
suggests a relation which is found in chemical systems closed to chemical 
migration. Phase relations depicted in Fig. 3.55 must be modified as shown in 
Fig. 3.57. 

In spite of the fact that it was impossible to observe directly the mineral 
reactions at the scale of a thin section, it is necessary to consider two different 
microsystems in order to depict the sequence of secondary parageneses as 
weathering increases: these are Al-depleted minerals (talc, serpentine, 
chrysotile) and Al-richer ones (chlorite). The reactions for both microsys¬ 
tems converge toward a final assemblage composed of nontronite + iron 
oxyhydroxides. 


3.4.2 Weathering of Basaltic Rocks 

Basaltic plateaus, tuff formations and ash deposits around volcanoes belong to 
the more fertile areas in the world because volcanic rocks are particularly 
unstable in surface conditions; glass is extremely reactive with water. Its disso¬ 
lution is as intense as the reactivity surface is important: highly permeable ash 
deposits are much more rapidly transformed into soils compared to basalt 
flows. Soils on ash deposits are rich in organic matter; they belong to the 
Andosol class (Sect. 3.5). In spite of the high rate of their formation, andosols 
are never thicker than 2 m wheras soils on basalts are formed more slowly and 
become thicker (5-15 m). Because of the high reactivity of glass to ground 
solutions, there is no transition horizon between the fresh ash deposit and the 
soil. In contrast, weathering profiles on basaltic rock are frequently several 
meters thick and show an organization similar to those described on other 
crystalline rocks: saprock, saprolite and clay-rich zones (Fig. 3.58). There are 
however some differences due to the presence of glass and to the prismatic 
structure of basaltic flows (Ildefonse 1987). 



Origin of Clays by Rock Weathering and Soil Formation 


127 



Fig. 3.58. Weathered profile on basaltic rocks at Belbex, France (Ildefonse 1987). 1 Unaltered 
prismatic basalt; 2 fractured basalt; 3 weathered basalt (ball-shaped coherent rock); 4 saprolite 
(polyhedral structure); 5 clay-rich horizon (lamellar structure); 6 allochthonous material 


Usually, glass and olivine crystals in basaltic flows have been altered by 
hydrothermal alteration processes during the cooling period at the Earth’s 
surface. They are partially or totally replaced by a microcrystalline clay min¬ 
eral + Fe-oxide assemblage, classically identified as iddingsite (Eggleton 1984) 
Consequently, weathering reactions concern not only the primary minerals 
(unaltered olivine, pyroxenes and plagioclases) but also hydrated glass and 
hydrothermal alteration products. These components do not react at the same 
rate; some of them are transformed during the earliest stages of meteoric 
alteration, such as olivine, hydrated glass and hydrothermal products; others 
do not react until the rock becomes a saprolite (plagioclases and pyroxenes). 
Each primary component behaves as an individual microsystem, as it does in 
the case of macrocrystalline rocks. Chemical transfers operate between the 
different intracrystalline microsystems as early as the first alteration stages: 
for example, the weathering secondary products of olivine (saponite Fe- 
beidellite) contain A1 ions which, of course, cannot be found in place but 
necessarily come from the neighbouring altered glass. Secondary parageneses 
are summarized in Table 3.4. 

As happens in basic rocks, alkalis, silica and Mg ions are leached out 
during the weathering of basalts while A1 and Fe 3+ are concentrated in the 
upper intensely altered horizons. Celadonite, originating from hydrothermal 
alteration of glass, is replaced by a Fe-beidellite + halloysite assemblage 
through an intermediate series of celadonite/smectite mixed-layered minerals. 
The saponite-nontronite assemblage, originating from olivine hydrothermal 
alteration (iddingsite), is replaced by the Fe-beidellite + Fe-oxide assemblage. 



Table 3.4. Weathering products in the alteration of basalt according to the alteration horizon. The host mineral and the associated weathering minerals are 
given 
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Fig. 3.59. |x Mg -Al-Fe phase diagram depicting secondary mineral relationships in the weathered 
profile observed at Belbex, France (Ildefonse 1987). sa Saponite; gla glauconitic mixed layer; 
Fe-be iron-rich beidellite; ha halloysite; Fe-ox iron oxides or hydroxides. The alteration process 
of glass and olivine is controlled by a sequence of mineral reactions which end in a biphased 
halloysite + Fe-oxiyhydroxide (stippled lines) 


The large homogenization of the rock operated in the neostructured clay-rich 
horizon leads to the formation of a triphased assemblage: Fe-beidellite 
+ halloysite + Fe-oxides. The sequence of mineral assemblages from 
unweathered basalt to clay-rich horizons can be represented in a p Mg -Al-Fe 
phase diagram (Fig. 3.59). Trajectories are indicated for each individual 
microsystem; they converge downward to a triphase assemblage. Solutions 
flowing through fissural microsystems are diluted where p Mg reaches the lowest 
values in the profile. As a consequence of this, the stable assemblage is 
composed of only one phyllosilicate species which concentrates A1 ions 
(halloysite) and an oxide phase which concentrates the Fe 3+ ions. 

3.4.3 Weathering of Clay-Bearing Rocks 

3.4.3.1 Weathering of Glauconitic Sandstones 

The weathering of glauconitic rocks was investigated by Loveland (1981) 
and Courbe et al. (1981) using petrographic techniques and, particularly, 
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Fig. 3.60. Weathered profile developed on a glauconitic sandstone at Chace, France (Courbe et al. 
1981). 1 Unweathered green sandstone (30% glauconite); 2 reddish level (the initial structure of 
the sandstone is conserved); 3 transition zone where the sandstone structure disappears (about 
10% clay minerals); 4 oxidized level (Fe-oxide concretions, 25% clay minerals); 5 clay-rich 
horizon (prismatic structure; 35% clay minerals) 


microprobe analysis. In spite of the fact that profiles could be differently 
developed on limestones or sandstones because of large differences in poros¬ 
ity, the glauconite transformation under weathering conditions seems to be 
identical in all the cases. The weathering profile of Chace, near Saumur 
(Maine-et-Loire, France) is taken as a representative example (Fig. 3.60). 

The parent rock is a green fine-grained sandstone with 77.3% of the grains 
between 100 and 200 pm in diameter; glauconite, in rounded grains, represents 
about 30% in volume of the sand. In the earliest alteration stage, the rock 
appearance does not change but some of the glauconitic grains are replaced by 
a green plasma. On moving up the profile, the amounts of quartz and 
glauconite grains gradually diminish whereas the clay fraction increases and 
the color becomes reddish. Several active microsystems can be identified: 
altero-plasmic (internal destabilization of glauconite grains), pedoplasmic 
(formation of clay-rich areas in place of altered glauconites) and fissural 
(cutanes). Mineralogical investigations (XRD and electron microprobe 
microanalyses) show that glauconites are progressively transformed into a 
smectite + Fe-oxyhydroxide assemblage through illite/smectite mixed-layered 
minerals. The K 2 0 amount regularly decreases from unaltered glauconite 
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Fig. 3.61. Construction of a (i K -Al-Fe phase diagram depicting the relations between secondary 
minerals in the weathered profile of Chace. The correspondence between relative values of (i K and 
K 2 0 in % weight is given by scales on the left and the right sides respectively. The position of 
analytical points (microprobe analyses) is indicated by dots (green glauconite grains in zone 1); 
squares (glauconitic plasma and cutans, zone 4); circles (glauconitic plasma and cutans, zone 5). il 
illite; gl glauconite; ML Fe iron-rich mixed-layered phase; ML Al Al-rich mixed-layered phase; mo 
montmorillonite; no nontronite; ka kaolinite; Fe-ox iron oxides or hydroxides 


grains to coatings which are composed of kaolinite + Fe-oxide. This is shown 
in the |Li K -Al-Fe diagram (Fig. 3.61). 

The clay fraction formed in the pedoplasmic microsystems is composed of 
a montmorillonite and nontronite, representing the aluminous and ferric poles 
respectively. In the highly permeable zones where cutans are observed, 
the smectites are no longer stable and are replaced by a kaolinite + Fe- 
oxyhydroxide assemblage. The mineral sequence observed in this profile is the 
reverse of glauconitization which operates at the seawater-sediment interface 
(Hower 1961; Velde 1976). This suggests that glauconitization is a reversible 
process under low-temperature conditions and thus should be considered as a 
stable reaction 

The result of glauconite weathering is to release K and Fe ions into the 
altering solution. These solutions react to produce new mixed-layer minerals 
in a step-wise process which gives an iron-rich or aluminous trend depending 
upon the position in the rock fabric. Materials in close contact with glauconitic 
grains or plasma change into a montmorillonite-nontronite assemblage (some 
of the Fe ions are incorporated into clay minerals) while those near pores, in 
closer proximity to flowing diluted solutions, produce iron-poor phases 
(kaolinite) associated with Fe-oxyhydroxides. 

3.4.3.2 Weathering of Marls 

Marls are sedimentary rocks commonly composed of clay minerals intimately 
mixed with carbonates and sometimes pyrite. Their permeability is very low 
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and the alteration effects are only detectable by a color change from black 
to ochre in the unaltered and altered levels respectively. The Roumazieres 
profile (Charente, France) used here as an example is developed on a Toarcian 
age marl composed of detrital mica, quartz, pyrite, dolomite, illite and chlorite 
(Laffon and Meunier 1982). No modification of the rock structure is observed 
in the ochre weathered areas. Nevertheless, some mineralogical change 
occurs: 

1. the large white mica flakes are almost unaltered; 

2. pyrite crystals are oxidized; 

3. dolomite, as well as calcite, grains are dissolved; 

4. the initial illite + chlorite assemblage is partly replaced by a kaolinite + 
illite/smectite mixed layer + Fe-oxide assemblage. 

Because of the oxidation of pyrite crystals, the solutions become more acidic 
and dissolve the Mg-rich trioctahedral phyllosilicates chlorites as well as the 
carbonates. Consequently, the solutions are locally strongly enriched in Ca, 
Mg, Si and Al. These new chemical conditions favour the formation of 
Si-Mg-rich dioctahedral clay minerals at the expense of illite which is replaced 
by illite-montmorillonite (I/S) mixed layer minerals. The excess Al 
ions are fixed into kaolinite. The change of the initial illite + chlorite clay 
assemblage to the I/S + kaolinite assemblage in the weathered zones is 
represented in Fig. 3.62. As the total loss of dissolved component is quite small 
and can be neglected, the major effect of weathering is the oxidation of Fe 2+ 
ions which explains why the bulk rock composition (large dot) moves in the 
MR 3 -2R 3 -3R 2 coordinates from the right to the left side of the triangle. In 
summary, one can consider that weathering is the reverse process of the 
diagenesis which had transformed the initial sediment into the present marl 
(Velde 1985). 


MR3 



MR3 



Fig. 3.62. Representation in the MR 3 -2R 3 -3R 2 phase diagram of 
the mineral assemblages of a the unweathered marl and b the 
oxidized zones, il illite; py pyrite; ch chorite; ML mixed-layered 
minerals; ka kaolinite. (Laffon and Meunier 1982) 
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It is remarkable that the weathering of sedimentary rocks, i.e. glauconitic 
sandstone and marl, follows the reverse step-wise pathway of glauconitization 
and diagenesis respectively. This could indicate that reactions involving clay 
minerals in low-temperature conditions are stable, or at least reversible 
metastable reactions. 

3.4.4 Summary and Conclusions 

Under weathering conditions, rocks, whatever their origin, are progressively 
transformed into a final assemblage of Fe and A1 oxyhydroxides. This end¬ 
point is a attained under tropical or equatorial climate where the reactions 
between minerals and meteoric water are intense and proceed for long periods 
of time. This confirms that A1 and Fe are true inert components. In contrast, 
silica, alkalis, calcium and magnesium are dissolved. Their chemical potential 
can act as active intensive variables in permeable zones of the profile where 
they control the formation or the dissolution of mineral phases. Under tem¬ 
perate climates, where the weathering processes are less aggressive and where 
they have usually been active only since the last glaciation, one can observe a 
series of mineral reactions which progressively transforms the parent rock into 
a soil. 

Weathering of rocks under temperate climate forms the soil saprolite- 
saprock-rock sequence which is found as one descends into the profile. Thick¬ 
ness and geometrical characteristics of each of these zones depend on chemical 
composition and structure of the parent rock, topography, permeability, and 
the age of the alteration. Whatever the profile, there are essentially two parts: 
(1) that where high temperature phase assemblages react with meteoric solu¬ 
tions and (2) that where clay minerals react with the solutions. Most of these 
reactions proceed inside microsystems in which local equilibria are reached. 
The new phase assemblages produced in these microsystems are in their turn 
destabilized, when local conditions change because of modifications of the 
structure of the weathered rock or the soil. In summary, one could say that, 
under temperate climates, weathering processes lead the primary phases to a 
kaolinite + Fe-oxyhydroxide assemblage via a sequence of reactions which 
depends on the local structural properties. The chemical transfers are control¬ 
led by this sequence, the steps of which are represented in chemical potential- 
composition phase diagrams. 

In summary, the weathering processes under temperate climatic condi¬ 
tions depend on the chemical and mineralogical properties of the parent rock. 
The microsystem effects control the mineral reactions. Clay properties are 
highly variable from point to point in the profiles. This variability disappears 
when the weathering conditions are more aggressive, i.e. in tropical or equato¬ 
rial climates. This introduces the major difference between soils and weather¬ 
ing profiles: soils are more sensitive to climate than to the chemical and 
mineralogical properties of the parent rocks. In contrast to weathered profiles, 
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it is easier to present the great soil groups according to climatic conditions that 
to rock type. Such a presentations is proposed in Section 3.5 which devoted to 
clays in soil environments. 


3.5 Clays Found in Soil Environments 


There the chemical composition of the rock is of great importance in deter¬ 
mining the clays which form in the early and intermediate stages of weather¬ 
ing. In soils, the importance of this compositional control is balanced by the 
effects of other parameters, climate, age, and topography, which are more 
determining controls. The discussion that follows gives an insight into the clay 
types formed in soil under various climates. The rate of clay formation, the 
influence of organic compounds, and the effect of mechanical transportation 
are also discussed for soils developed in cold or temperate climates. A short 
chapter is devoted to specific clays (short-range ordered minerals) formed in 
soils from volcanic ashes. 


3.5.1 Clays in Soils from Cold and Temperate Climates 

Because of the short time of evolution (<10 000 years) and the low tempera¬ 
tures that reduce the rates of weathering reactions, the formation of clay 
minerals in soils in the cold areas of the world is limited to very small amounts 
of change. The processes of weathering and soil formation are strongly influ¬ 
enced by complexing organic acids which are produced by slowly decaying 
plant residues. This process of weathering, in which organic compounds act 
not only as proton donors but also as complexing anions, is known as acido- 
complexolysis. It makes weathering in northern areas quite distinct from that 
which occurs in other parts of the world (Ugolini and Sletten 1991). 

Acido-complexolysis is characterized by organic acidity, which generates a 
pH in the range of 3-5, and organic complexation of metals such as A1 or Fe, 
which leads to the complete solubilization of all the minerals, except quartz, 
without any formation of clay. However, soil solutions contain mixtures of 
organic acids which have strong, weak, or even no tendency towards 
complexation. Therefore, depending on the type of acid which predominates, 
the weathering trends actually observed are intermediate between complete 
destruction by acido-complexolysis, and a less drastic attack on initial minerals 
leading to the formation of interstratified clays (illite/vermiculite, illite/ 
smectite). Moreover, smectites (or illite/smectites) are the major clay minerals 
observed in the eluvial horizon of Podzols, which are the typical soils in 
northern areas. 
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3.5.1.1 Nature and Rate of Clay Mineral Formation 

A very demonstrative study has been made of a sequence of soils of increasing 
age in the Hudson Bay area, Canada (Protz et al. 1984,1988). Along the coast 
of Hudson Bay, periodic storms have built sequential beach ridges made of 
sand and fine gravel materials including up to about 50% carbonates. From 
these materials, a sequence of soils, with ages ranging from less than 100 years 
to about 5500 years, from the coast to the inner country, has developed. The 
morphology of the soils clearly indicates the development of podzolization: a 
typical Podzol profile is formed within 2000 years of soil development. The soil 
formation starts with the dissolution and leaching of calcium carbonate. The 
depth of complete leaching of CaC0 3 increases with time and reaches 30 cm 
after 5000 years as shown in Fig. 3.63. A parallel decrease in the soil pH from 
8 to 4 is observed. 

In the C-horizons of all soils, the clay mineralogy is practically the same, 
but changes in the clay mineralogy with time are observed in the surface (A) 
horizons. X-ray diffraction analysis indicates that chlorite and mica contents 
decrease with increasing age, whereas vermiculite content increases and after 
4500 years becomes the only clay mineral present together with a small 
amount of smectite. The amount of vermiculite that has formed is well corre¬ 
lated with time of evolution as shown in Fig. 3.64. A diffraction peak at 
0.150nm indicates that vermiculite, as well as the associated smectite, are 
dioctahedral. Thus, the mineralogical evolution over 4500 years involves the 
destruction of chlorite and the transformation of mica to dioctahedral 
vermiculite. A few smectite layers are also formed. 



Fig. 3.63. Depth of leaching of 
CaC0 3 as related to time in the 
Hudson Bay area. (Data from Protz 
et al. 1984) 
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Fig. 3.64. Vermiculite formation 
related to time of soil formation in 
the Hudson Bay coastal area. (Data 
from Protz et al. 1984) 


Another chronosequence developed on similar parent material was stud¬ 
ied in the southern James Bay area where the mean annual air temperature is 
5.5 °C higher than at Hudson Bay. In the C-horizons, the <2pm fraction 
is dominated by mica and chlorite, and only minor or trace amounts of 
vermiculite are present. In contrast, the <2 pm fraction of the E-horizons of the 
older (>1200 yr) soil is dominated by vermiculite, whereas chlorite is absent. 
Again, the XRD patterns of the E-horizon clays show the destruction of 
chlorite and the transformation of mica to vermiculite and eventually smectite. 
The amount of vermiculite which has formed appears to be correlated with 
time of evolution, as given by the distance of the soil profile from the coast. 
Compared with the Hudson Bay coast, the rate of vermiculited formation at 
Bay James is twice as great (Fig. 3.65). That can be explained by wetter and 
warmer climatic conditions at this place. 

The mean annual drainage is 180 mm of water at Hudson Bay, but 370 mm 
in the southern James Bay area. When coupled with the 5.5 °C higher annual 
temperature, an approximately two-fold increase in the rate of biological and 
chemical reactions in southern James Bay over the Hudson Bay coast may be 
expected. The mineralogical evolution in these young sandy sediments illus¬ 
trates the early stages of the formation of soil clays. Chlorite is an easily 
weatherable mineral which is quickly destroyed or transformed. Transforma¬ 
tion of mica to vermiculite is also an early process of soil-clay formation. The 
rate of these processes is strongly related to climatic factors. The wetter and 
warmer the climate, the greater is the rate of clay formation. 

Another detailed study was done by Gjems (1967) on the clay minerals 
from more than 200 Podzols in Norway. The relative amounts of the different 
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Fig. 3.65. Comparison of vermiculite accumulation, between Southern James Bay and the Hud¬ 
son Bay coast. (Data from Protz et al. 1988) 


mineral phases was estimated on the basis of XRD analyses. From the data 
obtained it was deduced that: 

1. transformation of illite and chlorite to vermiculite occurs in the soil profiles; 

2. smectites form in the E horizon of Podzols at the expense of chlorite and 
vermiculite; 

3. in podzolized soils, mixed-layer minerals (mica/chlorite, chlorite/ver- 
miculite) become less chloritic upwards in the profile; 

4. the mixed-layer minerals are generally of a more regular interstratified type 
in the E compared with the B and C horizons. 

Therefore, the profiles of the Norwegian Podzols are characterized by 
enrichment of smectites in the E horizon. Smectite, vermiculite and mica/ 
vermiculite increases upwards in the profile inversely with trioctahedral mica, 
chlorite, mica/chlorite and mica/vermiculite interstratified minerals. The in¬ 
tensity of weathering in the E horizon of Podzol profiles, expressed as the 
content of expanding minerals, is related to the environmental factors as 
follows: 

1. recognisable amounts of expanding minerals are formed after a few hun¬ 
dred years of soil formation; 
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Fig. 3.66. Relationships 
between climate and 
rate of weathering in 
Norway. (Data from 
Gjems 1967) 


2. weathering increases with a warmer climate; this is clearly shown by the 
relationships between the amount of smectite in soil and the mean July 
temperature at the place the soil come from (Fig. 3.66); 

3. weathering increases with decreasing acidity of the parent material. 

A far shorter period of time is needed here in Norway than in northern 
Canada to form smectite; once again the role of climate in the rate of clay 
formation is evidenced. 


3.5.1.2 Podzolization and Clay Mineral Evolution in the Temperate Zone: 
Influence of Organic Matter 

In the temperate zone, podzolization never affects the whole soil mantle, but 
only some specific sites characterized by acid, sandy parent materials. Usually 
Podzols are associated with acid Cambisols. The clay-mineral associations 
appear to be different in the two types of soil. Mineralogical transformations 
and their relation to soil-forming processes are studied in a short topo- 
sequence in the Landes du Medoc (France) (Righi et al. 1988). In this se¬ 
quence (Fig. 3.67). Both Podzols and Cambisols are occur within a small area. 
Except for the dynamics of organic matter, all other factors are the same 
for the two types of soil. The parent material (a coarse quartzitic sand) con¬ 
tains few clay minerals: a mica phase, a vermiculite and a randomly 
interstratified chlorite-vermiculite mineral. In the Cambisol, the mica phase 
is transformed into a vermiculite mineral. After potassium saturation and 
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Fig. 3.67. Mineralogical changes of clay minerals in a podzol and in an acid brown soil from the 
same short toposequence (Medoc, France). EG Ethylene glycol saturated, Mg Mg-saturated, air 
dried, K heat treatment at different temperatures, as indicated. (Data from Righi et al. 1988) 


heating this mineral exhibited a progressive and incomplete collapse. Such a 
behavior is generally that of intergrade minerals with an incomplete hydroxide 
interlayered sheet. 

In the E horizon of the Podzol, the mica phase is transformed to a 1.4 nm 
mineral. The 1.4 nm reflection moved to 1.65 nm after ethylene-glycol 
solvation, indicating the presence of smectitic layers. This example shows that 
in the temperate zone, an acidic and complexing medium favors the formation 
of smectitic minerals, with only small amounts of interlayered material being 
formed, whereas intergrade minerals, with a more developed interlayered 
hydroxide sheet, are found in acid soils where complexing organic acids are 
less aboundant. Exportation out of the weathering medium of Al and Fe as 
organic complexes is certainly the reason for a greater alteration of initial 
minerals in podzolized soils. 
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Fig. 3.68. Micro- 
photograph of clay 
accumulations in soils 
under plain light 


3.5.1.3 Clay Illuviation in Soils Developed from Glacial Loess Deposits: 
Movement by Transport of Solids 

Loess is an aeolian deposit dominated by silt-sized particles (2-50pm), which 
covers about 10% of the land surface. Because only glacial grinding can 
produce appreciable quantities of silt, most of the loess deposits are close to 
glaciated areas. Loess covers were built-up from silty material which was 
spread across the landscape by wind moving over barren areas. In northern 
Europe and North America thick loess deposits were spread over large areas 
during the Quaternary period. Soils developed from loess material exhibit 
very clear features of clay illuviation, such as clay coatings filling small pores 
(Fig. 3.68). Clay illuviation is the movement of clay particles by transport in 
suspension in the soil water. It is a major process that affects the clay fraction 
in soils: large amounts of the clay produced by weathering reactions may be 
lost from the surface horizon of soils through illuviation. On the other hand, 
redeposition of translocated clay causes the formation of clay-rich horizons at 
a certain depth in the soil profile. This process has been extensively studied, 
and so it is possible to form a general description in terms of a chronosequence 
of soil development, as illustrated in Fig. 3.69 (Jamagne and Begon 1984). 

Because the loessic material is generally calcareous, the first weathering 
stage involves the dissolution of calcium carbonates which are leached out of 
the soil profile. A change to a more brownish colour, the development of a 
polyhedric soil structure and limited mechanical fragmentation of silt-sized 
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Fig. 3.69. Schematic evolution of soil-morphology sequence on loamy materials. (After Jamagne and Begon 1984) 
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Fig. 3.70. Distribution of clay and CEC of 
clay in three soil profiles with increasing clay 
illuviation. 1,2,3 refer to profiles in Fig. 3.69. 
(After Begon and Jamagne 1972) 


phyllosilicates is associated with this stage. Decarbonation and a subsequent 
decrease of Ca concentration in the soil solution, favors the dispersion of clays 
and hence their suspension in solution. The movement of clays begins and 
their redeposition occurs deeper in the soil profile, producing the typical 
distribution of clay with depth shown in Fig. 3.70. The finest clay fraction 
(0.1 pm) is most affected by this dispersion and translocation wheras coarse 
clays are less mobile. Generally, for soils from the temperate zone, fine- 
clay fractions contain a higher proportion of expandable clay minerals 
(vermiculite, smectite) than coarse fractions, which are dominated by mica, 
kaolinite and quartz. This explains why the clay fractions in the B horizon have 
a higher CEC (Fig. 3.70). 

Considering the spectacular evolution of soil morphology, surprisingly, 
only slight mineralogical changes are observed (Jamagne et al. 1984). Illite, 
chlorite, kaolinite and smectite are the phyllosilicates that generally constitute 
the clay fraction in the loess material. During soil formation, illite is trans¬ 
formed into illite/vermiculite interstratified minerals, while chlorite is quickly 
weathered to give smectite layers as weathering products. Kaolinite would be 
the most stable phyllosilicate. The most important change is certainly found in 
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the interlayer spaces of vermiculite and smectite, which progressively 
desaturate, i.e. exchangeable basic cations (Ca, Mg) are removed and replaced 
by A1 polycations; hydroxy-Al interlayered minerals are formed. This was 
demonstrated by the isotopic analysis of the clay minerals in two Luvisols from 
western Canada (Spiers et al. 1985). The parent material, a glacial till, contains 
smectite, kaolinite, dioctahedral mica and chlorite as initial phyllosilicates. 
The following changes were induced by pedogenesis in the mineral suite: 
kaolinite remains in the E horizons whereas mica and smectite are enriched in 
the B-horizon as the result of illuviation. In addition, smectites, which are a 
mixture of montmorillonite and beidellite in the parent material, are almost 
exclusively beidellite in the E horizon. A gradual increase of the beidellite 
proportion in the smectite mixture is observed from the parent material to the 
E-horizon. Thus, either neogenesis of beidellite in the E horizon or preferen¬ 
tial illuviation of montmorillonite over beidellite are possible processes. As 
clays inherited from the parent material should be isotopically distinct from 
any neo-formed one, the hypothesis of beidellite neo-formation was tested 
using oxygen isotope analysis ( ls O). Isotope data demonstrated that beidellite 
was not neo-formed in these soils. Therefore, only differences with regard to 
susceptibility upon translocation can explain the changes observed in clay 
mineral distribution between the different soil horizons. 

A further stage of evolution is induced by the reduction in permeability as 
the result of clay illuviation. The accumulation of illuvial clays in a B horizon 
(medium part of the soil profile) causes a progressive filling of the pores in this 
horizon, so that it becomes more compact and less permeable. As a conse¬ 
quence, the amount of water percolating through the B-horizon is strongly 
reduced and a perched water table forms during the rainy season. The com¬ 
pact, clay-rich B horizon develops a typical coarse prismatic structure. Pris¬ 
matic aggregates are separated by large and deep cracks which are 
progressively enlarged and deepened, forming a typical morphology called a 
glossic (tonguing) feature. These are the main pathways for water circulation. 
The clays in suspension are not pure clay minerals but, more exactly, particles 
comprising clay minerals and amorphous iron-oxyhydroxides, the later form¬ 
ing coatings on the clay mineral surfaces. The origin of these amorphous iron 
coatings is mainly in the weathering of the initial Fe-bearing phyllosilicates by 
means of oxidation of ferrous iron, exsudation out of the phyllosilicate struc¬ 
ture, and subsequent precipitation on the surface of particles. The seasonal 
hydromorphic conditions in the upper part of the soil profile induce the 
reduction of ferric oxy-hydroxides. As iron is far more soluble in the ferrous 
state it can be removed, causing the dissociation of the iron-oxy-hydroxide- 
clay complex. Subject to large local changes in redox conditions, dissolved 
ferrous iron reoxidizes and precipitates forming iron nodules. 

Clay minerals released by the dissociation of the iron-oxyhydroxide-clay 
complex are very dispersible, and so a secondary stage of clay illuviation is 
observed, leading to the accumulation of clay in the bottom of the tongues 
(DeConinck et al. 1976). The result is a strongly contrasted soil profile with an 
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upper horizon, greatly impoverished in iron and clays, overlaying a lower 
compact clay-rich B-horizon. Water flow is strongly reduced in the vertical 
direction and water moves laterally over the impervious floor made by the 
B-horizon. 


3.5.1.4 Clays in Soils from Heavy Clay Rocks: Selective Transport of Clays 

In addition to loessic materials, other sedimentary clay rocks also have a large 
extension in northern Europe and America. Soils developed from these mate¬ 
rials are initially clay-rich soils, and their clay minerals are mostly directly 
inherited from the parent material. Only slight mineralogical evolution occurs. 
Soil formation on these rocks generally induces a strong structure of the 
material within the first meter below the surface. This structure determines the 
pattern of water circulation in the soil. Although only slight mineralogical 
changes occur, soils developed from clay-rich sedimentary rocks often exhibit 
large differences in clay content between the upper and lower horizons of the 
soil profile, upper horizons having lower amounts of clays. Illuviation of clay 
fails to explain the contrasting depth function of clay content in these soils, as 
no absolute accumulation of clays in the deeper horizons can be proved. 

Mass-balance studies show that the decrease of the fine-clay content in the 
upper horizons accounts for most of the matter which is lost. Losses as high as 
400 kg/hectare/year of fine clays have been measured in heavy clay soils in 
France (Nguyen Kha et al. 1976). Moreover, very stable suspensions of fine 
clays can be collected in drainage waters from these soils. This process is 
described as superficial and selective erosion. Loss of fine clays occurs both 
through runoff and seepage waters, according to rainfall intensity and the soil 
structure which can change with the season. During winter and early spring, 
water content of soils is close to field capacity and water moves slowly through 
micropores. Heavy rains cannot penetrate totally into the soil and runoff 
occurs. During summer and autumn, soil desiccation leads to the opening of 
large cracks. Rainwater enters these large cracks and mechanically disperses 
fine clays which finally join seepage waters and eventually streams and rivers. 
No redeposition of the dispersed clay occurs within the soil profile. As the 
different clay mineral species do not have the same ability to be dispersed, the 
change in their proportions in the soil profile occurs. Smectite and expandable 
minerals (vermiculite, interstratified minerals) are the most affected by selec¬ 
tive transport. Kaolinite, mica, and also fine quartz accumulate relatively in 
the upper horizons. 


3.5.1.5 Summary 

Most of the soils in the temperate zone are developed from rocks which 
contain phyllosilicates. This is the case for soils formed on granite, sedimen¬ 
tary rocks and a great majority of those formed on metamorphic rocks. Fine- 
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grained sediments like loess or glacial tills, which cover large areas in Europe 
and north America, also contain phyllosilicates similar to clay minerals such as 
muscovite, biotite and chlorite. In these soils the clay fraction is constituted of 
a mixture of relicts of the initial phyllosilicates, with the new clay minerals 
formed by weathering. However, not all of the initial phyllosilicates have the 
same stability: some are more easily weathered than others. For instance 
chlorite is certainly one of the most unstable phyllosilicates in the soil environ¬ 
ment. Weathering of chlorite in soil conditions proceeds through intense 
physical fragmentation leaving clay-sized particles. Mineralogcial transforma¬ 
tions of the chlorite remnants leads to the formation of complex chlorite/ 
vermiculite and chlorite/smectite mixed layers. The brucite sheet of the 
chlorite is partially dissolved, and intergrade minerals between vermiculite 
and chlorite are formed. The end result is the formation of a fine clay fraction 
(<0.2 pm) with smectitic characteristics associated with coarser fractions 
(>0.5 pm) which are relicts of the initial biotite and muscovite. 

Physical transport of clays from the surface to the B horizon is the other 
process that affects clay minerals in soils. This induces large changes in soil 
permeability at the depth at which clays are redeposited, and water flow from 
the soil surface to groundwater is strongly disturbed. 


3.5.2 Clays in Soils on Volcanic Rocks: 

The Short-Range-Ordered Minerals, Allophane and Imogolite 

Tephra deposits of rhyolitic, dacitic and andesitic composition form superficial 
formations in many parts of the world. Highly weatherable, they are of major 
importance as soil parent material. The presence of allophane and imogolite 
(short-range-ordered clay minerals) constitutes one of the specific features of 
soil derived from volcanic ash and pumice, and called Andisols. Thus, the 
geographical distribution of allophane and imogolite is associated with areas 
of recent volcanic activity: e.g. Pacific ring of volcanism, the West Indies, 
Africa, Italy and Australia. However, allophane and imogolite are also found 
in soils derived from rocks other than volcanic ash, specifically soils derived 
from basalts. Imogolite is a paracrystalline unique nesosilicate consisting of a 
tube unit with a diameter of about 2nm (Fig. 3.71). Its structural formula is 
(0H)Si0 3 Al 2 (0H) 2 . Allophane is X-ray amorphous and consists of hollow, 
irregular spherical particles with diameters of 3.5 to 5.0nm and with composi¬ 
tions (SiO 2 ) 1 _ 2 Al 2 O 3 (H 2 O) + 2 5 _ 30 (Wada 1989). The formation of imogolite and 
allophane occur during weathering of volcanic ash under humid, temperate or 
tropical climatic conditions. The large proportion of glass in the volcanic 
materials favors the formation of short-range-ordered minerals which are 
metastable phases and are characteristic of recent soils. Because of the high 
activity of glass, nearly all varieties of volcanic ash (basaltic, andesitic or 
rhyolitic) produce allophane-imogolite as weathering products. With time 
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Fig. 3.71. Cross section of an imogolite tube. 
(After Cradwick et al. 1972) 


allophane -imogolite transforms to gibbsite or halloysite, depending on 
whether the environment favors desilication or not. However, allophane- 
imogolite may persist in soil for long period of time if conditions are favorable. 
Their greatest stability occurs under a climate with constant humidity. A dry 
season induces soil desiccation and increases silica concentrations in the soil 
solution. This results in the formation of halloysite and cristobalite at the 
expense of allophane-imogolite minerals (Lowe 1986). 

There are factors other than age and periodical dessication which contrib¬ 
ute either to the persistence of allophane-imogolite or to its transformation 
into halloysite. Because rhyolitic material has a lower Al/Si ratio, it favors the 
transformation into halloysite, whereas andesitic material with a higher Al/Si 
ratio promotes allophane and imogolite stability. The accumulation of large 
amounts of humus in andisols is generally ascribed to its reaction with 
allophane, forming humus-allophane complexes. However, the absence of 
allophane-imogolite in horizons in which the accumulation of humus is very 
active, suggests that the formation of Al-humus complexes inhibits the forma¬ 
tion of allophane-imogolite through competition for Al released by weather¬ 
ing of volcanic ash. 

In contrast with 2/1 phyllosilicates (smectite, vermiculite) allophane and 
imogolite do not have a permanent CEC. They develop a variable electric 
charge on their surface. Sign and amount of charge are governed by pH and 
concentration of ions (anions and cations) in the soil solution. Cation ex¬ 
change capacity or anion exchange capacity (AEC) can develop. Figure 3.72 
shows that allophanic soil material has an increasing CEC and a decreasing 
AEC as pH increases from 4 to 8. At pH 4, CEC is nearly zero and an AEC of 
20cmol c kg _1 has developed. At pH 8, AEC is strongly reduced and CEC is at 
its maximum (30cmol c kg _1 ). Probable reactions for charge development on 
allophane-imogolite surfaces are given below: 
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Fig. 3.72. Charge characteristic vs. pH of an allophanic material 
showing the strong variation of surface characteristics dependent 
on pH. (After Wada 1989) 


high pH; Si(OH) + OH~ = SiO + H 2 0 

low pH; A1 vi (0H)(H 2 0) + H + = [A1 VI (H 2 0) 2 ] + . 

This has important implications on the status of plant nutrients in soils con¬ 
taining allophane and imogolite. Specific adsorption of anions such as phos¬ 
phate occurs extensively on these materials. Organic anions such as citrate or 
acetate are also strongly adsorbed and thus protected against biological degra¬ 
dation. 


3.5.3 Clays in Soils Formed 
Under Tropical Climate Conditions 

Because of the higher mean annual temperature and the longer time of evolu¬ 
tion, the formation of clay minerals in soils is generally more advanced in 
tropical areas than in temperate and cold regions. In tropical areas the ten¬ 
dency is to produce simple clay assemblages made of only one or two clay 
phases. The phases produced are controlled for a large part by the chemistry 
of the soil solution, which itself depends on the prevailing climatic conditions, 
especially the amount of rainfall and its distribution throughout the year. High 
rainfall, regularly distributed throughout the year induces soil solutions with 
low concentrations of silica and basic cations: this favors the formation 
kaolinite clay. Low rainfall, followed by dry periods with intense evaporation, 
induces soil solutions concentrated in silica and basic cations. In this latter 
environment smectite clays are formed. From the equator to the tropics a 
sequence of increasing dryness is observed. Clay minerals that have formed in 
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Fig. 3.73. Distribution of Ferralsols in the world. These are soils with kaolinite as the dominant 
clay mineral. (After FitzPatrick 1980) 


soils reflect this change: kaolinite and Al,Fe-oxyhydroxides are found in 
Ferralsols of the wet equatorial zone, whereas smectites are found in Vertisols 
of the tropical dry zone. In arid areas with extreme evaporation, a fibrous caly 
mineral, palygorskite, can form. 


3.5.3.1 Equatorial Wet Zone: Kaolinite and Al,Fe-Oxyhydroxides 
in Ferralsols 

Humid tropical climatic zones in Africa, South America and Indonesia are 
covered by the so-called lateritic formations or Ferralsols (Fig. 3.73). When 
they have not been strongly eroded, lateritic soil profiles show an ordered 
succession of three main horizons from the bottom to the top (Fig. 3.74) 
(Bocquier et al. 1984; Muller and Bocquier 1986): 

1. A lower weathering horizon (saprolite) is present, in which the weathering 
products maintain the structure of the original rock. The clays are mainly 
macrocrystalline kaolinite, hematite and goethite, associated with stable 
primary grains such as quartz or muscovite. This horizon is friable and 
very porous. In the upper part of the horizon, blocks of saprolite are 
isolated in a ferruginous clay material which is characterized by the disap¬ 
pearance of the original rock structure and is composed of poorly ordered 
microcrystalline kaolinite associated with iron oxides. A gradual transition 
may be observed between a discontinuous red and compact matrix which 
contains hematite, and a continuous and loose yellow matrix which contains 
goethite. 

2. An intermediate nodular horizon occurs in which two types (coarse and 
fine) of indurated nodules are found. The coarser (20-80 mm in diameter) 
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Fig. 3.74. Schematic representation of a Ferralsol profile 
(Muller and Bocquier 1986). 1 Saprolite, 2 red, compact 
matrix, 3 yellow friable matrix, 4 ferruginous lithorelict, 5 
clay-rich nodules, 6 yellow, compact matrix, 7 zone of accu¬ 
mulation of organic matter. Circled A, B, C indicate major 
soil horizons 


are irregular ferruginous relicts of the parent material and are characterized 
by a more or less preserved rock structure. They are mainly composed of 
macrocrystalline kaolinite associated with hematite. These nodules are 
more abundant in the central part of the horizon and display a gradual 
transition with their surrounding matrix. The finer nodules are sub rounded 
clayey nodules characterized by a total disappearance of the rock structure. 
They are mainly composed of microcrystalline kaolinite associated with 
hematite. These nodules are more abundant, and even occur exclusively, in 
the upper part of the horizon. Here the internodular matrix has the same 
characteristics as the ferruginous matrix in the underlying horizon, but the 
red hematitic matrix becomes the most abundant and is very compact. 
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3. An upper loose ferruginous clay horizon occurs. From the bottom to the 
top of the horizon the yellow matrix is again more abundant: the red matrix 
becomes progressively discontinuous and then disappears at about one 
meter depth. The upper part of this horizon is affected by organic matter 
accumulation. 

From the brief description given above it appears that the weathering products 
are essentially kaolinite with Fe-oxides (hematite) and oxyhydroxides 
(goethite), plus some gibbsite found in the intermediate nodular horizon. Iron 
compounds concentrate in small soil volumes; the nodules. These are sepa¬ 
rated by internodular material which is constituted by kaolinite and smaller 
amounts of iron oxyhydroxides. Physical properties, especially permeability, 
in the upper loose horizon are attributed to the specific organization of 
kaolinite clays in that horizon. Indeed, in spite of a large clay content, the 
upper horizon remains highly permeable because the clays have built up 
microaggregates which are small rounded volumes of soil, 10 to 200 pin in 
diameter. The microaggregates (Fig. 3.75) are made up of kaolinite particles 
associated through edge-face contacts which are made very stable by thin 
coatings of iron oxides. They induce a large interaggregate porosity at the 
micrometer pm scale and also a large intra-aggregate microporosity at a 
submicron scale (0.1pm). 

These microaggregates are stable enough to behave like undissociable 
particles and they are often called pseudo-sand or pseudo-silt according to 
their size. For such microaggregated clays swelling-shrinking processes due to 
wetting-drying cycles are restricted: this material has quite a rigid behaviour. 
As the kaolinite crystal surfaces are covered to a large extent by iron- 
oxyhydroxide coatings, the surface properties of the kaolinite clay are partly 
hidden and inactive. For instance, CEC is far lower than for a reference or 
uncoated kaolinite. The specific association between kaolinite and iron- 
oxyhydroxides produces a material with a rigid structure and a low physico¬ 
chemical activity. 

The critical role attributed to iron-oxyhydroxides in the inactivation of the 
kaolinite clay can be demonstrated by using a treatment that removes iron 
compounds from the soil sample (NH 4 -oxalate in the dark). After this treat¬ 
ment the usual properties of the kaolinite clays are restored: the soil material 
swells and shrinks following wetting and drying, and the CEC is greatly im¬ 
proved, compared to the untreated initial material. Moreover, only a small 
fraction of the iron-oxyhydroxides (the fraction which is amorphous or poorly 
crystallized) is removed by the treatment; however, that is the crucial fraction 
which is actually responsible for the microaggregate stability (Pedro et al. 
1976). 

The dissociation of these microaggregates may occur in nature by any 
process that causes the removal of iron-oxyhydroxide coatings, as can be 
done experimentally. Any process that provokes the removal of amorphous 
iron-oxyhydroxides will cause the destruction of the microaggregates and thus 
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Fig. 3.75. Organization of kaolinitic material in a 
ferralsol. a Kaolinite crystal, b particle aggregate 
composed of kaolinite crystals connected at plate 
ends, c micro aggregate structure made of 
edge-face crystal associations. (After Robert 
and Herbillon 1990) 


100 nm 




will completely change the soil structure and soil physical properties. Possible 
processes include, reduction and complexing of iron by organic acids; 
reduction of iron through water stagnation; and strong dessication. The latter 
process needs some explanation. In areas where a marked dry period occurs, 
Ferralsols with typical microaggregated structure show a progressive transfor¬ 
mation of that structure to form soils with a compact and impervious horizon. 
This is attributed to the deep and strong desiccation of the soil that occurs 
during the dry season. The extreme hydric conditions generate constraints 
responsible for evacuation of water contained in the microsites and for break¬ 
ing of interparticle bonds. Moreover, it has been shown that when the water 
films become increasingly thin, water molecules dissociat more than in free 
water generating a very low local pH (pH < 2). This strong surface acidity is 
responsible for the dissolution of iron-oxyhydroxides and consequently the 
disruption of the microaggregates. That irreversible change in the kaolinite- 
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iron relationship is induced when climate shifts from humid towards dry or 
arid as has been demonstrated in West Africa (Chauvel 1976). 

The disruption and collapse of the microaggregates leads to a more 
compact and impervious new structure which restricts the vertical flow of 
water. Runoff and lateral water flow are favoured with possible mechanical 
translocation of the clay particles which can now be dispersed. The upper 
soil layers become impoverished in regards to clay and so become more 
sandy. 


3.5.3.2 Tropical Dry Zone: Smectites in Vertisols 

So called Vertisols are formed in areas with tropical wet-dry climates (cli¬ 
mates with a marked dry season of 4 to 8 months). In this climate, drainage and 
consequently leaching of basic cations (Ca, Mg) are at a minimum. They 
accumulate in the soil, providing favorable conditions (pH, Ca, Mg concentra¬ 
tions) for the formation of smectites. However, the parent material from which 
the soil develops, must contain sufficient amounts of basic cations, therefore 
development of Vertisols is restricted to basalt, shale, limestone or volcanic- 
ash rocks. Cation deficiencies in the parent material can be made good by 
seepage and subsequent accumulation in lower parts of the landscape where 
soil water becomes concentrated by evaporation. The largest areas covered by 
Vertisols occur in India, Australia and the Sudan (Fig. 3.76). 

Smectites from Vertisols show something of a continuum between 
montmorillonite-beidellite-nontronite with respect to octahedral composi¬ 
tion and charge distribution, but these compositions clearly tend to cluster 
around that of the iron-rich beidellite (Wilson 1987; Bradaoui and Bloom 
1990). The reason is that Vertisol smectites are derived directly or indirectly 



Fig. 3.76. World distribution of smectite-dominated soils (Vertisols). Compar with distribution of 
ferralsols, Fig. 3.73. (After FitzPatrick 1980) 
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from parent materials containing ferro-magnesian minerals. A positive corre¬ 
lation exists between the amount of structural iron in the smectite and the 
amount of iron in the parent rock, especially for Vertisols directly derived 
from weathering of basic parent rocks. Smectites in Vertisols are poorly or¬ 
dered structures. They are rarely pure smectites. XRD diagrams most often 
exhibit features typical for interstratification and/or interlayering. In many 
Vertisols the smectites show higher basal spacings than might be expected 
from Ca-saturated montmorillonite. A spacing of 1.6 nm for material in the air- 
dry state and 1.8-2.0 nm after ethylene-glycol or glycerol treatment is com¬ 
mon. Such values have been shown to be characteristic of Vertisols in many 
countries, such as Kenya, South Africa, Turkey and Uruguay (Rossignol 
1983). This high spacing is thought to be the result of organic matter in the 
interlamellar space. Although evidence for smectite-organic complexes has 
been produced, this is only for clay minerals exhibiting normal spacings and 
normal swelling behavior. Most of the published XRD diagrams clearly show 
features that have patterns similar to randomly interstratified I/S. This indi¬ 
cates that at least a part of the smectitic clay in many Vertisols is inherited 
from the rock. 

The coexistence of interstratified I/S minerals and clay-sized micas with 
high charge beidellite in Vertisols developed from sedimentary or alluvial 
materials, is often taken as an indication that bedeillite is a transformation 
product of mica. However, SEM (scanning electron microscope) pictures have 
shown very clearly that the growth of smectite layers occurs on the dissolved 
edges of mica (Kounestron et al. 1977). This indicates that the process of 
smectite formation from mica is more than a simple transformation through K- 
depletion, oxidation of octahedral Fe and subsequent lowering of the layer 
charge, but a process of dissolution-recrystallization. If chlorite is present in 
the initial material, it may also be a potential source mineral for smectite. In 
this case smectite seems to be montmorillonite rather than beidellite. Also, 
repeated wetting and drying cycles by K-rich solutions on high charge smectite 
may lead to interstratification of expanded and collapsed 2:1 layers. Moreover, 
interstratified I/S minerals can be obtained by wetting and drying mont¬ 
morillonite samples placed initially in K-bicarbonate solutions. The presence 
of large amounts of smectitic clays induces the features and properties of 
Vertisols. Their main characteristic is a specific soil structure that develops as 
the result of swelling and shrinking of the soil material, which causes pressures 
and stresses. If the pore space is not sufficient to accommodate the increase of 
volume, internal movements of the soil material are induced which are demon¬ 
strated by shear planes. The combination of wide and deep cracks from the 
surface downward to a depth of 50 to 150cm, and a loose, granular surface 
mulch that sloughs down into the cracks during the dry season, seems to start 
a process of mechanical pedoturbation. Surface soil reaches lower parts of the 
soil profile in the cracks. When the soil swells and the infilled cracks can no 
longer provide the volume required for swelling of adjoining soil bodies, 
subsurface soil is pushed upwards. 
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The specific soil structure of Vertisol, which changes according to the 
season, also induces a large degree of heterogeneity of water content in the 
soil. Rainwater coming on a dry, deeply cracked Vertisol percolates first 
through the wide open cracks leading to rewetting of deep soil layers, while the 
bulk volume of the surface soil layers remains dry. In spite of large gradients 
of water tension, homogenization of water content throughout the soil takes a 
long time, because water conductivity is low in the clayey material. 


3.5.4 Arid and Semi-arid Zones: 

Palygorskite in Saline Soils and Calcareous Crust 

Pedogenetic formation of palygorskite, a fibrous clay mineral, is reported from 
arid areas of the world (Fig. 3.77) in which saline or alkaline ground water 
frequently affect soil formation, such as the case of the flat, saline plains called 
sebkhas. Stability of palygorskite requires alkaline pH conditions and high 
activities of Si and Mg in solution. Palygorskite would not be stable under a pH 
of 8 at high Mg concentration, or under a pH of 9 at low Mg concentration. In 
soils, the required concentrations of Mg and Si are not commonly reached, 
except those affected by rising ground water and submitted to strong and 
continuous evaporation. This is the case in the saline sebkha soils (Singer 
1989). In the absence of rising ground water supplying concentrated solutions, 
calcareous crusts are the other pedogenic environment which allows 
palygorskite formation. Calcareous crusts (horizons of calcite accumulation) 
are commonly associated with soil formation in arid and semi-arid zones. In 
the crust, local increase of pH levels to greater than 9 are observed. In such 
conditions, Si dissolution from quartz can be high. The destabilization of Mg- 
bearing primary minerals provides adequate Mg activity. The required condi- 



Fig. 3.77. World distribution of soils with palygorskite clays. (After FitzPatrick 1980) 
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tions of soil-solution chemistry are reached for palygorskite formation (Paquet 
1983). 

Smectite is the other clay mineral associated with palygorskite in these 
soils. The mutual stability relationships of these two clay minerals show that 
palygorskite formation is favored over smectite, by an increase in either pH, 
Mg or H 4 Si0 4 activities. Accordingly, clay minerals which develope in calcar¬ 
eous crusts from Mg deficient parent materials, such as granites, are smectites 
and not palygorskite. In conclusion palygorskite has a wide distribution in soils 
of semi-arid and arid areas, where it appears in small to moderate amounts. 
Because this mineral rarely dominates the clay fraction, no specific soil prop¬ 
erties are associated with its presence. 


3.6 General Conclusions 


Weathering of rocks and pedogenesis are major processes for clay mineral 
formation at the Earth’s surface. They are essentially water-rock interaction 
processes. In this specific surface environment, only a limited number of 
variables govern the amount and the type of clays which form. These are rock 
composition , water/rock ratio , temperature and time. Water/rock ratio and rock 
composition are certainly the most important in determining the type of clay 
mineral which forms. Time and temperature are kinetic factors which deter¬ 
mine the rate at which the chemical process proceeds. Basically, the water/ 
rock ratio is determined by the amount of rainfall. Large amounts of rainfall 
produce high water/rock ratios and, in a freely drained system, solutions are 
diluted as they are rapidly renewed. This stands only as a general statement. 
Indeed, the effective water/rock ratio can be strongly modified by permeability 
and topographic effects. In the early stages of weathering, water penetrates the 
rock only through small fissures, permeability is low, water flow is slow and 
the residence time of solution in contact with rock is long: a low effective 
water/rock ratio is reached, even in regions with large rainfall. With increased 
weathering, porosity increases, leading to higher water/rock ratios. A maxi¬ 
mum porosity is generally reached by which the soil is a totally open system. 

In the soil system topographic effects are important. In addition to perme¬ 
ability, slope also controls the effective water/rock ratio. The displacement of 
the aqueous solution over the soil profile is more rapid if the slope is greater. 
This shortens the solution residence-time and prevents extensive water-rock 
interaction, thus the soil solution chemistry appears to be one of a high water/ 
rock ratio. In flatter areas, the residence-time of solutions increases and low 
water/rock ratios are reached. Moreover, in lowland positions, under dry 
climate, evaporation may concentrate solutions and make them similar to 
those which circulate in the slightly weathered rock. Therefore, the impor¬ 
tance of rock composition is greater in sites where the effective water/rock 
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ratio is low, i.e. sites with either, low permeability, a flat topographic position 
or low rainfall. With reference to these variables (porosity, slope, climate) it is 
possible to explain schematically the occurrence of some major clay species. 
Although in variable quantities, kaolinite is found in most of the weathering 
and soil profiles. This mineral forms where solutions have low silica and alkali 
cation activities. This can be reached in the early stages of weathering by the 
destabilization of an individual aluminous primary mineral, such as plagioclase 
in granite or garnet in amphibolite. Increasing chemical weathering (progres¬ 
sive leaching of silica and alkali cations) and higher water/rock ratios also 
favor the formation of kaolinite: this clay mineral is found in the large fissures 
where the water flow is high, and also in soils on steep slopes in which the 
residence time of solutions is low. The thick mantle of kaolinite which covers 
the tropical wet zones is the result of very humid climatic conditions acting 
over a long period of time. 

Except in tropical dry zones, smectites , either di- or trioctahedral, are 
found only in the lower parts of the weathering profiles, i.e. sites where the 
rock composition has a greater influence on the chemistry of the whole system. 
For example, saponite, a trioctahedral, highly magnesian smectite, is formed 
by destabilization of serpentine, pyroxene and talc in ultrabasic-rock saprocks. 
In the soil where magnesium is leached to a great extent, saponite is replaced 
by nontronite, indicating the greater stability of dioctahedral smectites in sites 
with higher water/rock ratios. In acid rocks, beidellite-montmorillonite 
(aluminous smectites) commonly forms by destabilization of orthoclase in the 
slightly weathered-rock zone. In tropical dry and arid climates, low water/rock 
ratios and high silica and alkali cation activities are the caused by low rainfall 
and the concentration of solutions through evaporation. Beidellite is the domi¬ 
nant clay mineral in soils in downslope and lowland areas. 

Because most of soils in the temperate zone are developed from 
phyllosilicate-bearing rocks, they contain complex mixtures of inherited and 
partially transformed primary phyllosilicates. Complex mixed layers and 
inter grade clay minerals dominate the clay assemblage in temperate soils. 
Sediments like loess or glacial tills, from which many temperate soils have 
developed, contain large proportions of muscovite, biotite and chlorite. These 
phyllosilicates are unstable under the surface conditions but tend to remain in 
the soil-clay fraction as metastable relicts. The result is a mixture of primary 
minerals with newly formed clays which have a rather similar structure and 
chemistry. The primary phyllosilicates are destabilized in a stepwise process, 
the interlayer spaces being first affected. Biotite is progressively transformed 
into vermiculite through extraction of interlayered potassium. The brucite 
sheet of chlorite progressively dissolves and minerals with intergrade proper¬ 
ties between vermiculite and chlorite are found as relicts of the initial chlorite. 
Because, in a single phyllosilicate particle, not all the layers are weathered, 
mixed layer minerals are formed; e.g. mica/vermiculite, illite/smectite, 
chlorite/vermiculite(smectite). These minerals are difficult to identify because 
several stages of change are found in the same soil clay sample. However, they 



Origin of Clays by Rock Weathering and Soil Formation 


157 


are the dominant clays in temperate soils, which are the most concerned with 
agricultural and/or industrial pollution. Their chemical (exchange capacity, 
adsorption) and physical (swelling) properties must be established in order to 
assess their control on the environment. 
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4 Erosion, Sedimentation and Sedimentary Origin 
of Clays 

S. Hillier 


4.1 Introduction 


Of all the various types of sediment, fine-grained sediments with a high 
proportion of clay minerals are by far the most abundant. In the marine 
environment, terrigenous (land-derived) muds cover about 60% of the conti¬ 
nental shelves, and almost 40% of the deep ocean basins, amounting in total to 
about a third of the Earth’s surface (Fig. 4.1). Similarly, although proportion¬ 
ally much smaller in area, continental aquatic environments are often domi¬ 
nated by fine-grained sediments, and these environments include many of the 
rivers, lakes, deltas and estuaries used extensively by man. 

However, their wide distribution is not the only feature that makes fine¬ 
grained sediments an important component of the environment, it is also the 
properties that their fine grain size and chemistry impart to them. Large 
surface areas (up to 800m 2 g _1 ) and surface properties such as adsorbtion, make 
them important transporters and sinks for pollutants. Surface properties also 
contribute to many engineering problems, such as the silting up of harbours, 
and landslides. 

In addition to their modern-day environmental importance, the sed- 
imentology of clay minerals can be used to learn about past environments on 
both historic and geological time scales. Frequently, clay minerals are used to 
infer sediment dispersal patterns, palaeoclimatic variations, and stratigraphic 
correlations, all with varying degrees of success. Their importance is further 
emphasised by the fact that mudstones and shales account for about 70% of 
the sedimentary geological record (Blatt et al. 1980) and they have an outcrop 
area of about 33% of the worlds land surface (Meybeck 1987), twice as much 
as any other rock type, on both counts. 

Clay sedimentology is concerned with the interpretation of clays and clay 
minerals in terms of sedimentary environments, provenance and tracers 
of sediment dispersal, palaeoclimatology, palaeocirculation, and even 
geotectonics (Chamley 1989; Weaver 1989). All of these aspects are based on 
how reliably we can determine the processes that have resulted in the ob¬ 
served assemblages and distribution of clay minerals in sediments. This brief 
account of the sedimentology of clays is mainly concerned with the processes 
that affect their sources and fluxes to aquatic environments, mechanisms of 
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Fig. 4.1. Distribution of recent sediment types in the world ocean. Modified from figures in Berger 
(1974) and Davies and Gorsline (1976) 


erosion, transport and deposition, and the mechanisms and products of trans¬ 
formation and in situ formation of clay minerals in sediments. Some processes 
are common to many environments while others are often, but not always, 
environmentally specific. A final part of this account considers the environ¬ 
mental information that can be obtained from clays and clay minerals if we are 
able to establish their origins, and some of the problems that may confront an 
investigator attempting to do this. 

Much of what concerns the sedimentology of clays as fine-grained 
minerals (largely phyllosilicates) also concerns the sedimentology of clays 
as fine-grained (<2pm) materials, as well as that of muds and shales, as 
fine-grained sediments containing a high proportion of clay-sized material. As 
a consequence of such close connections and overlap, no attempt is made to 
stick to a precise terminology, but instead to try to convey what is meant by its 
context. 

4.2 Origins, Sources and Yields, and Global Fluxes 
of Clay Minerals 


4.2.1 Origins of Clay Minerals in Sediments 

The clay minerals present in a sediment or sedimentary rock may have one of 
two main origins; they may be detrital or they may be authigenic (Fig. 4.2). 
Detrital clays are inherited from another environment to the one in which they 
are now found. Authigenic clays are formed in situ, and this may occur by one, 
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or some combination, of three different processes; direct precipitation from 
solution (a process known as neoformation.), reaction or ageing of amorphous 
materials, and transformation of some precursor mineral, i.e. where some 
structural elements are retained. Clay minerals themselves are usually the 
precursor minerals for transformation processes, so that a third origin known 
as transformed lies between the poles of detrital and authigenic origins and has 
characteristics attributable to both (Fig. 4.2). 

Transformation processes may be degradative or aggradative (Millot 
1970,1978). According to Millot (1970), the majority of transformation proc¬ 
esses in the sedimentary environment involve aggradative transformations of 
clay minerals formed by previous degradative transformations in soil environ¬ 
ments. Although there is evidence for some forms of transformation proc¬ 
esses, such as the aggradation of soil vermiculites back to more micaceous 
clays on exposure to the marine environment (Weaver 1989), many of the 
mineral trends attributed in the early literature (Millot 1970) to transforma¬ 
tions in the sedimentary realm, particularly the more dramatic ones, such as 
chlorite formation in estuaries and in hypersaline basins, have since been 
shown to be the result of other processes. Estuarine clay patterns are now 
largely attributed to mixing of different detrital sources (Chamley 1989), and 
the chlorites in ancient hypersaline facies are probably formed by authigenic 
processes during deep-burial diagenesis (Hillier 1993). Nevertheless, transfor¬ 
mation processes in the sedimentary realm may be widespread, but difficult to 
document clearly because they are easily masked by more dramatic changes 
due to other processes. 

One of the major problems involved in studying the sedimentology of 
clays is that of trying to distinguish between detrital and authigenic clay 
minerals. The problem arises because of the fine grain size of clay minerals and 
because clay minerals are often recycled from one environment to another 
(Eberl 1984). Fine grain size makes direct, origin-diagnostic, observations of 
clay minerals difficult, while recycling of clay minerals between the weather¬ 
ing, sedimentary, diagenetic and hydrothermal environments, means that a 
clay mineral observed in the sedimentary realm may well have formed in 
another. Although authigenic clays do not normally form in great abundance 
in the sedimentary environment, they tend to become increasingly abundant 
during burial diagenesis. Consequently, where ancient sediments are con¬ 
cerned, the distinction between authigenic and detrital clay minerals becomes 
an even more important issue. Often firm evidence for the origin of a clay 
mineral can only be obtained by combining data from a variety of sources and 
techniques. Even then the evidence is often circumstantial. 


4.2.2 Sources and Yields 

Most clay minerals, probably more than 90%, are detrital and they are sup¬ 
plied to the sedimentary system from two main sources; one is rocks, the other 
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is the soils that develop on them by weathering. According to Potter et al. 
(1980) most mud (clay minerals) comes from the erosion of pre-existing 
mudstones. On the other hand, Curtis (1990) asserts that most muds are 
derived from the erosion of soils. Such apparently different statements are no 
doubt due to the boundary problems of precisely defining what constitutes a 
rock source and what constitutes a soil source. For instance, clay minerals 
derived from a rock, frequently pass through a soil with little or no obvious 
modification by soil processes. Others are only partly modified (transformed) 
so that they have features of both a rock and a soil source (see Sects. 3.2.2.2, 
3.2.2.4, 3.2.3). The difficulties of such definitions are largely avoided if the 
problem is restated in terms of whether most clay minerals are derived by 
physical weathering, in which precursor minerals and aggregates are simply 
reduced in size, or chemical weathering, in which clay minerals may be trans¬ 
formed and new ones neoformed. 

In absolute terms, the production of mud is greatest from areas of both 
high relief and high rainfall, especially where bedrocks are dominated by 
mudstones and shales. Low-lying arid regions, regardless of bedrock, and 
carbonate regions, produce the least. Considering that only about one fifth 
of the Earth’s land surface is subjected to intense chemical weathering, that 
the conditions conducive to the greatest mud production are not conducive 
to well-developed soil formation, that erosion typically samples whole soil 
profiles not just the potentially most altered surface horizons, and that 
mudstones and shales cover 33% of the land surface, then it is probable 
that most mud (clay minerals) is derived by physical weathering of pre¬ 
existing mudstones and shales. This, however, is the present-day situation, 
but with changes in the distribution of climatic belts and the presence or 
absence of mountain ranges in the geological past, it may not always have 
been the case. Similarly, vegetation strongly affects sediment yield, by 
both sheltering and binding soil constituents together. Clearly, changes 
in vegetation through time, such as the evolution of grasses during the 
Cretaceous, or the development of agriculture, must have had substantial 
effects on soil development and erosion, and therefore the relative importance 
of physical versus chemical weathering, and hence rocks versus soils as sources 
of clay minerals. 

Sediment yield depends on a complex interplay of many factors, amongst 
the most important of which are climate, relief, vegetation and lithology. On a 
local and on a basin scale, sediment yields vary greatly and there is little 
correlation between drainage basin size and yield (Fig. 4.3). Nor is there any 
general statistical relationship between single variables such as runoff and 
yield (Selby 1994). Variation of sediment yield in the Amazon basin (Fig. 4.4) 
was studied by Gibbs (1967) who showed that 80% of the sediment is derived 
from only 12% of the basin area comprising the mountainous Andean regions. 
Land use by man has also greatly affected sediment yields, which in many 
regions have probably increased two to three times since late Pleistocene times 
(Gorsline 1984). 



Erosion, Sedimentation and Sedimentary Origin of Clays 


167 





CO 


CD 


>* 

c 

(0 

L_ 

CD 

Q. 

L_ 

E 

£ 

XL 

To 

CD 

CD 

L_ 

CO 

O) 

=3 

TD 

O’ 

CO 

CD 

L_ 

'>* 

CD 

Q. 

C 

CO 

CD 

C 

E 

o 

~o 

o 

CD 

o 

CO 




Fig. 4.3. The magnitude of annual sediment discharge of the world’s major rivers and the worldwide distribution of regions with the highest 
sediment yields. Note the huge amounts of sediment erosion in southeast Asia and the western Pacific islands due the combination of high relief 
and high rainfall in these regions. Based on data and figures from Strakhov (1967), Stoddart (1971), Milliman and Meade (1983) and Jannson 
(1988) 


168 


S. Hillier 



Fig. 4.4. Variation in sediment yield in the 
Amazon basin. For the basin as a whole, sedi¬ 
ment yield is clearly dominated by that from 
areas of high relief in the Andes and their foot¬ 
hills. (Modified from Gibbs 1967) 


RIVERS 


ATMOSPHERE 



Terrestrial dust 0.6 
Volcanic ejecta 0.15 



Fig. 4.5. Masses of sedimentary materials transported to the oceans annually. Most of this sedi¬ 
mentary material is both clay sized and dominated by clay minerals. Modified from Garrels and 
Mackenzie (1971) with updated estimates of fluxes from Milliman and Meade (1983) and Gorsline 
(1984) 


4.2.3 Global Fluxes 


Whatever the source of clay minerals, through the agents of erosion they are 
transported away from their sources to be deposited elsewhere, and eventually 
may find their way to the oceans. The bulk of the mud supplied to the oceans 
comes from the worlds twenty largest rivers (Milliman and Meade 1983). 
Estimates of the annual global fluxes of materials to the ocean indicate that 
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rivers supply about 13.5 billion tons yr -1 of suspended load. Ice transport is 
second in importance supplying about 3 billion tons yr -1 ’ while supply from 
atmospheric transport is estimated at about 0.75 billion tons yr -1 , mainly from 
dusts of terrigenous origin (Fig. 4.5). Assuming, as did Weaver (1989), that 
about 60% of all this material is phyllosilicates, then about 10 billion tons 
yr _1 of phyllosilicates are delivered to the oceans. Of this amount, Weaver 
(1989) suggests that about half is in the <2 pm clay-size fraction. For complete¬ 
ness, mention must also be made of the fine-grained biogenic contribution that 
comes from the remains of planktonic carbonate and siliceous micro-organ¬ 
isms. Together these contribute about 2 billion tons yr _1 to oceanic sediments, 
mainly in areas of high biological productivity, and their accumulated deposits 
cover large areas of the ocean floor (Fig. 4.1). 


4.3 Erosion, Transport and Deposition of Clay Minerals 


As with all other sedimentary materials the agents of erosion, transport and 
deposition of clay minerals are water, wind, and ice. On the continents rivers 
are the principal agents of transport and deposition of clays. Then, through 
estuaries and deltas, the suspended clay-mineral loads of rivers reach the 
ocean where they are further dispersed by currents, and in many instances also 
by mass flows after a period of temporary deposition. Wind also erodes, 
transports and deposits large quantities of clay-sized material from many 
areas. Of the three agents, water, wind and ice, processes involving water are 
by far the most important (Fig. 4.5). However, there are significant areas of the 
oceans where the majority of the clay minerals in the sediments have been 
transported there by wind or by ice. 


4.3.1 Transport by Rivers 

By far the majority of clay mineral transport in fluvial systems occurs in 
suspension, and suspended loads, and therefore clay minerals, account for by 
far the largest proportion of sediment moved by rivers. At the mouths of large 
rivers such as the Mississippi, the Amazon and the Congo, typically more than 
90% of the total sediment transport is suspended load. The suspended load is 
defined as those grains whose settling velocity is greatly exceeded by the 
upward component of turbulence, and although this is obviously a loose defi¬ 
nition, suspended loads generally consist of particles finer than coarse silt 
(about 30 pm). In deep rivers, because of the greater settling velocity of larger 
and denser particles, a concentration gradient may develop where the mass of 
sediment per unit volume decreases with height above the bed. These changes 
in mass are often also accompanied by changes in the composition of the 
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Fig. 4.6. Comparison between mineralogy and grain-size distribution of suspended sediments 
from a lowland tropical tributary and a mountainous region tributary to the Amazon river, and at 
the mouth of the Amazon. (Modified from Gibbs 1967) 


suspended load. Furthermore, particles which are carried in suspension in one 
part of the flow may be carried as bed load in another part due to changes in 
the turbulence of the flow, i.e. more turbulent flows can carry more and larger 
particles. 

The way in which the suspended sediments in the Amazon river vary 
between tributaries which rise in tropical regions compared to mountainous 
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regions is shown in Fig. 4.6. Tributaries which rise in low-relief tropical areas 
carry predominantly kaolinite, and the vast majority of the suspended load is 
<2 pm in size. In contrast, tributaries which rise in mountainous regions carry 
more varied loads, and a much wider grain-size distribution concentrated in 
the silt-size fraction. The abundant mica, chlorite, quartz and feldspar reflect 
the dominant origin by physical weathering. Because of the dominance of the 
mountainous regions in terms of sediment yield (Fig. 4.4) the composition of 
the suspended sediment at the mouth of the Amazon (Fig. 4.6) is also domi¬ 
nated by the minerals derived from the rocks and soils of the mountainous 
regions (Gibbs 1967; Meade 1988). 

Much of the suspended load carried by rivers originates outside the river 
channel and is supplied as wash load from overland flow on hill slopes. How¬ 
ever, erosion of the river banks can also be a very important, often the 
dominant, source of sediment (Reid and Frostick 1994). Concentrations of 
suspended sediment typically range from a few tens to several thousand 
mg H, although values as high as six hundred thousand mg 1 _1 (60% sediment 
by weight) have been observed (Reid and Frostick 1994). 

Generally, suspended sediment concentration increases with increasing 
water discharge so that most clay is transported during times of flood. How¬ 
ever, the relationship is only a very general one that varies both from one river 
to another and with time in the same river. This is due to the many factors 
which affect the availability of sediment, including the length of time since the 
previous flood. Furthermore, sediment concentrations are normally higher, by 
one or two orders of magnitude, on the rising limb of a flood hydrograph than 
at corresponding levels of discharge on the falling limb. This is due to the 
flushing of most of the available sediment from hill slopes and channel banks 
during the early stages of a storm. The importance of floods to the transport of 
clay-sized material is emphasised by the fact that many rivers transport more 
than half of their annual sediment load in only 5-10 days of the year (Meade 
and Parker 1985). 


4.3.2 Transport in the Sea and Ocean 

Most of the fine-grained sediment that reaches the open sea is supplied by 
rivers, and initially most of this is transported no further than the shallow shelf 
environments of the continental margins. Locally, this fluvial supply often 
results in the formation of mud belts on the shelf, their location being control¬ 
led by the dynamics of supply and dispersal. Generally, the concentration of 
suspended sediments in shelf waters shows an exponential decreases from 
values of 10-100 mg H in coastal areas to values of 0.1-1 mg 1 _1 over the outer 
shelf. McCave (1972, 1985) described the sites of shelf mud belts in terms of 
five different types, namely muddy coasts, nearshore, mid- and outer-shelf 
mud belts, and shelf mud blankets (Fig. 4.7). Notionally, their location is 
explained by the relationship between the general exponential decrease in 
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Fig. 4.7. The different locations of mud belts on continental shelves and their schematic explanation in terms of changes in mud 
concentration and a notional parameter combining wave and tidal activity. (Modified from figures in McCave 1972) 
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suspended sediment concentration in an offshore direction and the pattern of 
wave and current activity at the sea bed. Muddy coasts form in areas adjacent 
to major fluvial inputs, as do nearshore mud belts where supply is less, while 
mid-shelf mud belts characterise areas of higher wave energy which displaces 
mud deposition seawards. In areas offshore from major deltas, especially those 
in the tropics, muds often blanket the whole shelf. Muddy coasts and blanket 
deposits are essentially due to very high supplies of mud, and demonstrate that 
muds can be actively deposited in areas of high energy simply if there is 
enough of it about. An impressive example of this contradiction to long-held 
assumptions that mud only accumulates slowly in quiet wave-free conditions is 
provided by the 1600 km of muddy coastline between the Amazon and 
Orinoco rivers. Here suspended sediment concentrations are typically up to 
1000mg H: about 150 x 10 6 m 3 yr 4 of mud is transported to the northwest in 
suspension and another 100 x 10 6 m 3 yr _1 as migrating mud banks, largely as a 
result of wave action (Wells and Coleman 1981). 

According to McCave (1972) the transport of mud across the shelf is 
achieved by both diffusion and by advection. Advective plumes associated 
with fluvial supply points and with areas of convergent tidal currents are the 
most important, but there is also a gradual seaward diffusive transport of 
material suspended by wave and current activity. Examples of advective trans¬ 
port are the Rhine mudstream northwards along the Dutch coast, and the 
Amazon mudstream northwards along the Guinea coast as mentioned above. 

In addition to the supply of suspended sediments from rivers to the conti¬ 
nental shelves, Meade (1972) emphasised the potential importance of other 
sources and the assumption that river suspended loads are naturally trans¬ 
ported out onto the shelf. For example, on most outer shelves organic material 
from marine organisms may make up the bulk of suspended matter, and 
resuspension of relict sediments by wave and current activity may represent an 
important source. Concerning rivers as sources, on the Atlantic coastal plain of 
the United States, Meade estimated that about 90% of the fine-grained 
suspended sediment supplied by rivers is deposited in the estuaries and in 
wetlands fringing the coast. Based on studies of the clay mineral assemblages 
it has also been shown that some fine-grained sediments in the estuaries of the 
eastern United States have been transported into them from the sea 
(Hathaway 1972; Peaver 1972). The role of coasts in northwest Europe as 
either sources or sinks of sediments to the marine environment has been 
discussed by Kirby (1987). In several areas there is evidence that human 
activity has resulted in estuaries changing from sinks, for both fluvial and 
marine sediments, to sources of sediments to the shelves (Avoine 1987; Irion 
et al. 1987). The contribution of clay minerals from the rivers Ems, Weser 
and Elbe to the mud deposits of the German Bight in the southern North Sea 
is confirmed by the associated high levels of pollution, and it appears that 
mean sedimentation rates of between 1-4 m for the last hundred years are also 
much higher than for older deposits as a result of human activity (Irion et al. 
1987). 
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Further availability of shelf muds to the deep sea depends on sea level and 
shelf width. High sea levels and wide shelves promote deposition on the shelf, 
whereas low sea levels and narrow shelves promote the transport into, and 
deposition of mud in the deep sea environment. According to Stow (1994), the 
processes that transport and deposit fine-grained sediments in the deep sea are 
resedimentation processes that involve some form of mass flow, bottom 
currents, and surface currents in combination with pelagic settling (Fig. 4.8). 

Resedimentation processes are event processes driven by gravity, and as 
far as clays and muds are concerned the most important are turbidity currents. 
Turbidity currents are mixtures of sediment and water propelled downslope as 
a result of their density contrast with the surrounding waters. They develop as 
a result of events that include slumps, debris flows, storms, and river floods, 
and they may travel up to a few thousand kilometres across the sea floor. 
Waning turbidity currents that have already deposited the bulk of their sedi¬ 
ment may become more buoyant than the deep cold ocean waters they have 
penetrated. Frequently, this results in the discharge of the remaining fine¬ 
grained material into a plume rising up to 1000 m above the ocean floor, a 
process known as flow lofting. By this means fine-grained sediments may be 
dispersed well beyond the turbidity current deposit itself (Stow 1994). 

Bottom, or contour, currents are driven episodically by wind, tides and 
waves, and more continuously by thermohaline circulation (Faugeres and 
Stow 1993). Unlike turbidity currents they are not driven by gravity and so 
they may flow along, and even up, slopes as well as down them. The major 
pattern of deep water circulation in the world ocean is driven by the cooling 
and sinking of saline surface waters at high latitudes and their slow movement 
away to lower latitudes. As result of the Coriolis force these water masses are 
banked up on the western sides of the oceans to form the Western Boundary 
Undercurrents. Water from these currents spreads slowly eastwards and 
upwells to the surface layers. Associated with these currents are concentra¬ 
tions of suspended matter forming bottom nepheloid layers, usually extending 
up to about 1 km above the ocean floor. They are formed by the resuspension 
of bottom sediment by the current motions of the abyssal circulation. The 
suspended particles in these layers are on average less than 12 pm in size, 
and concentrations are only about 0.01-0.3 mg 1 _1 . Net particulate loads of 
nepheloid layers in the Atlantic were calculated by Biscaye and Eittreim 
(1977) and were shown to be almost an order of magnitude lower in the 
eastern Atlantic, at 13 x 10 6 tons, compared to the western Atlantic, at 111 x 
10 6 tons. This difference is due to the strong western boundary currents. These 
layers are also well developed in areas where surface kinetic energy may 
propagate downwards to produce “deep sea storms” (McCave 1986). 

Pelagic settling is the slow and continuous vertical settling of fine-grained 
materials in the open sea. Most material settles at rates of between 1cm sec -1 
to lcmmur 1 as aggregates that may be floes, or pellets produced by filter 
feeders. In the open sea, biological debris, such as the skeletons of calcareous 
and siliceous microfossils, are often the dominant component of various 
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Fig. 4.8. Fine-grained sediment transport and deposition processes in the ocean. (Modified after Stow 1994) 
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pelagic deposits known as oozes (Fig. 4.1). The accumulation of these deposits 
is controlled by biological productivity in surface waters and by the carbonate 
compensation depth (CCD). The CCD is the depth at which the rate of 
carbonate supply is balanced by the rate of dissolution; thus carbonate does 
not accumulate below this depth which is typically at about 4 km. Siliceous 
oozes are found in peri-equatorial zones, the subarctic and Antarctic, and 
along the margins of some continents. All are areas of important upwelling of 
waters enriched in nutrients due to the bacterial oxidation of dead planktonic 
organic matter that has sunk from the surface layers. The deep-sea sediments 
which accumulate below the CCD, in areas of low biological productivity and 
away from important terrigenous supply, are known as red clays. The deepest- 
sea red clays are a combination of mostly aeolian, but also volcanic and cosmic 
sources (Glasby 1991). Somewhere between pelagic settling and the deposits 
of low-density turbidity currents there is a range of overlap of processes and 
deposits that are conveniently termed hemipelagic (Fig. 4.8). A typical distri- 



Fig. 4.9. Typical profile of sus¬ 
pended particulate matter in the 
ocean from an area with a well-de¬ 
veloped nepheloid layer. The surface 
waters contain more biogenic parti¬ 
cles than bottom waters and the de¬ 
creasing concentration depth profile 
is due to a combination of large-scale 
equilibrium processes including ver¬ 
tical settling, dissolution and decom¬ 
position of biogenic particles, and 
lateral injection of particles from 
shelf areas. The increasing concen¬ 
tration in deeper waters towards the 
ocean floor, known as the nepheloid 
layer, contains material suspended 
and mixed vertically or laterally in¬ 
jected by bottom contour currents 
and turbidity currents. (Modified 
from Biscaye and Eittreim 1977) 
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bution of suspended particulate matter in the ocean resulting from the interac¬ 
tion of pelagic settling and all of the various transport processes is shown in 
Fig. 4.9. 


4.3.3 Deposition of Clay Minerals by Settling 

The deposition of clay-sized particles from all kinds of water bodies occurs, 
principally, by settling from suspension. In static water the rate of settling is 
governed mainly by particle size, and with various assumptions, e.g. that the 
particles are spheres, it can be estimated from Stokes’ law. The effect of 
different particle shapes has been treated by Lerman (1979). Basically, non- 
spherical particles settle more slowly than their volume equivalent sphere, 
especially platy shapes like those of many clay minerals (see Sect. 2.2.1). 
Under many sedimentary conditions the water in which the particles are 
suspended is not static but flowing, and this will further determine whether 
particles remain suspended, or if they are deposited. For clay particles less 
than 1pm in size settling times are extremely slow, of the order of about 
3hem -1 or longer. In effect, the bulk of sedimentation of fine-grained particles 
only occurs because of processes of aggregation which increase particle size by 
one or two orders of magnitude (McCave 1984). Up to concentrations of about 
several tens of thousands of mgl -1 settling rates tend to increase because of the 
greater chance of particle-particle collisions leading to the formation of ag¬ 
gregates. Above these concentrations setting rates begin to decrease due to 
mutual particle hindrance. The terms, aggregation, agglomeration, 
flocculation and coagulation are sometimes used interchangeably, and some¬ 
times more specifically to refer to a certain type of process of particle associa¬ 
tion (van Olphen 1977; Yariv and Cross 1979). From a sedimentological 
viewpoint, aggregation is probably the best general term. 

In order for aggregation to occur, two things must happen: particles must 
approach each other close enough to interact and they must sometimes stick 
together as a result. Three physical processes are responsible for bringing the 
particles together; Brownian motion, velocity gradients due to laminar and 
turbulent shear, and differential settling, also known as scavenging. The opera¬ 
tion of these three different mechanisms is discussed in some detail by Lerman 
(1979). In estuaries and in coastal waters turbulent shear is dominant, whereas 
in the deep ocean basins Brownian motion may dominate for particles of < 
lpm in size and is succeeded by scavenging and then by shear for increasingly 
large particle sizes (McCave 1984). The second step of aggregation, that of 
sticking particles together, depends on the surface properties of the particles. 
The sticking together part of aggregation may have various causes such as 
electrochemical flocculation by salts, or biological processes that produce 
“glues” such as the biopolymers exuded by bacteria (McCave 1984). The 
obvious aggregation of particles which occurs in estuaries has often been 
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attributed to salt flocculation, but there is a substantial body of evidence which 
indicates to some workers that biological processes may be much more impor¬ 
tant than changes in salinity. 


4.3.3.1 Salt Flocculation 

The process of salt flocculation occurs between fine-grained particles that are 
charged. The charge may originate in two ways, one is from substitutions 
within the mineral structure, and the other from surface reactions. Most clay 
minerals carry a permanent net negative charge due to the substitution of 
cations of higher valence by cations of lower valence in the crystal structure. In 
contrast, charge originating at the surface is pH dependent; it is usually posi¬ 
tive at low pH and negative at high pH. For a clay particle in suspension its 
charge is balanced by ions of opposite charge which are loosely held in a 
“cloud” surrounding the particle. In this cloud the concentration of the so- 
called counter ions is in excess of that in the electrically neutral bulk solution, 
and there is a deficiency of ions of similar charge to the particle (Fig. 4.10). In 
water of low ionic strength this disturbance in electrical neutrality extends 


Negatively Diffuse double layer 

charged -► 

particle 


Bulk solution 






Fig. 4.10. Changes in the diffuse double layer thickness with changes in ionic strength. The net 
negative charge on a particle in suspension is shown to be balanced by an excess of cations (+) in 
the solution surrounding the particle. Together, this balanced region of charge is known as the 
diffuse double layer. In a solution of low ionic strength the diffuse double layer extends out much 
further from the particle surface than in a solution of higher ionic strength. The distribution of 
cations (+) and anions (-) in the solution is also shown graphically. (Modified from Arnold 1978) 
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Fig. 4.11. Changes in repulsive 
energy as a function of particle 
separation for three different 
ionic strengths. Attractive 
energy due to van de Waals 
attraction remains constant so 
that at low ionic strength 
repulsive energy is greater 
than attractive energy, 
whereas at high ionic strength 
attractive energy is greater. 
(Modified from van Olphen 
1977) 


much further into the solution than is the case in a solution of high ionic 
strength (Fig. 4.10). As particles approach each other in suspension their 
clouds of counter ions interact and cause them to repel each other. In addition 
to this repulsive force, the particles have an attractive force due the van de 
Waals attraction. In solutions of high ionic strength the cloud of counter ions 
becomes so compressed (Fig. 4.11) that the particles may approach each other 
close enough for the van de Waals attraction between them to stick them 
together. This process is known as flocculation, or more specifically salt 
flocculation. The idealised distribution of charge from the clay particle and the 
cloud of counter ions surrounding it are often referred to as the “double 
layer”, and the dynamic interactions between surfaces, ions in the surrounding 
“cloud”, and the bulk solution are described by various diffuse double layer 
models (van Olphen 1977; Stumm 1992). 

Salt flocculation occurs most obviously when there is a change in salinity, 
such as at the contact between fresh water and sea water in estuaries, or when 
fresh water flows into a saline lake. Changes in pH from river water (pH 5-6) 
to sea water (pH 8) will also affect pH-dependent surface charge and therefore 
may also influence the flocculation process. The rate at which flocculation 
occurs depends on the concentration of particles in suspension, the amount of 
agitation, i.e. the processes that may bring the particles together, and salinity 
which is the most important variable. Gibbs (1983) found that salt flocculation 
occurs already at salinities of 0.05 to 0.1%. Different cations also have 
different flocculating powers related to their hydrated ionic radii and their 
valence. For monovalent cations flocculating power decreases in the order 
Cs > Rb > NH 4 >K > Na > Li. The effect of valence means that the flocculating 
power of divalent cations may be 5-200 times, and that of trivalent cations 
250-15 000 times, the power of monovalent cations (van Olphen 1977). In the 
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absence of complicating factors, such as specific adsorption of certain ions, the 
critical concentrations of an ion required for flocculation are in the ratio 
1 / (valency) 6 . 

In river waters, which typically have ionic strengths of <0.01 mol kg _1 , the 
diffuse double layer might extend over a thickness of about 100 A for a 
monovalent cation as opposed to 50 A for a divalent cation. In sea water with 
an ionic strength of 0.7 mol kg -1 the double layer for both monovalent and 
divalent cations would be less than a few Angstroms thick. 


4.3.3.2 Differential Flocculation and Settling 

From theoretical considerations and laboratory experiments with saline solu¬ 
tions, it is well known that some minerals flocculate more readily than others 
(Hahn and Stumm 1970; Gibbs 1983). This is known as differential floc¬ 
culation. The flocculation behaviour of a mineral depends on its surface charge 
density, such that smectites with their typically low charge density (high sur¬ 
face area/low charge) will flocculate less readily than illites and kaolinites 
which have higher surface charge densities (small surface area and/or high 
charge). However, the results of various experiments with natural clays are 
often contradictory. Most probably, this reflects the complex nature of the 
natural materials, including the presence or absence of surface coatings of 
organics and hydrous oxides which modify surface properties. Although it can 
be observed in the laboratory, it is doubtful whether differential flocculation is 
important in nature. Furhtermore, it is not certain whether salt flocculation is 
an important process in nature, as it may be overwhelmed by the aggregation 
effects of biological processes (Meade 1972; Eisma 1986). On the other hand, 
differential settling, due simply to differences in particle size, does appear to 
be a mechanism capable of sorting clay minerals in natural environments 
(Gibbs 1977). In particular, fine-grained smectites often appear to be pre¬ 
served in suspension longer than other clay minerals (Chamley 1989). 


4.3.3.3 Bio- and Organic Flocculation 

Eisma (1986) reviewed a large number of studies on flocculation in estuaries 
and emphasized the paramount importance of biological processes. He con¬ 
cluded that the formation of floes in estuaries is controlled by the origin of the 
organic matter present, the organisms producing it, and the (temporary) con¬ 
ditions of deposition and resuspension. According to Eisma (1986) salt 
flocculation plays only a minor role, if any, affecting only the very fined- 
grained materials <l|Lim in size. Biological processes act to both bring the 
particles together, often as faeces, and keep them together as a result of the 
sticky properties of various mucopolysacharides produced by bacteria, algae 
and higher plants. The size of floes is controlled by the binding strength of the 
organic matter, and they may also be broken up by organisms that consume 
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the organic “glues”. Furthermore, many natural clay particles are coated with 
organic, principally humic, substances. Much of the negative charge of such 
organic-coated clay particles may be due to the organic coatings themselves, 
which are weak polyelectrolytes. Just as the extent of the electric double layer 
varies with pH and ionic strength, so too does the extent and the configuration 
of the organic layer (known as the macromolecular absorbed layer). The 
stability, i.e. flocculation or dispersion, of much particulate matter may there¬ 
fore be largely controlled by the interactions between such organic layers as 
the coated particles collide with one another (O’Melia and Tiller 1993). The 
nature of the coatings are themselves related to the origins of the clay parti¬ 
cles, such as soil versus rock origins. Changes in clay-mineral distributions in 
estuarine sediments have been attributed to differential salt flocculation, but, 
given the likely minor role of this process, Eisma (1986) argues that they are 
more likely to be related to different sources, and to the mixing and dispersal 
patterns from various sources in the estuary and in the sea. Mixing of different 
continental and marine sources, rather than selective flocculation, now 
appears to be the consensus of most studies concerning the origin of estuarine 
clay mineral trends (Chamley 1989; Weaver 1989). A recent example is 
provided by the study of Algan et al. (1994) of the Solent region in southern 
England. 


4.3.3.4 Properties of Aggregates and Floes 

Floes and aggregates of particles are typically made from all of the diverse 
materials that occur in suspension, and as such they may have a wide variety of 
properties. However, almost all aggregates or floes have substantial propor¬ 
tions of organic matter. Because of the aggregate structures, densities are 
lower than the component materials, while sizes may be up to one or two 
orders of magnitude larger than the components. The floes found in estuaries 
are typically between a few to a hundred microns in size, although larger more 
loosely bonded aggregates known as macroflocs (Eisma 1986) have sizes up to 
3-4 mm. In the oceanic environment the largest aggregates are known as 
“marine snow” and these also may have sizes of up several millimetres in 
diameter. The larger floes often trap silt and fine sand grains between clay 
particles, increasing their settling velocities. 

For platy clay-mineral particles, floes may be formed by several modes of 
particle interaction (van Olphen 1977). Adhesion between the oxygen planes 
of basal surfaces is known as face-to-face (FF) association; adhesion between 
broken-bond surfaces at the sides of the plates is known as edge-to-edge (EE) 
association; and adhesion between broken bonds surfaces at the edges of the 
plates and the oxygen planes of the basal surfaces is known as edge-to-face 
(EF) association (Fig. 4.12). The ease of formation of the different types of 
associations depends on the balance of repulsive and attractive forces which 
are controlled by the chemistry of the solution and the van de Waals interac- 
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Fig. 4.12. Modes of 
platy clay particle 
associations in 
suspension and 
clay floes according 
to the terminology 
of van Olphen 
(1977). (Modified 
from van Olphen 
1977) 


tion energy of the particles. The van der Waals interaction energy is different 
for the three types of association being highest for FF. Associations of the FF 
type give thicker particles whereas associations of EF and EE lead to much 
lower density, larger volume aggregates (Fig. 4.12). For the phyllosilicate 
clay minerals, F (face) surfaces carry permanent net negative charges due to 
substitutions within the mineral structure, whereas charges at edge sites are 
due to broken bonds and are pH dependent. Such charges become increas¬ 
ingly positive at low pH due to adsorption of H + ions and more negative at high 
pH due to adsorption of OH~ ions. EF interactions between particles are 
therefore more probable at low pH. The FF associations are sometimes 
referred to as tactoids. However, it should be pointed out that in natural 
materials, modes of association may be more closely controlled by any surface 
coatings on the particles rather than by the intrinsic properties of the particles 
themselves. 


4.3.4 Erosion, Transport and Deposition by Wind 

Although not as important globally as water, in certain areas of the world wind 
is an important agent of erosion, transport and deposition of clay minerals, and 
can contribute the dominant source of material to some deep-sea sediments. 
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Erosion and entrainment of clay particles by wind occurs principally in the 
worlds deserts and semi-arid areas where soil moisture content is most defi¬ 
cient. However, regions in more temperate areas can also be affected, espe¬ 
cially where agricultural practices expose large areas of soil for part of the 
year. For example, Coote et al. (1981) have estimated that 160 x 10 6 tons of soil 
is lost annually by wind erosion of the Canadian Prairies, compared to an 
annual lost of 117 x 10 6 tons by water erosion. Apart from the degradation of 
soils, other environmental effects include the health hazards of dust and dete¬ 
rioration of air quality; in many parts of the world dust storms reduce visibility 
to less than 1000 m for 20 to 30 days a year (Nickling 1994). On the other hand, 
vast areas of the world are covered by wind-blown clay and silt, known as loess 
(Catt 1988), and the soils formed on these deposits can be very fertile. 

Fine-grained aeolian sediments do not form important deposits in desert 
areas because the desert conditions ensure that they act principally as a source 
of material to other environments. Other types of terrain that may be impor¬ 
tant sources include glacial outwash plains, dried up lake beds, wadies, and 
alluvial fans. 

The direct entrainment by wind, of particles smaller than about 80 pm in 
diameter is inherently difficult (Fig. 4.13) because at these small grain sizes 
sediment surfaces become aerodynamically smooth and interparticle forces 
increase in importance. As a result, most small particles, including clay miner¬ 
als, are usually entrained by the impact of larger sand-sized grains and also by 
abrasion and break-up of larger particles during transport (Nickling 1994). 
Particles >20 pm in diameter are usually transported only within a few 
meters of the surface, but smaller particles may be transported to great 
heights (Fig. 4.14) and great distances. In arid regions dust storms typically 
transport material up to 3000 m height, and cover areas up to 500000 km 2 
(Goudie 1983). 



Fig. 4.13. Wind 
velocity required to 
entrain particles of 
various sizes. 
(Redrawn from 
Bagnold 1941) 
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Fig. 4.14. Predicted changes in relative concentration of particles of different sizes with height in 
a severe wind storm. (Redrawn from Tsoar and Pye 1987) 

Long-distance transport depends on many related factors including the 
texture of the eroding surface, ejection rate into the air stream, particle size 
and shape, and the turbulent structure of the wind (Nickling 1994). The 
maximum distance that particles of various sizes could be transported in 
suspension during a moderate storm was calculated by Tsoar and Pye (1987). 
For clay-size material, their calculations show that even moderate storms are 
capable of transporting particles over thousands of kilometres, whereas parti¬ 
cles >20 pm in diameter are not likely to travel more than 30 km. 

To a large extent the deposition of aeolian dusts depends on dampness 
and roughness of surfaces (Nickling 1994). Deposition increases over damp 
surfaces because of cohesion, and over open water there is no longer any 
further source of particles for entrainment. Changes in roughness, such as 
from unvegetated to vegetated ground, cause trapping of particles. Just as in 
sedimentation from water, fine-grained clay particles suspended in the atmos¬ 
phere may become aggregated which increases their settling velocities. In the 
atmosphere, aggregation by scavenging and by shear become more efficient 
than aggregation due to Brownian motion, for particles >3 pm in size (Lerman 
1979). The potential for long-distance aeolian transport is nowhere more 
evident than in the sediments of the deep ocean basins where, because of the 
paucity of other sediment sources, aeolian supply may become the dominant 
source of sediment. According to Windom (1969, 1975) dust transported by 
wind from deserts contributes from 10 up to 75% of the non-biogenic fraction 
of deep ocean sediments. The great variety of anthropogenic aerosol also 
suggests that there is likely to be a growing number of anthropogenic compo¬ 
nents in deep-sea sediments. 

The major source areas for wind blown dust and dust trajectories are 
shown in Fig. 4.15. The most important meteorological conditions for dust 
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DUST TRANSPORT 
DIRECTIONS AND 
DISTANCES 

Fig. 4.15. Aeolian dust trajectories and transport distances from the world’s desert areas. Long¬ 
distance transport involves particles with grain sizes of <20 pm. (Modified from diagrams in Pewe 
1981; Pye 1987) 

transport occur when low pressure fronts cross these regions, although locally 
many other weather patterns are capable of producing winds strong enough to 
entrain large amounts of dust. The composition of aeolian dusts varies greatly 
because it is determined by the minerals in the source area, although the 
influence of local sources diminishes with distance. 
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4.3.5 Erosion, Transport and Deposition by Ice 

Ice can be an important agent of erosion, transport and deposition of clay 
minerals in two settings; glacial environments, and high-latitude oceans where 
the climate is seasonally cold enough for sea ice to develop (Fig. 4.16). At the 
present time glaciers cover about 10% of the Earth’s surface, but during the 
Quaternary, maximum coverage was about 30% (Edwards 1986). As a result 
direct glacial deposits known as “tills”, together with various sediments 
formed or fed by glacial outwash, form important deposits in many present- 
day temperate regions. There are many kinds of tills (Edwards 1986), but all 
are typically poorly sorted and often contain large amounts of fine-grained 
sediment forming a matrix for the coarser-grained material. Much of the 
fine-grained material is formed as “rock flour” generated by glacial grinding of 
rock against rock. Glacial meltwater or outwash also forms many kinds of 
sedimentary deposits (Edwards 1986), but as far as fine-grained sediments are 
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Fig. 4.16. Mechanisms of sediment incorporation into, and transport by, ice. One of the most 
significant processes for clay minerals is suspension freezing in shallow-shelf waters. Sediments 
transported by sea ice may be distinguished from those transported by icebergs by their grain-size 
distribution 


concerned, the contributions of outwash deposits to wind blown loess (Catt 
1988) and to glacio-lacustrine and glacio-marine sediments are probably the 
most important. Strong seasonal variations often result in changes in sediment 
load of glacial meltwater, resulting in the deposition of laminated deposits of 
silt and clay, which, when they are composed of annual couplets of silt and 
clay-rich layers, are known as varves. 

Generally, temperate and subpolar glaciers produce more meltwater 
and release the largest quantities of suspended sediment which may form 
underflows or overflows depending on whether the receiving water body is 
marine or fresh, and on the concentration of material in suspension. 

In addition to acting as fine-grained sediment sources to lacustrine and 
marine environments via meltwater, ice may accomplish direct sediment en¬ 
trainment and transport in lakes and in the ocean by the process known as ice 
rafting. Where glaciers are concerned, ice rafting by icebergs is best known for 
its ability to transport and deposit coarse sediments in regions that normally 
receive only fine-grained pelagic sediment. As the ice drifts away from its 
source and begins to melt, coarse material incorporated within it is released 
and drops into the sediments below forming so called “drop stones”. However, 
large quantities of fine-grained sediment may also be transported in this way 
by icebergs, and in sea ice it is typically the major sedimentary component 
(Barnes et al. 1982; Niirnberg et al. 1994). 

Sediment distribution in sea ice is very variable but tends to be concen¬ 
trated near the surface or in the interior of the ice in distinct layers, in some 
instances up to 5 m thick (Niirnberg et al. 1994). Sediment concentrations are 
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also very variable. Typically, they range from a few mg 1 _1 to several hundred 
mg H but they may be as high as several thousand mg l 1 . Near surface 
accumulations may become more concentrated by cycles of melting and freez¬ 
ing of surface ice. The processes by which sediment may be incorporated into 
sea ice include aeolian transport to the ice, bottom freezing in shallows, 
slumping of cliffs, flooding by sediment laden river water, and bottom dragging 
by ice keels, but all to these processes are of minor importance compared 
to suspension freezing (Fig. 4.16; Barnes et al. 1982; Nurnberg et al. 1994). 
Suspension freezing occurs when strong winds and intense turbulence in com¬ 
bination with extreme subfreezing temperatures, cause shallow-shelf waters to 
become slightly supercooled, resulting in the underwater growth of ice crystals 
which interlock with clay and silt sediment particles suspended in the water by 
the turbulence due to the storm. With time, the crystals accumulate at the 
surface as a layer of slush ice which gradually congeals into a continuous layer 
of turbid ice. The process of suspension freezing is confined to shallow shelves, 
and then only occurs seasonally during the autumn and winter freeze up. It is 
also most effective on the widest shelves where the progressive seaward exten¬ 
sion of freezing is most prolonged, and where the prevailing winds blow 
offshore, promoting the continuous advection of newly formed ice seawards. 
By these processes sea ice and icebergs may transport clay minerals over 
hundreds of kilometres (Ehrmann et al. 1992; Kuhlemann et al. 1993). 

For both icebergs and sea ice, cycles of freezing and melting can cause 
sediment to become aggregated into pellets which remain intact and are 
deposited as pellets onto the sea bed in areas where the ice melts 
(Goldschmidt et al. 1992). Pellets from icebergs appear to be larger, up to 2cm 
diameter, than those from sea ice, which are at most a few millimetres in 
diameter. Sea-ice pellets can also be distinguished from those of iceberg origin 
by the finer grain size of the component grains. 

4.3.6 Modifications and Transformations 
During Transport and Deposition 

During transport, and during cycles of transport and temporary deposition, by 
any number of the processes discussed in the previous sections, clay minerals 
may undergo both physical and chemical modifications and transformations. 
Principal among these modifications are those that occur by the processes of 
ion exchange and fixation, indeed many modern-day environmental pollution 
problems are determined by the way in which pollutants interact with the 
surfaces of clay-sized materials. A useful summary of the kinds of interaction 
that may occur is given by Yariv and Cross (1979). 

4.3.6.1 Ion Exchange and Fixation 

One important process that affects clay minerals during transport is ion ex¬ 
change. Most clay minerals are negatively charged so that most ion exchange 
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Table 4.1. Typical ranges of cation exchange capacity (mEq/100 g) 
of various clay minerals and river-suspended sediment. Values for 
clay minerals are from Grim (1968), values for suspended sedi¬ 
ment are from Kennedy (1965) 


Kaolinite 

3-15 

Chlorite 

10-40 

Illite 

10-40 

Smectite 

80-150 

USA river-suspended sediment 

6-48 


involves cations which balance these negative charges. The amount of ex¬ 
changeable cations required to balance the net negative charge is known as the 
cation exchange capacity (CEC). CEC is traditionally quoted in units of 
milliequivalents per 100 g of dry clay. An equivalent of an ion is its molecular 
weight divided by its valence. The net negative charge of the clay mineral may 
originate from substitutions within the mineral structure, and from surface 
reactions such as those with “broken” bonds. The proportions of charges of 
different origin vary from one mineral to another, for example broken bonds 
at the edges of crystals are the major cause of CEC for kaolinite, whereas 
substitution in the mineral structure is the major cause of CEC for smectites. 
Surface related charge is pH dependent, and by convention the CEC is 
normally measured at neutral pH. Typical CECs of the common clay minerals 
are given in Table 4.1. along with a range of CECs for suspended river 
sediments. 

Suspended sediments usually contain a range of clay minerals along with 
various oxides, hydroxides and organic matter derived from soils, all of which 
may have important CECs. Bulk CEC measurements of such materials obvi¬ 
ously depend on both the proportions and the properties of the various differ¬ 
ent components. 

The kinds and proportions of different exchangeable ions associated with 
a clay-mineral particle depend on the kinds and proportions of different ions 
in the surrounding solution. If the composition of the solution changes, the 
exchangeable cations also change in a related fashion. Such cation exchange 
reactions are effectively instantaneous. Hence, changes in river water chemis¬ 
try, either spatially or through time, will cause concomitant changes in the 
exchangeable ions associated with clay particles. Such changes in water chem¬ 
istry may occur as a result of significant changes in the geology, soils, and 
weathering in different parts of a river’s catchment, or they may occur due to 
human influences such as the drastic chemical changes that characterize acid 
mine drainage. However, the most obvious and dramatic change in water 
chemistry occurs when river waters eventually meet and mix with the ocean. 

Typically, the exchangeable cation suites of clay minerals in fresh waters 
are dominated by Ca 2+ ions. On entering sea water Ca 2+ ions are exchanged 
principally for Na + ions (Sayles and Manglesdorf 1977). To a lesser extent 
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there is usually some increase in exchangeable Mg 2+ and K + ions. Data from 
many early studies often showed that clay minerals took up Mg 2+ from 
seawater in preference to Na + , and this was sometimes suggested as indicating 
the formation of interlayer brucite and hence chlorite layers. However, these 
data are now known to be erroneous due to a flaw in the experimental 
procedure, namely the rinsing of samples with distilled water (Sayles and 
Manglesdorf 1977). Essentially, the dilution effect of rinsing sea water from 
the sample leads to the selective uptake of cations of higher valence as pre¬ 
dicted qualitatively by Donnan equilibrium concepts. Experiments by Sayles 
and Manglesdorf (1977) showed that clay minerals in equilibrium with sea 
water contain a suite of exchangeable cations consisting of about 50% Na + , 20- 
40% Mg 2+ , up to 20% Ca 2+ and around 5% K + . The main variation appears to 
be in the relative proportions of the divalent cations Ca 2+ and Mg 2+ , but 
together their sum is usually constant at around 40%. The dominant change 
from Ca 2+ to Na + is related to the change in relative abundance of these ions in 
fresh waters and sea water, respectively. However, the exchangeable cation 
populations of different clay minerals are not identical, because changes in 
concentrations of cations in solution are not the only factor involved in cation 
exchange. Certain cations may be selectively sorbed at various different 
exchange sites. 

There are some data that suggest that the CEC of certain clay minerals 
may decreases on passing from river to marine waters. Processes such as K + 
fixation by vermiculitic clay minerals formed in soil environments may often 
be responsible for such observations (Weaver 1989). In this respect, Weaver 
(1989) notes that vermiculitic clay minerals are common in East and Gulf 
Coast rivers in the United States, but are not observed in the estuaries and 
marine bays. Weaver (1989) suggests that K + fixation may have resulted in 
much vermiculite reverting back to a more micaceous or illitic nature. Potas¬ 
sium fixation, and the resulting formation of illite layers, may also occur for 
smectites, particularly when they are subjected to cycles of wetting and drying 
(Srodon and Eberl 1984; Eberl et al. 1986). This process is most effective for 
smectites with high layer charge and may result in the formation of randomly 
interstratified illite/smectite with up to 50% of illite layers. 

4.3.6.2 Pollutant Transport and Regulation 

As a result of the same properties which give rise to cation exchange and 
fixation, clay minerals may also act as important transporters and regulators of 
environmental pollutants (Malle 1990; Forstner et al. 1990; Kuhnel 1992). 
Many pollutants or contaminants such as heavy metals, like lead, zinc, cad¬ 
mium and copper, tend to be quite insoluble in most surface waters and are 
strongly sorbed to surfaces. Consequently, both the amounts of many contami¬ 
nants in the environment and their transport pathways, cycling, and ultimate 
removal, are not controlled by solubility, but by sorption-desorption reactions 
on sedimentary particulate matter (Schindler 1991). 
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The nature of sedimentary particulate matter is diverse, but in general it is 
the finest grain-size material, including clay minerals, with which most pollut¬ 
ants become associated (Baker 1980; Helios Rybicka 1992). This is because the 
finest size fractions have the largest surface areas and therefore dominate the 
surface properties of most sediments. It follows that the dispersal of pollutants 
in the environment depends on the processes which control the dispersal and 
accumulation of fine-grained sediments. In addition, the potentially toxic ef¬ 
fects of pollutants and their bio-availability, depend on how the pollutants are 
sorbed to the clay-sized material, and how this may be altered by changes in 
the chemical environment such as pH and Eh, either during transport, or after 
deposition. The transport of pollutants by clay materials is not only important 
in surface environments, but also in the subsurface through the porous media 
of soils and aquifers by the process known as colloidal transport (McCarthy 
and Degueldre 1993). 

An impressive example of the potential importance of clay minerals in 
regulating the effects of contamination is provided by the fate of radioactive 
caesium in the type of upland soils of Scotland that were contaminated follow¬ 
ing fallout from the Chernobyl nuclear disaster in 1986 (Cheshire and Shand 
1991; Shand et al. 1994). Most upland soils in Scotland are high in organic 
matter, but immobilisation of caesium is related to the small amounts of 
mineral matter present within them, particularly the micaceous clay minerals 
because of their ability to fix caesium. This is an example of selective fixation. 
Fixation of caesium occurs in much the same manner as potassium, so that one 
might speculate that cycles of wetting and drying of the clay material, as might 
occur under natural conditions depending on the weather, may also be of some 
importance in governing the effect that the clay minerals have on the fate of 
caesium in particular environments. 

Pollutants may be introduced to the environment from both point or 
diffuse sources. An example of a diffuse source, where its wider dispersal and 
later concentration is probably controlled by clays, is phosphorus applied to 
agricultural lands as fertilizer (Oglesby and Bouldin 1984). Movement of 
phosphorous in the environment may have disastrous ecological consequences 
by promoting the eutrophication of lakes and estuaries. The principal mecha¬ 
nism of phosphorus movement is by erosion and transport of clay particles to 
which phosphorus is sorbed (Froelich 1988). 


4.4 Authigenic (in situ) Formation of Clay Minerals 
in Sediments 

In many different sedimentary environments the new formation of clay miner¬ 
als at surface or near surface temperatures is common place. Such in situ 
formation of a clay mineral in any environment, be it soil, sedimentary, 
diagenetic, hydrothermal or metamorphic, is known as authigenic formation. 
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Typically, in sedimentary environments such authigenic clay minerals are not 
abundant, but they have often been studied extensively because they contain 
much information about specific geochemical processes that are occurring 
there. Among the most common authigenic clays are various minerals of the 
smectite group, such as nontronite and stevensite, minerals of the mica group 
including glauconite and celadonite, various minerals related to the chlorites, 
and two fibrous clay minerals sepiolite and palygorskite. As a very general 
rule, in continental and evaporitic environments the most common clay miner¬ 
als that form are usually Mg-rich, whereas in shallow marine environments 
they are Fe-rich, and in deep marine environments both Fe and Mg-rich 
varieties are common. This is illustrated in Fig. 4.17. Clearly, the geochemistry 
of both Mg and Fe must play a major role in the formation of authigenic clay 
minerals in surface and near surface environments. 

4.4.1 Continental Authigenic Smectite 

In continental environments, smectite formation by authigenesis and transfor¬ 
mation processes is undoubtedly dominated by smectites formed in the soils 
that are an integral part of many sedimentary systems. Such smectite forma¬ 
tion is dealt with in Chapter 3. Here, we deal only with authigenic smectites 
that form in continental aqueous sedimentary environments, either during or 
shortly after deposition, as a direct result of the chemistry of the depositional 
waters. Such smectite authigenesis is essentially restricted to saline alkaline 
lakes (Fig. 4.17), and is related to the unusual water chemistries that may 
develop in these settings. However, it should be emphasised that the condi¬ 
tions that give rise to clay mineral formation in alkaline lakes appear to be the 
exception, rather than the rule (Chamley 1989), although without detailed 
chemical and mineralogical data (e.g. Jones and Weir 1983) minor amounts of 
authigenic smectites might be difficult to detect amongst large amounts of 
detrital clays. In fact, the clay-mineral assemblages found in most saline, 
alkaline lakes are detrital (Droste 1961). Furthermore, where volcanic inputs 
coincide with high alkalinity, zeolite formation is often the prevalent type of 
silicate authigenesis. 

The most commonly reported authigenic smectites in alkaline lakes are 
trioctahedral Mg-smectites, including stevensite, hectorite, and saponite (Dyni 
1976; Trauth 1977; Jones 1986). In addition stevensite may occur interstratified 
with layers of kerolite, a disordered relative of the mineral talc (Eberl et al. 
1982; Martin de Vidales et al. 1991). These clays often occur in carbonate 
lithologies disseminated throughout the sediment, but stevensite has also been 
reported in oolitic form from the Green River Formation (Tettenhorst and 
Moore 1978). Occurrences of peloidal and oolitic nontronite, a dioctahederal 
smectite, rich in Fe and Si, and poor in Al, are also known from recent 
sediments in lake Chad (Lemoalle and Dupont 1973) and lake Malawi (Muller 
and Forstner 1973). 
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Fig. 4.17. Environmental situations in which many authigenic Mg-rich and Fe-rich clay minerals form. (Modified from Weaver 1989) 
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Often it appears that there is a transition from dioctahederal A1 and Fe- 
rich smectites in lake marginal sediments, to more Mg-rich trioctahedral vari¬ 
eties in the lake-centre sediments (Trauth 1977; Darragi and Tardy 1987). 
Such sequences represent transitions from detrital-dominated sequences, sup¬ 
plied to the lake from the surrounding catchments, to authigenic dominated 
sequences in the basin centre. Because of the potential for mixing of detrital 
and authigenic smectites, the identification of authigenic varieties can be am¬ 
biguous and requires careful mineralogical characterisation. The problem is 
complicated because detrital inputs of reactive colloidal material, including 
smectite, probably serve as nuclei or templates for authigenic clay formation 
by some form of transformation mechanism, as emphasised by Jones (1986). 
Several of the most extensive deposits of lacustrine Mg-smectites are charac¬ 
terised by thick beds of these clays, often in close association with deposits of 
the fibrous clay minerals sepiolite and palygorskite. Such occurrences have 
much in common with those in peri-marine lagoonal environments in coastal 
locations (Fig. 4.17), where Mg is supplied periodically from sea water 
(Weaver and Beck 1977). According to Jones (1986), smectites such as 
stevensite precipitate under conditions of higher salinities and lower aqueous 
silica contents compared to the conditions that favor sepiolite and kerolite 
formation. 

In many ancient continental evaporite basins, especially of Permo-Triassic 
age, Mg-rich chlorites and corrensite are very common clay minerals. Al¬ 
though many workers have interpreted these minerals as syn-sedimentary, 
they do not occur in any modern evaporitic environments, marine or non¬ 
marine. It seems more likely that they are the result of diagenetic alteration, 
either of the kinds of Mg-rich smectites described above, or of other early 
formed Mg-rich minerals, originally present in such sediments (Hillier 1993). 


4.4.2 Marine Authigenic Smectites 

In the marine environment, the formation of authigenic smectites can be 
divided essentially into three different categories. The first includes smectites 
associated with the alteration of volcanics and associated material, especially 
the hydrous alteration of volcanic glass known as palagonitisation. The second 
includes smectites formed in the mixing zones of ocean waters and plumes of 
hydrothermal fluids issuing from vents in the ocean floor. And the third 
category includes the so-called hydrogenous formation of smectite on the 
sea floor, by mechanisms that do not depend directly on volcanic and 
hydrothermal input but involve halmyrolysis (submarine weathering) and di¬ 
rect precipitation. The identification of authigenic smectites in marine settings 
is often a difficult task because of the potential for mixing with very similar 
detrital material of both allochthonous and autochthonous origin. This is 
particularly the case for the category referred to hydrogenous formation 
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where the amount of authigenic smectite is often small. In most cases, where 
the authigenic formation of smectite is unequivocal, the smectites formed are 
nontronites. This contrasts with detrital terrigenous smectites which usually 
belong to the aluminous montmorillonite-beidellite series. 

The palagonitisation of basaltic volcanic glass occurs by hydration and, 
among other minerals, results in the formation of nontronitic smectites. The 
process begins when the basalts are still hot, and this probably explains why 
many of the early formed smectites are trioctahedral Mg-saponites similar to 
those found where true hydrothermal alteration of basalts occurs deeper in the 
ocean crust. Later formed smectites are usually dioctahedral nontronitic vari¬ 
eties. In fact, considerable amounts of potassium are added in the process and 
many of the authigenic clay minerals are probably mixed-layer celadonite/ 
smectites (Weaver 1989). 

Fine-grained glassy volcanic material is also dispersed across large areas of 
the ocean floor, but there is no general agreement on whether or not it is an 
essential prerequisite for smectite formation in this environment. Weaver 
(1989) discusses numerous studies that have shown that there are a lot of fresh 
volcanic ash layers in buried Tertiary sediments, which have not altered to 
smectite. Such ash layers are the precursors of bentonite beds and indicate that 
most marine bentonites must be diagenetic in origin, rather than sedimentary. 

One of the best-documented and spectacular sites of authigenic smectite 
formation are the hydrothermal discharge deposits found at many locations 
above the mid-ocean ridge system. Well-known examples are from the 
Galapagos spreading centre (McMurtry et al. 1983) and from the Red Sea. The 
authigenic clay minerals are typically true nontronites, and precipitate during 
the mixing and cooling of hydrothermal brines with ocean water. However, 
with time many appear to have altered to celadonite/smectite or glauconite/ 
smectite by fixation of K + ions from sea water. Significant deposits of clay 
minerals are usually found only very close to the vents in the local depressions 
of the ridge system. However, dispersal of smectites from the plumes and 
transportation by ocean currents has been suggested to explain some occur¬ 
rences of authigenic smectite in areas of the south-east Pacific and Indian 
Oceans that are far removed from the ridge systems. Indeed, hydrous-oxides 
of Fe and Mn are known to disperse laterally away from the ocean ridge vents 
to distances up to 2000 km, and there is every reason to believe that smectites 
will be similarly dispersed. Nonetheless, the distinction between transported 
hydrothermal clays and so-called hydrogenous clays is often obscure because 
it is difficult to find criteria with which to distinguish them. 

Mechanisms envisaged for the hydrogenous formation of smectites 
include the halmyrolysis (submarine weathering) of volcanic glass, reactions 
between biogenic silica and Fe-oxy-hydroxide precursors, or possibly the 
ageing of amorphous ferrous-silicic complexes. Although there is plenty of 
evidence that the alteration of volcanic glass is not the only, or indeed the 
dominant, mechanism of smectite formation, the potential contribution of 
smectites from allochthonous sources often makes it difficult to identify 



Erosion, Sedimentation and Sedimentary Origin of Clays 


195 


mechanisms and origins with certainty. In this respect, smectites attributed to 
an hydrogenous formation often appear to be appreciably richer in A1 and Mg 
compared with clearly authigenic nontronites, such as those at hydrothermal 
discharge sites: in many cases, this may be due to mixing of authigenic smectite 
with allochthonous Al-rich smectites derived from the continents. 


4.4.3 Marine Glauconite and Glauconite/Smectite 

One of the most extensively studied groups of authigenic clay minerals is that 
of glauconite and glauconite/smectite (Odom 1984; Odin 1988). These names 
refer to specific minerals and because of past confusion between the use of the 
term glauconite to refer both to a mineral and a facies, the term glaucony was 
recommended (Odin and Matter 1981) for use when reference is made to the 
aggregate green-grains and to uncharacterised minerals belonging to this 
group. This usage is followed here. 

Typically, glaucony occurs as bright green rounded to subrounded pellets 
in the silt to sand size range. The pellets form near the sea water sediment 
interface by replacement of the fine-grained sediment/biogenic aggregates that 
comprise faecal pellets or, more commonly, the carbonate tests and contents 
of foraminifera and other microfossils. In detail, many types of substrates such 
as quartz, feldspar, phosphate or mica grains may also be replaced or serve as 
templates for glaucony growth, but faecal pellets and especially various car¬ 
bonate grains are the most common. Glaucony may also occur as a film coating 
various types of substrate. 

The distribution of glaucony in modern sediments is largely concentrated 
in continental shelf areas at water depths between 100 and 300 m (Fig. 4.18). 
Tropical latitudes appear to be especially favourable areas for glaucony devel¬ 
opment, but unlike the verdine facies (see below) glaucony is not restricted to 
tropical latitudes and is known to occur from latitudes 50 °S to 65 °N (Fig. 
4.18). Deep-water occurrences down to 3000m have also been documented, 
but it is not clear to what extent these may represent relict occurrences that 
formed originally at much shallower water depths. Generally, glaucony is 
characteristic of shallow, fully marine, shelf settings, especially where sedi¬ 
mentation rates are very low, such as towards the shelf edge away from areas 
of terrigenous input and active sediment transport. Indeed, slow sedimenta¬ 
tion rates appear to be one of the factors necessary for glaucony formation. 
Often during periods of sea-level transgression successive substrates of 
biogenic and terrigenous origin, each characteristic of different water depths, 
may be glauconitised in turn. 

The predominate granular form of glaucony as a replacement of grains, 
the preferential glauconitisation of silt and sand sized material rather than 
smaller particles, and the more advanced glauconitisation of the interiors of 
grains compared to their peripheries, all indicate that the genesis of glaucony 



196 


S. Hillier 



H Glaucony facies O Presumed glaucony 

Fig. 4.18. Distribution of glaucony on the modern shelf. (Modified from Odin 1988) 


is favoured by a semi-confined micro-environment (Odin and Matter 1981). 
Semi-confined means the environment is partially isolated from sea water 
via the microporous substrate. Initially, the first phase to form in the 
glauconitisation process is an Fe-rich smectite with about 20 wt% Fe 2 0 3 . With 
time, the potassium content increases and the structure of the mineral 
changes from smectite, through mixed-layer glauconite/smectite, towards the 
micaceous end member glauconite. This process occurs at the sea floor with 
most of the K + ions apparently supplied from sea water, because if the grains 
are buried the process is stopped at whatever stage it may have reached, 
presumably because the ready supply of K + ions is cut off. X-ray diffraction 
patterns of glaucony grains from the present-day continental shelf, illustrated 
by Odin (1988), demonstrate that the process of glauconitisation may proceed 
all the way to the micaceous end member glauconite at the sea floor. The 
enrichment in Fe occurs before K, and the amount of Fe shows little or no 
change from smectite to glauconite. Odin and Matter (1981) described the 
continuous progress of the glauconitisation process in terms of four stages 
(Fig. 4.19). The first (nascent) stage is characterised by the relatively rapid 
alteration of the support material, and the establishment of the microporous 
semi-confined environment. At the second (slightly evolved) stage the 
porosity allows ionic exchange with both sea water and the interstitial water of 
the underlying sediment. The grain becomes green and begins to loose most 
of the structures of the original support material. In the third (evolved stage) 
the structure of the support has disappeared entirely and preferential clay 
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growth in the centre of the grain causes the grain to grow bigger, and the 
exterior of the grain to develop cracks. By this stage K 2 0 content has reached 
6-8%. The final (highly evolved) stage corresponds to grains that have been 
completely replaced by minerals near the glauconite end member, and the 
surface cracks have been filled by less-evolved glaucony to form a more 
rounded outline. Potassium contents of glauconitic minerals are directly 
related to the proportion of expandable layers present. Other chemical 
changes which accompany the obvious increase in K + are more difficult to 
discern because of the heterogeneous nature of most glaucony samples (Odom 
1984). 

Various theories regarding the origin of glaucony have been advanced 
over the years (Odin 1988). Currently, most workers favor the neoformation 
theory. Much of the evidence that supports this theory has been gained by use 
of the scanning electron microscope to demonstrate the obvious neoformed 
morphologies of glaucony. Other pertinent observations that support the 
neoformation theory are: (a) glauconitization of biotites occurs by growth 
between sheets; (b) non-micaceous substrates may be entirely replaced; and 
(c) glaucony growth may be displacive, leading to the break up of shell 
substrates. 
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Fig. 4.19. The four stages in the development of pelloidal glaucony 



198 


S. Hillier 


4.4.4 Celadonite and Celadonite/Smectite 

Celadonite is a mineral very similar to glauconite in composition, especially in 
its Fe content, the main chemical differences being that celadonite is usually 
richer in Si and Mg and poorer in A1 than glauconite (Odom 1984; Odin 1988). 
The principal difference concerns their occurrences, in that unlike glauconite, 
celadonite never occurs in granular form and is characteristically a product of 
the submarine weathering of volcanics. However, mode of origin is not 
a criterion for the identification of glauconite or celadonite. Typically, 
celadonite forms by the alteration of basalts under oxidising conditions, 
probably at temperatures above those of ambient ocean waters. Mg and K are 
provided from sea water and Fe and A1 from the rock. 

Morphologically, celadonite usually occurs as well-shaped laths, in con¬ 
trast to the more anhedral globules, box-work and irregular lamellar structures 
of glaucony. These differences may be related to the fact that a lot of glaucony 
is glauconite/smectite, whereas celadonite/smectite is less frequently reported 
with most material being close to end member celadonite. This may be due 
in part to the higher temperatures associated with celadonite formation, the 
more concentrated solutions involved, and the greater availability of pore 
space allowing the growth of euhedral crystals. 


4.4.5 Non-Marine Glauconite and Ferric Illite 

Glauconite-like clay minerals and clay minerals known as ferric illites have 
been reported from a number of lacustrine environments. Early data on these 
minerals were summarised by Porrenga (1968). Characteristically, these min¬ 
erals are found in green clays often associated with carbonates and gypsum, 
and are thought to form by the alteration of smectite. Their contents of ferric 
iron (around 10 wt% Fe 2 0 3 ) are intermediate between marine glaucony, and 
ordinary illites which are also more aluminous. Like marine glauconite, they 
are believed to form at surface temperatures. More recently, they have been 
reported by Norrish and Pickering (1983) from Oligocene sediments of lake 
Eyre and from desert soils in Australia, and by Deconinck et al. (1988) from 
the Purbeckian of the Swiss and French Jura. Deconinck et al. (1988) sug¬ 
gested that the Purbeck illites may have formed by cycles of wetting and 
drying, which is certain to be a common process in many lacustrine settings 
because of frequent changes in lake level. However, experimental work on 
wetting and drying cycles has shown that this process can only form randomly 
interstratified illite/smectite with up to 50% illite layers (Eberl et al. 1986). 
Typically, ferric illites and/or non-marine glauconites, including the Purbeck 
examples, are much more illitic than this, so that another process such as 
neoformation, as documented for marine glaucony, may be involved. More 
recently, Jeans et al. (1994) has shown that much of the illite in the Permo- 
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Triassic continental facies of western Europe has characteristics like those of 
ferric illite, and it is suggested that it may have formed in coeval desert soils 
before being eroded into the adjacent sedimentary basins. 


4.4.6 Minerals Related to Chlorites and the Verdine Facies 

The formation of a true chlorite (14 A, 2:1 + 1 mineral) in recent sediments 
has never been demonstrated. Early reports in the literature of sedimentary 
chlorite formation, which usually refer to only minor amounts of ‘chlorite’, are 
often equivocal in their identifications, or use the term ‘chlorite’ in a different 
sense to that which is understood today. However, Fe-rich minerals with a 7 A 
basal spacing, closely related in composition to chlorites, are relatively com¬ 
mon components of green-grains in recent sediments at water depths of 10 to 
60 m off the coast of many deltas in tropical regions, such as the Niger delta. 
Formerly, many of these occurrences where described as chamosite (e.g. 
Porrenga 1967), and then subsequently as berthierine (e.g. Odin and Matter 
1981) when the name chamosite was reserved for a true (14 A) Fe-rich 
chlorite. Like chlorites, the Fe in berthierine is mainly Fe 2+ and it is a 
trioctahedral mineral. However, extensive study of these recent and sub- 

o 

recent green-grains by Odin (1988) showed that in almost all cases the 7 A 
mineral in these grains contains predominantly Fe 3+ , and is richer in Si and Mg, 
and poorer in A1 compared to the berthierines described from sedimentary 
rocks. This led Odin (1988) to suggest that this mineral was a new type of 
phyllosilicate to which he gave the provisional name phyllite V. Subsequently, 
Bailey (1988) proposed the new name odinite. Odin (1988) has studied the 
minerals in these green-grains very extensively and has shown that in addition 
to odinite, the green-grains are sometimes dominated by a chemically similar 
mineral which more closely resembles chlorite in structure but contains a 
swelling component. In older green-grains, of 1000 to 20000 years, the chem¬ 
istry in still similar, but minerals with other structures are present including a 

o 

7-14 A mixed layer, a ferric chlorite, and a pyrophyllite-like clay mineral. 
Collectively, all of these minerals comprise the verdine facies. 

As mentioned above, the verdine facies occurs in relatively shallow ma¬ 
rine waters and appears to be confined to tropical latitudes (Fig. 4.20), in 
contrast to the glaucony facies which occurs at greater water depths and is not 
confined to the tropics (Fig. 4.18). However, like glaucony, the substrates that 
are replaced are similar, the minerals of the verdine facies forming in the semi- 
confined micro-environments of faecal pellets, foraminifera tests, and porous 
mineral grains. 

The latitudinal restriction of the verdine facies is curious. Offshore from 
the Niger delta, Porrenga (1967) noted that the seaward boundary to the 
verdine (chamosite) facies coincided with the thermocline. From this he in¬ 
ferred that a water temperature >20 °C was necessary for verdine (chamosite) 



200 


S. Hillier 



upwelling 

Fig. 4.20. The distribution of the verdine facies on the modern shelf. Modified from Odin and 
Matter (1981) and Odin (1988). The verdine facies appears to be confined to tropical areas mostly 
in association with fluvial inputs (which may provide a source of reactive colloidal Fe) and appears 
to be absent from shelf areas crossed by cold currents associated with upwelling, suggesting some 
temperature control 

to form. An effect of temperature is also suggested by the observation of Odin 
and Matter (1981) that verdine (berthierine) is absent on continental shelves 
crossed by the cold oceanic currents that are frequently associated with areas 
of upwelling (Fig. 4.20). Another important factor may be the supply of Fe. 
Rivers draining tropical regions frequently carry high loads of dissolved and 
colloidal forms of Fe that would be reactive and available for clay formation in 
near shore sediments. 

Although the verdine facies does not contain iron-oolites, many ancient 
marine sedimentary oolitic ironstones contain minerals which may have 
formed under similar conditions to those of the verdine facies. This hypothesis 
supposes that the minerals berthierine and chamosite found in oolitic 
ironstones, and which contain dominantly ferrous iron, formed from minerals 
such as odinite with dominantly ferric iron, as a result of burial diagenetic 
processes. Its attraction is that it is no longer necessary to try to explain the 
formation of minerals which require both reducing conditions and agitated 
waters at one and the same time. Instead, the minerals can be formed in 
essentially oxidizing conditions, and the Fe present reduced after burial along 
with other structural modification to produce berthierine and, with increasing 
temperature, chlorite (Hillier 1994). 

The relationship of the verdine facies to other authigenic Fe-rich minerals 
in the marine environment is shown schematically in Fig. 4.21. In the deep 
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ocean basins, various types of true chlorites, corrensite, and mixed-layer 
chlorites are commonly described as alteration products of submarine basalts, 
but the fluids involved in the formation of these minerals are undoubtedly 
hydrothermal. 


4.4.7 Sepiolite and Palygorskite 


The fibrous clay minerals palygorskite and sepiolite are relatively rare miner¬ 
als, but locally, in certain lacustrine and peri-marine basins, they may occur in 
abundance. Palygorskite may also be found in many deep-sea deposits, while 
sepiolite is more rarely reported and usually less abundant. Both minerals are 
Mg-rich, especially sepiolite, but they are also very high in Si, and so their 
formation is favoured in environments where amorphous Si is abundant. 
There is some question as to whether they are formed by transformation of 
pre-existing phyllosilicates, or neoformed by direct precipitation from solu¬ 
tion. According to Jones and Galan (1988) both sepiolite and palygorskite 
commonly form by a dissolution-precipitation mechanism which incorporates 
components of pre-existing detrital material. 
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Fig. 4.21. The distribution of the verdine facies in relation to the glaucony facies and other iron¬ 
bearing marine clays. Fe is supplied to the marine environment from two main sources; rivers, and 
hydrothermal processes at active margin and ridge systems. (Modified from Odin 1988) 
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Fig. 4.22. The distribution of both continental and marine occurrences of palygorskites and 
sepiolite for the late Pliocene to Holocene. Oceanic occurrences are shown by the dotted shading 
and continental soil data by diagonal shading. Cross-hatching indicates occurrences where soils 
are superposed on sedimentary basins with palygorskite. (Modified from Callen 1984) 

The distribution of both continental and marine occurrences of paly¬ 
gorskites and sepiolite for the late Pliocene to Holocene is shown in Fig. 4.22. 
Shallow water lacustrine and peri-marine occurrences are found only in arid to 
semi-arid climatic settings adjacent to areas of intensive chemical weathering 
and subjected to strong evaporation but also characterised by frequent mixing 
with supplies of fresh water. A supply of fresh water is necessary to maintain 
the brackish conditions and pH range 8 to 9 favourable for these minerals. 
Restricted detrital terrigenous input is also a characteristic feature, and 
various carbonates and cherts are typical associated deposits. Often there is 
a zonation of minerals from sepiolite in the basin centre to palygorskite in 
more marginal locations where the influence of detrital materials entering 
the basin becomes evident. This may reflect the fact that palygorskite 
formation requires a supply of Al, a fact which seems to be corroborated 
by observations that sepiolite is usually favoured over palygorskite in 
cases where fresh water supplies are replenished by ground waters rather 
than surface run off that is certain to be richer in aluminous colloidal 
material. 

In deep sea deposits there is general agreement that some palygorskite 
and sepiolite may be formed in situ as a result of hydrothermal activity com¬ 
bined with the influence of sea water. Authigenic origins have been suggested 
for the more widely dispersed occurrences over large areas of the ocean floor, 
but in their reviews of these occurrences both Weaver (1989) and Chamley 
(1989) favor an origin by inheritance from sources on the continents via 
aeolian and marine transport, although they do not rule out authigenic occur- 
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rences. Indeed, it is now clear that the delicate fibres of these minerals tolerate 
transport more easily than was once thought to be the case (Chamley 1989). 
Observations in support of an inherited origin for many occurrences include 
the following; present and past occurrences in the deep sea correspond with 
the distribution of tropical to subtropical climatic belts suggesting a supply 
from contemporaneous continental deposits confined to these climatic zones 
(Fig. 4.22); past concentrations in the deep sea correspond to times of greatest 
abundance (potential source) on land; there is no correlation of occurrences 
to any particular sediment type, as there should be given that particular 
geochemical conditions are required; and electron micrographs show the min¬ 
eral fibres to be short and broken giving the appearance of having been 
transported and redeposited. Cases where delicate fibre morphologies are 
preserved are often attributed to transport by wind. Note that, as well as 
lacustrine and peri-marine deposits, many calcareous soils in arid zones repre¬ 
sent potential sources of palygorskite and sepiolite; the dry arid conditions 
often promoting aeolian transport of clay material. 

However, the question of the more widespread authigenic formation of 
palygorskite and sepiolite in deep marine sediments is still unresolved. For 
example, in Miocene marine sediments from the North Carolina continental 
margin, palygorskite and sepiolite appear to be demonstrably authigenic be¬ 
cause of their pore-bridging arrangement (Allison and Riggs 1994). They 
occur in association with authigenic dolomite, abundant siliceous microfossils, 
and phosphate and organic-rich sediments. This association is believed to be 
related to upwelling of nutrient-rich waters. Dolomite and Mg-rich clays are 
suggested to have formed from the early interstitial pore waters under 
anaerobic conditions. An association of palygorskite and sepiolite with 
phosphorites has been mentioned previously by Bentor (1980) and it is inter¬ 
esting to note that several of the deep sea occurrences shown in Fig. 4.22 
coincide with areas of upwelling as shown in Fig. 4.20. As pointed out by Jones 
and Galan (1988), opinions on the origin of deep sea occurrences of the fibrous 
clays have ranged between the extremes of asserting that all are detrital, to 
asserting that all are authigenic. According to Chamley (1993), like smectites, 
certain occurrences of palygorskite and sepiolite can pose difficult problems in 
determining which side of the autochthonous-allochthonous boundary they 
lie on. Thus it appears that more investigation of marine occurrences is 
required. 


4.5 Mineralogical Patterns in the World Ocean 

Several workers have compiled data on the distribution of the major clay 
minerals in the oceans. Notable contributions include the work of Biscaye 
(1965), Griffin et al. (1968) and Rateev et al. (1969); the most recent compila¬ 
tion is that of Windom (1976). Such compilations show that the largest-scale 
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feature of the distribution is a broad latitudinal zonation of the different clay 
minerals (Figs. 4.23, 4.24, 4.25, 4.26). This feature is related to the different 
latitudinal climatic zones that cross the continents and the consequent weath¬ 
ering regimes, and is testimony to the dominant detrital origin of oceanic clay- 
mineral assemblages from terrigenous sources. This dominant detrital origin is 
also attested by many other observations including; the absence of isotopic re¬ 
adjustments with respect to the composition of sea water; the radiometric age 
of the clay minerals which typically corresponds to the average age of rocks on 
the adjacent continents, and which is often older than the age of sedimentation 
or even the ocean basin itself; the flux of terrigenous clay particles to the ocean 



□ < 20 % 



20-30% 


^ 30-50% 


Fig. 4.23. The distribution of kaolinite in the world ocean. (Modified from Windom 1976) 



Fig. 4.24. The distribution of chlorite in the world ocean. (Modified from Windom 1976) 
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Fig. 4.25. The distribution of illite in the world ocean. (Modified from Windom 1976) 
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Fig. 4.26. The distribution of smectite in the world ocean. (Modified from Windom 1976) 


(Fig. 4.5) which is much greater than the flux of dissolved material; the absence 
or extremely weak character of mineralogical transformations at the continent 
ocean boundary; the essentially physical nature of sorting and sedimentation 
during marine transport; and the constant similarity in any particular region 
between the clay mineral composition of rocks and soils and that of fluvial 
sediments, marine suspensions, aeolian dusts and the sediments from the 
ocean bottoms (Chamley 1989, 1993; Weaver 1989). 

The two minerals that illustrate this latitudinal zonation best are kaolinite 
and chlorite. The distribution of kaolinite (Fig. 4.23) shows that it is concen- 



































206 


S. Hillier 


trated in low latitudes where it is largely derived from kaolinite-rich soils 
developed by chemical weathering in humid climates. In contrast, chlorite is 
one of the most easily weatherable phyllosilicates and is one of the first 
minerals to be destroyed where soils are well-developed and chemical weath¬ 
ering intense. Consequently, it is usually minor or absent in low latitudes, but 
abundant and concentrated at high latitudes where physical weathering pre¬ 
dominates (Fig. 4.24). In the southern oceans the increase in chlorite abun¬ 
dance below 50 °S coincides almost exactly with the northern limit of material 
transported by ice from Antarctica (Fig. 4.24) 

The distributions of illite (Fig. 4.25) and smectite (Fig. 4.26) also show 
broad latitudinal patterns, but these are not as well defined as those of 
kaolinite and chlorite. Like chlorite, illite tends to increase towards the polar 
regions due to the decrease in chemical weathering, but it is also more abun¬ 
dant in northern than in southern oceans. This appears to be related to 
the concentration of the continental landmasses, and therefore terrigenous 
sources, in northern latitudes. The largest-scale features of the distribution of 
illite are similar to those for quartz. The grain-size characteristics of quartz 
indicate a dominantly aeolian supply and the illite is also thought to be domi¬ 
nantly aeolian, but with river inputs becoming more important toward the 
continental margins. (Chamley 1989; Weaver 1989). 

Smectite abundance (Fig. 4.26) also shows a distribution that is quasi¬ 
parallel to the continental climatic zones, but it is much more abundant in the 
southern oceans than in northern oceans. Again this may reflect the distribu¬ 
tion of the continents in that large areas of the southern oceans receive 
comparatively little terrigenous supply. Volcanic contributions, both subaerial 
and submarine, which may alter to smectite, are likely to be proportionally 
more important, as are smectites formed by other authigenic processes at the 
sea bed. 

The average clay mineral composition of the world ocean has been esti¬ 
mated by Windom (1976). Illite and smectite are the most abundant minerals 
accounting for about 35% each, whilst chlorite and kaolinite account for about 
15% each. Weaver (1989) estimates that about half of the smectite is 
authigenic. In detail, much of what is termed smectite or illite is often interme¬ 
diate mixed-layer material (Weaver 1989). Other, but less common, clay min¬ 
erals that may also be locally important include palygorskite and sepiolite 
which are characteristic of low latitudes (Fig. 4.22) and talc which is often 
thought to be entirely from anthropogenic sources, but may also have some 
authigenic input. 

Still at a global scale, other features of the distribution of clay minerals in 
the oceans serve to emphasize that the latitudinal climatic control via weath¬ 
ering is only a very general pattern. These include: physical weathering domi¬ 
nated regimes related to mountain ranges at low latitudes; the minerals that 
are available where physical weathering is concerned; and the processes of 
transport and deposition that are responsible for the wider dispersal of the 
minerals in the oceanic environment. All of these can produce clay-mineral 
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distribution patterns that are in total contradiction to the general latitudinal 
pattern described above. Furthermore, even at the scale of a depositional 
system like a delta, such variables may leave clay-mineral signatures that are 
totally unrelated to the contemporaneous latitudinal climatic zones. Exam¬ 
ples, of large-scale discrepancies include abundant kaolinite and smectite in 
some polar regions simply due to their abundance in Mesozoic rocks of the 
sediment source area, and abundant kaolinite in the ocean sediments adjacent 
to modern-day desert regions because it has been stored for some considerable 
length of time in soils formed under wetter, more humid conditions (Singer 
1984). 


4.6 Environmental Interpretation of Clay Minerals 


All environmental interpretations of sedimentary clay minerals are fundamen¬ 
tally based on determining the origin of the clay minerals present. Without 
doubt, this is a difficult and challenging task, because the origins of clay 
minerals are diverse, and because of the very nature of the sedimentary realm 
where clay minerals, of many different origins, are normally mixed together by 
various sedimentary processes. Nonetheless, clay minerals do contain informa¬ 
tion on many aspects of their origin, related to sources and provenance, 
dispersal patterns, depositional environment, climate, and even tectonics and 
eustasy (Chamley 1989). The previous sections of this chapter were devoted to 
the origins of clay minerals in sediments from the standpoint of the fundamen¬ 
tal processes that determine them. Environmental interpretations are built 
upon our understanding of these processes and our ability to recognise the 
results and products of them in the sedimentary record. The purpose of this 
final section is to illustrate the kinds of studies that can be made and the sort 
of information that may be obtained, but with emphasis always on the prob¬ 
lems of environmental interpretation that the careful investigator must try to 
tackle. More details of various aspects of environmental clay mineralogy, and 
compilations of many case studies, can be found in the detailed books of 
Chamley (1989) and Weaver (1989). 


4.6.1 Sedimentary Environments and Provenance 

Principally there are two ways in which studies of clay minerals may contribute 
to the analysis of sedimentary environments: firstly, the presence of certain 
authigenic clay minerals may be indicative of a particular depositional regime, 
and secondly, detrital clay minerals can be used as tracers of sediment trans¬ 
port processes, dispersal, and provenance. A classic example of the use of 
authigenic minerals is the inference that the presence of glaucony indicates a 
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shallow marine environment of deposition. Another example is the presence 
of authigenic smectites or the fibrous clay minerals sepiolite and palygorskite, 
in lacustrine sediments from which inferences can be made concerning the 
chemistry of the lake waters from which they were deposited. Much of the 
background to these sorts of interpretations has been given previously in 
the section on authigenic clays. However, the point that must be made here is 
that there are exceptions of which the investigator must be aware, such as non¬ 
marine glaucony, for example. The formation of glaucony occurs under a 
specific set of geochemical conditions, and although these conditions are com¬ 
mon in shallow marine environments, they are not restricted to them. Addi¬ 
tionally, there is often more than one plausible explanation for the origin of a 
clay mineral, such as when palygorskite could form authigenically in lake 
sediments or form in arid soils surrounding the lake and subsequently be 
reworked into it by wind. 

Both of these examples emphasise that there is often more than one 
possible origin for a clay mineral in a sediment. Although the examples 
concern authigenic clay minerals, this fact is even more true of detrital clays, 
which, as we have seen, are by far the most abundant. This important point is 
illustrated in Fig 4.27 which shows the potential for sedimentary smectite to be 
derived from six different sources (Chamley 1989), and to which can be added 
the authigenic formation of smectite in situ in the sedimentary basin. It is this 
diverse spectrum of origins which complicates the use of clay minerals 
as tracers of sediment sources and dispersal. Nevertheless, the use of 
clay minerals as tracers is the main sedimentological use to which they have 
been put. 

The kinds of information that can be obtained can be illustrated by the 
study of Kolia et al. (1981) of the surface sediments of the Arabian Sea (Fig. 
4.28). To the west and north the Arabian Sea is surrounded by arid lands, with 
no significant fluvial inputs. To the northeast the river Indus drains the Hima¬ 
layas and forms the major fluvial source to the area; up until recent dam 
construction it delivered up to 400 million tons per year of suspended sediment 
to the region. In the east the main fluvial sources are the Namada and Tapai 
rivers which drain soils developed on the Deccan trap basalts. The Arabian 
Sea is an area where the distribution of clay minerals in the surface sediments 
reflects the nature of the surrounding land masses and a variety of different 
sediment transport processes. Smectite-rich clays, which extend all along the 
Indian margin, are related to their derivation from smectite-rich soils devel¬ 
oped on Deccan trap basalts, and their subsequent southerly transport by the 
prevailing ocean surface currents. In the far south some smectite may also 
have been transported around the tip of India by surface currents from the Bay 
of Bengal. Over most of the rest of the region illite-rich sediments dominate 
and are derived from several sources. In the east the main source is the Indus 
river, from which illite-rich sediments are dispersed westwards and south¬ 
wards by surface currents and turbidity currents across the Indus deep-sea 
sediment fan. Other sources of illite are from the arid lands of Iran, and 
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Fig. 4.27. The potential for the same type of clay mineral, in this case smectite, to be derived from 
very different sources. The thickness of the arrows is meant to be schematically proportional to the 
probable global importance of different sources of smectite to sediments, but in any one instance, 
one or other of these sources, including the more exotic ones such as metamorphic smectite, may 
be dominant. (Modified from Chamley 1989) 


Makran in the north, and Arabia and Somalia in the west. The illite-rich 
sources from the west are associated with palygorskite and have been trans¬ 
ported by wind as far as the Indian margin. Although some chlorite is intro¬ 
duced from the Indus, most of it appears to be derived by aeolian transport 
from northerly sources. The sediments of the deep-sea Indus fan appear to be 
a mixture of all of these sources. Kaolinite-rich sediments are restricted to a 
small area off southern India and to a belt across the very south of the region. 
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Fig. 4.28. Sedimentary dispersal processes and provenance of recent clay deposits in the Arabian 
Sea. Based on interpretation of Kolia et al. (1981) as illustrated by Chamley (1989) 


It appears that they are derived from tropical soils in Africa and Madagascar 
and from southern India, their dispersal being related to the prevailing equa¬ 
torial ocean circulation. 


4.6.2 Palaeoclimatic Interpretation of Clay Minerals 

The palaeoclimatic interpretation of sedimentary clay-mineral assemblages is 
based on the correlation of climate with weathering and soil formation, and 
hence with the clay minerals which these processes produce. This correlation 
is clearly shown by the changing clay mineralogy of the worlds zonal soils 
(Chap. 3; Sect. 3.2.3), and evidence of its affect on sedimentary clay-mineral 
assemblages is found in the broad latitudinal distribution of clay minerals in 
the world ocean. However, as emphasised by Singer (1984) the palaeoclimatic 
interpretation of clay minerals in sediments is anything but straight forward 
and needs to be undertaken with the utmost care. This is because in addition 
to climate there are many other factors which affect the clay mineralogy of 
sediments and, acting in isolation, or in combination, they may completely 
obliterate any climatic signal (Fig. 4.29). 

As indicated in Chapter 3, weathering, soil formation, and the resulting 
clay minerals are not simply dependent on climate. The time that is available 
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for weathering to proceed, parent materials, and topography, may all affect 
the kinds of soil profiles and clay minerals that may be produced (Fig. 4.29). 
The length of time over which weathering may occur, depends on tectonic and 
geomorphologic stability, and these periods may be shorter or longer than 
periods of climatic change. Furthermore, in certain climatic regimes weather¬ 
ing may be too weak or too strong to register certain climatic changes. Sec¬ 
ondly, the clay minerals released to the sedimentary system are not only a 
function of weathering and soil formation, but of parent materials (Fig. 4.29). 
This is important in terms of the parent material’s response to weathering, but 
even more so because of the possibility that the parent materials themselves 
may act as significant sources of clay minerals to the sedimentary system. Such 
clay minerals bear no relation to the prevailing climate. Thirdly, between the 
formation and the final deposition of clay minerals in a sediment, the processes 
of erosion and transport intervene (Fig. 4.29). Both erosion and transport may 
be selective, and furthermore transport distances may be so large that clay 
minerals are transported from one climatic regime to another. Lastly, after 
clay minerals have been deposited, they may be subjected to post-depositional 
changes, amongst the most important of which are those that occur during 
burial diagenesis. Indeed, burial diagenetic change may completely obliterate 
any palaeoclimatic signal. All of these aspects must be considered when trying 
to determine if clay-mineral assemblages preserve signals of palaeoclimate 
and/or palaeoclimatic change. Nevertheless, large sedimentary basins inte- 
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Fig. 4.29. The many processes and factors that must be considered when attempting to extract 
palaeoclimatic information from the analysis of clay minerals 
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grate the clay-mineral response of their source areas to climate change, so that 
in favourable cases climatic signals do appear to be preserved. 

According to Chamley (1989), palaeoclimatic investigations in oceanic 
sediments are likely to be more favourable with increasing distance from land, 
and in sequences that have not been buried more than 2.5 km. These are 
favourable due to the integration effect of distance on different sources, and to 
the need to avoid the effects of burial diagenesis, respectively. Furthermore, 
the effects of climate change are typically more pronounced in mid-latitudes. 
To combat the problem of diverse origins of clay minerals, Chamley (1989) 
advocates the use of changes in relative abundance of clay minerals rather 
than absolute abundances. As well as direct effects of climate on clay assem¬ 
blages, climate changes may also be recorded indirectly through the affects 
that changes in the intensity of rainfall, ice cover, sea level, and marine cur¬ 
rents, all may have on clay-mineral source areas and dispersal. Clay minerals 
alone rarely provide primary evidence of climate change and the best ap¬ 
proach is the interdisciplinary one where evidence from clays is compared and 
correlated with that from the likes of microfossils and geochemical data, such 
as oxygen isotopes (Singer 1984; Chamley 1989). 

Clearly, the application of clay mineralogy to palaeoclimate analysis must 
be based on a thorough understanding of weathering and its clay-mineral 
products. So far, in practice, most studies use very simplified schemes wherein 
abundant illite, and chlorite are taken to relate to cold or arid climates, 
kaolinite to more humid climates, and smectite to seasonal climates with a 
pronounced dry season. Indeed, more detailed schemes may not be warranted 
given the many factors which may swamp any climatic information (Fig. 4.29). 
However, even if climatic information is obscured, clay minerals can be 
characterised in considerable detail by modern mineralogical techniques, and 
such characterisation may provide much more data concerning their origin 
than the above generalisations. An early attempt at such an approach is the 
use of crystallinity data in Quaternary hemipelagic muds of the Mediterranean 
sea by Chamley (1971). Cold dry periods corresponding to glacial intervals 
are characterised by relatively more abundant and better crystallised illite 
and chlorite. Warmer and wetter periods, corresponding to interglacials, 
are characterised by more abundant and better crystallised smectite and 
more abundant kaolinite. A more recent example is the work of Fagel et al. 
(1992) where the palygorskite/illite ratio in sediments from the Arabian Sea 
has been investigated by various signal processing methods and related to 
periods in the Earth’s orbital cycles. Increasingly, there have also been many 
attempts to better characterise minerals such as smectites which show a wide 
range of chemical composition that may be related to specific origins. 
However, work on oceanic smectites shows that there can be many causes 
of apparently significant compositional variation, including what might be 
dismissed by some as ‘minor’ contamination, and it is clear that a careful 
approach to characterisation of these kinds of materials is necessary (Vali et al. 
1993). 
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Various studies of Cainozoic sediments from the western Atlantic region 
appear to provide an impressive example of the widespread nature of climate 
induced changes in clay-mineral assemblages. Studies from the North Sea 
(Karlsson et al. 1978), the northern Bay of Biscay (Chamley 1979; Debrabant 
et al. 1979), the Sierra Leone Rise (Robert 1982), and the Goban Spur 
(Chennaux et al. 1985), although different in detail, all show the same general 
trends in their clay-mineral assemblages. Essentially, Palaeocene and Eocene 
sediments are dominated by smectite, while chlorite appears in the Oligocene 
or Miocene and persists through Pliocene to recent sediments, accompanied 
by ever increasing amounts of illite. These trends are thought to correspond to 
the general cooling of world climate throughout the Cainozoic, and to in¬ 
creased relief in the source areas due to Alpine tectonics, whereby the impor¬ 
tance of chemical weathering diminished and that of physical weathering 
increased. However, the changes may in fact reflect some combination of 
climatic control and of tectonics on oceanic circulation. From mid-Miocene 
times onwards, subsidence of the Iceland Faroe ridge allowed increased south¬ 
erly flow of cold bottom water from the Norwegian Sea to the North Atlantic, 
and these waters may have been responsible for some of the observed increase 
in illite and chlorite (Chennaux et al. 1985). Nonetheless, comparable trends in 
Tertiary clay mineralogy are also observed in areas of other oceans, such as the 
Antarctic (Ehrmann et al. 1992), and most investigators seem to agree that the 
overriding control is climate change, even though it may frequently be ex¬ 
pressed indirectly by related changes in sediment-transport processes. 

Palaeoclimate appears also to have left its record in certain marine 
Mesozoic rocks. For example, generally speaking, Cretaceous sediments of the 
Atlantic and Tethyan domains are relatively rich in smectite. This is believed 
to be due to the warm seasonal climates and general tectonic stability of this 
period, smectite being supplied from the continents (Chamley 1989). How¬ 
ever, an alternative hypothesis has been put forward by Thiry and Jaquin 
(1993) which involves transformation of other minerals into smectite at the 
sediment-water interface and during early diagenesis while there is still free 
exchange of pore water with sea water. In addition, Jurassic sediments from 
the same region are frequently enriched in kaolinite which is related to the 
more humid climatic conditions of this period (Chamley 1989). Palaeoclimatic 
interpretations of older rocks become increasing difficult because of the 
greater chance that they have been altered by burial diagenesis. 

Besides climate, changes in palaeocirculation and tectonics are amongst 
the most common factors that may produce changes in the clay-mineral assem¬ 
blages of marine sediments. According to Chamley (1989), changes in circula¬ 
tion of ocean currents affect clay-mineral assemblages to the same order of 
magnitude as those resulting from climate change. In contrast, changes due to 
tectonic effects on clay-mineral supply are potentially much more significant 
and longer lived than either the effects of climate or circulation. Tectonic 
rejuvenation causes soil sources of clay minerals to be replaced by rock 
sources. Therefore, the effects are most pronounced when tectonics affects 
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regions where soils have developed under conditions of intense chemical 
weathering such as in humid tropical climates. 

A detailed compilation of changes in clay mineralogy through geological 
time is given by Weaver (1989). The main trend is an increase in smectite and 
decrease in illite from Cambrian to Recent times. Weaver (1989) discusses 
how this trend may be related to changes in weathering through time, or to the 
increased chance that older sediments have been affected by burial diagenesis. 
Weaver (1989) also discusses the interpretation of the data for various geologi¬ 
cal periods in terms of changes in climate and global tectonics. 

It is evident, as will be seen in the following chapter, that as sediment 
becomes rock during burial, mineral changes occur which have a tendency 
to obscure the chemical and environmental orgin of sedimentary clays. If 
diagenesis occurs, it must strongly affect the mineral assemblages of clays in 
sedimentary rocks. Hence, the signature of sedimentary provenance will be 
restricted to superfical and young areas of the sedimentary pile. 
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5 Compaction and Diagenesis 

B. Velde 


This chapter follows logically that dealing with the origins of clay in the 
sedimentation environment. Sedimentation followed by more sedimentation 
leads to diagenesis, burial diagenesis which is the most important diagenesis 
for silicates. What is the nature of the change in state which brings about new 
minerals upon their burial? As sediments accumulate in a basin (the basic 
concept of a sedimentary basin being a recipient that has a bottom which 
continues to grow deeper with time, a sort of un-filling cup; otherwise the 
recipient would fill up and the story would end) they are subjected to two 
major changes in their environment. First as burial proceeds, sediment tem¬ 
perature increases. As any miner knows, deep mines are hotter than shallow 
ones, and in fact the Earth is hotter inside than at its skin (i.e. the solid gas 
interface known as the Earth’s surface). So as sediments get buried in basins, 
or on the edges in continents, they get hotter. 

The second effect of burial is the expulsion of water. Sedimentary deposi¬ 
tion includes much of the sedimentation environment, water. The portion of 
water included in sands is almost 30% but that of clay-rich sediment is about 
80%! This water has to be eliminated if one is to produce a rock, a sedimentary 
rock. The water will escape, upwards for the most part, to join its milieu of 
origin, leaving behind the solids as sediments and the salts in a concentrated 
form in interstitial water. 

Therefore two major changes are accomplished with the burial of 
sediments; temperature changes and water is eliminated. In the case of clay- 
rich sediments this produces a silicate dominated system. Instead of a water- 
dominated system one finds a clay or silicate-dominated one. The chemical 
potentials which govern the changes in mineral stability are dictated by the 
silicates present, not the water or fluids. The rock becomes the master rather 
than water. The sequence of decreasing water influence is from weathering, to 
sedimentation, to burial diagenesis. 

There are limits to the change in temperature with depth that should be 
considered in terms of burial diagenesis. The normal geothermal gradients of 
sedimentary basins are in the range of 20-50 °C/km depth. Above these values 
one should consider using the terms metamorphism or geothermal conditions. 
This rate of heating is greater than that found in most sedimentary basins over 
the period of their development, which is on the scale of millions of years. 
Higher gradients can be experienced in basins, but they are likely to be of 
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shorter duration. If a heating period is of less than one or perhaps two million 
years duration, it can probably be considered as a short episode, one of 
“geothermal” heating. These periods can have an effect on clays if they reach 
high enough temperatures, above 100 °C, but they appear to affect clays less 
when they operate for short periods. In contrast, organic material will react at 
a much greater rate under short heating periods and where these materials are 
present they can give an idea of maximum temperatures attained, even over 
very short geological periods. Clay minerals then generally give an indication 
of an integration of time and temperature. 


5.1 The Geologic Structure of Diagenesis 


The geologic situation where diagenesis occurs is as stated above, in basins 
which are continuously deepening and filling with sediments. Not all ocean or 
sea bodies are sites of active deposition, even though they present one of the 
characteristics necessary, i.e. depth. For example, in the Mediterranean Sea, 
on one side of the Italian peninsula there is an active diagenetic system (the 
Adriatic Sea) where recent sediments from the Alps fill a deep trough of many 
kilometers depth. The sea is shallow, less than 1000 m depth for the most part. 
However on the western side of the same peninsula, the ocean floor is at 
5000 m depth, but at present sedimentation is low and burial of sediments does 
not produce thick sequences of sediments which turn into rocks. Hence, it is 
not enough to have a recipient for the sediments in order to form a sedimen¬ 
tary sequence, one must also have a source of sediment. The Po river in 
northern Italy furnishes much of the eroded material from the Alps to the 
Adriatic Sea basin, whereas the Rhone river in France does not have such a 
source area. In the same way, not all of the off-shore continental shelf areas 
with deep and subsiding floors receive sediment to make a sedimentary basin. 
Sedimentary rocks need both a place to be deposited and sediments. 

The situation of sedimentation and burial is one of tectonic movement. 
The continent is uplifted to provide sediment and the sea or ocean is depressed 
to receive the sediment as it is produced, or perhaps not. Very schematically, 
one can represent these effects as in Fig. 5.1. This shows the typical passive 
continental margin setting where the foreland is produced by essentially ver¬ 
tical movement, uplift, and the basin by block displacement. Zones of sedi¬ 
mentation, burial and compaction are found progressively further off-shore. 
One can change the relative size of blocks and their movements to give 
different dimensions to represent continental basins and graben situations. 
These variations are also shown in Fig. 5.2 which indicate the common types of 
structure where active sedimentation and diagenesis occurs. The mountain or 
upland areas provide eroded material from basement or old consolidated 
rocks, the foreshore areas provide sedimentary material from recently com- 
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Fig. 5.1. Drawing of a typical passive continental margin sedimentation setting where source area 
and sedimentation are directly linked 

pacted sedimentary rocks, and the sea, or basin, is an accretive area of sedi¬ 
mentation and compaction. 


5.1.1 Compaction and Porosity 

Clays have a very special behaviour in water dominated solutions, and this is 
the key to their physical state upon sedimentation. This behaviour is very well 
explained in detail by R.M. Meade (Geological Professional Paper 467-B, 
1964). The clay platelet organisation is the key to the capture and eventual 
expulsion of water, and the key to the ultimate behaviour and changes in clays 
during diagenesis (Sect. 4332). 

Initially, if clays are put into a pure-water medium, they tend to remain in 
suspension due to their small grain size which holds them aloft by Brownian 
motion, i.e. thermal agitation. The clays attract water to their surfaces, as do all 
particles. But, given their large surface area, due to their lath or sheet shaped 
form, their surface is great. Normally, the small residual charges on the sur¬ 
faces of clays are concentrated on their grain edges. If clays are observed as 
they aggregate, they are seen to form loosely linked sponge-like masses con- 
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Fig. 5.2. Block diagrams of situations giving 
rise to different geometries of sedimentary ba¬ 
sins: a the continental basin configuration; b the 
graben configuration; c the continental passive 
margin configuration. Arrows indicate the rela¬ 
tive movements of continental blocks 
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Fig. 5.3. a Clay flock in aqueous suspension; b clay 
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nected by their edges. A schematic representation in two dimensions is given 
in Fig. 5.3. As one can see at a glance, there is not much clay and there is a lot 
of space which in the case of clays in water is taken up by water. Most of the 
material in the sedimentation of clays is water, up to 80 or even 90%. 
Compaction causes the clay platelets to lie flat and, when in contact, they do 
not retain much water. 

The reason that the clays tend to aggregate by their ends, is that there are 
apparently higher charges there, due to broken or incomplete bonds leaving 
negative or positive charges at these points. The frequency of encounter at 
edges is greater than at the parallel surfaces of the plates where the charge is 
less. Once the distance barrier is overcome, there is a link of negative-charge - 
cation-negative-charge between the two plates, being bridged by a cation, or 
more rarely an anion. This has been discussed in detail in Section 4.3.3.2. 

As the sediment is buried, the open structure of the flocculate is gradually 
flattened to form a more or less, parallel oriented clay sediment, as indicated 
in Fig. 5.3b. Compaction brings about loss of water content and increases the 
density of the clay-rich sediment. The change in density is large, as one can 
imagine. The porosity, i.e. the portion of the sediment that is not mineral, 
changes drastically. While clay-rich sediments can have up to 80% porosity or 
non-solid content, the porosity of sands is generally below 50% percent upon 
their initial deposition. Therefore, clay sediments tend to lose more of their 
volume upon compaction under sedimentary burial conditions than do other 
sediment types. Sand grains compact in a different way, leaving in the end 
much more pore space between the grains than do clay sediments. Figure 5.4 
shows sand compaction compared to Fig. 5.3 for that of clay compaction. 

The result of these differences in geometry of sediment particles is shown 
by the typical sedimentation curves, shown as porosity (percent of non-solids) 
of sediments against depth of burial, which are shown in Fig. 5.5. The initial 
stages of compaction of clay-rich sediments occur in the first kilometer of 
burial. This is also the zone where large changes of water chemistry take place 
and certain adjustments of clay mineralogy are seen. 

In a system where 80% of the volume is water, or more precisely aqueous 
solution, the chemical dominance will come from the solution. The activity of 
ions such as Na, K, Ca will be determined to a large extent by the values of the 
initial sea-water solution. However, as the solutions decrease in proportion 
due to compaction and de-watering the solids become more important in mass 
compared to the solutions, and they will impose their chemical activity on the 
solution-solid mixture of the sediment by an effect of mass balance. Hence, the 



Fig. 5.4. Compaction of sand grains 
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expelled from lower 
sedimentary formations 

sediments become, more and more, a closed system in which the chemical 
activity of the solutions is determined by the bulk chemistry of the solids. In 
clay-rich sediments, the permeability becomes low, porosity decreases to only 
10-20%, and the sediments do not “see” the solutions that, for example, 
circulate in sands. One can find for example, sandstones at say 2km depth with 
a porosity of 30%, whereas claystones which are adjacent will have 10-12% 
porosity. This situation dominates the mineralogical changes which claystones 
experience. Figure 5.6 illustrates this situation. The difference in com- 
pactibility gives very different properties to the rocks with respect to fluid flow. 
The porous sands allow fluids to migrate within them, whereas the more 
impermeable clay-rich rocks act as barriers to fluids. The different proportions 
of fluids means that the minerals present in a clay-rich layer will change phase 
and composition according to the bulk composition of the sediment. Each 
layer will behave in an independent way. Little outside influence will affect the 
minerals and hence only the variables of time and temperature will govern the 
mineralogy that we see in a given sample. In all sediments, the initial input is, 
to a certain extent, heterogeneous and many crystals are not in chemical or 
mineralogical equilibrium with their neighbours upon deposition. Some old 
micas and biotites, for example, will remain present when they should be a 
trioctahedral smectite or vermiculite. Some plagioclase will be present when it 
should be either a zeolite or an albite. These mineral species inconsistencies 
will be sorted out as the temperature of the sediments increases. 

A second, and more important, aspect of the difference in porosity and 
permeability is related to petroleum migration and accumulation. Fluids mi- 
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grate upward because they are less dense than rocks. They will migrate until 
they reach a barrier, such as a clay-rich rock. If there is sufficient sealing 
capacity in three dimensions, hydrocarbons will migrate and accumulate. Most 
often clay layers are the barrier to further migration and the principal cause of 
hydrocarbon accumulation. 


5.1.2 Temperature 

In different geological settings, i.e. continent edges, subduction zones, pull- 
apart basins, etc., the thermal regime is different. The thermal input into the 
sedimentary pile can vary to a great extent, affecting different temperatures at 
the same burial depths. This is the thermal or temperature variable which 
affects diagenetic reactions. In continental-margin basins, the thermal input 
commonly produces a thermal gradient of about 25-35 °C/km. In basins 
formed in mid-continent regions one can often find gradients of 30-40 °C/km, 
whereas basins on continent edges have lower gradients. In rift areas, where 
block faulting is an important manifestation of the tectonic forces, gradients 
can be in the 40-60 °C/km range. Local magmatic activity can effect even 
higher gradients until one reaches geothermal areas where gradients can be 
above 200°C/km. Thus sedimentary basins can have very different thermal 
conditions which effect the same diagenetic processes. 


5.1.3 Sedimentation Rate 

Upon burial, the sediment layers reach greater depths and their temperature 
increases. However, the rate at which the sediments increase in temperature is 
different in each basin of sedimentation. This is due to two effects, one the 
temperature gradient in the sedimentary pile and another the burial rate. In 
the Los Angeles, California, area for example, one can find sediments of only 
2 million years of age at depths of up to 5km. In the Paris Basin (France), the 
basin basement at 2.8 km depth has sediments of 250 million years of age. In 
both basins, the increase in temperature is similar to depth, about 30 °C/km. 
Hence, in California, the deepest sediments have been at 180 °C for less than 
1 million years, whereas those in the Paris basin have been at or near the 
maximum of 80 °C for more than 80 million years (Fig. 5.7). 


5.1.4 The Kinetics of Clay Transformations 

In nature, and the laboratory which is an extension of nature, when physical or 
chemical conditions change, a disequilibrium is established. The nature of 
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Fig. 5.7. Different types of sedimentation history 
comparing the Los Angeles Basin (a young and 
deep basin) and the Paris Basin (an old and shallow 
basin) 


nature is to establish another equilibrium. This creates a need for chemical 
reaction. The description of the rate at which things try to attain equilibrium 
is called kinetics. 

Normally, chemical reactions, especially silicate reactions, are affected by 
three factors. These factors are time (t), temperature (T) and composition (x). 
According to the law of mass action, the higher the concentration of a reactant, 
the faster the reaction will go to completion. Thus, for a given concentration, 
there will be a specific rate of change in the reacting phases. An increase in 
temperature tends to hasten reactions, it brings the reacting phases into equi¬ 
librium faster. If enough time is allowed, any reacting assemblage will find 
another equilibrium assemblage. 

The basis for such transformations is often expressed as: 

dC/dt = -kC, which shows the time (t) relationship, and 

k = A exp ( ~ E/RT >, which shows the temperature (T) relationship. 

C is the concentration of the phase which is changing to another, A is a 
constant generally independent of temperature, and k is the reaction constant 
which relates the time to the temperature formulation. 

Clay mineralogy is often controlled by kinetics. In burial diagenesis, it has 
been found that most pelitic clay-rich rocks show a high concentration of 
smectite in surface layers and a high concentration of illite in the deeper 
portions of a sedimentary series. This has been described as the smectite to 
illite reaction series. The intermediate stages of the reaction are expressed by 
the appearance of mixed-layer minerals of illite/smectite compositions. The 
reaction progress can be described by the illite content of the mixed layer 
mineral. In Fig. 5.8 reaction progress is shown as it has been observed in many 
sedimentary basins. The figure indicates the relations of the two basic param¬ 
eters of burial diagenesis, those of temperature and time, as they affect clay- 
mineral transformation during diagenesis. In the basins which were used to 
gather the data (Tertiary in Japan, Gulf Coast and Los Angeles in the USA, 
Paris basin in France), the increase in temperature with depth is, today, be- 
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Fig. 5.8. Range of depth-time conditions (thermal gradient is near 30°C/km) where one finds the 
critical stages in the smectite to illite conversion in sedimentary basins. SM Smectite starting point 
of the reaction; 50% illite/smectite mixed layer minerals with half smectite and half illite 


Reaction progress 



Fig. 5.9. Representation of the clay composition of the smectite to illite reaction (reaction 
progress is towards illite composition) and the age of sediments in basins with similar thermal 
gradients but different sedimentation rates, i.e. the same increase in temperature with depth but 
where the time over which the sedimentation takes place is very different 


tween 25 and 35°C/km. Thus, Fig. 5.8 can be used to show the influence of 
both time and temperature on the clays in the smectite to illite reaction under 
comparable thermal conditions. Here time is the most important variable in 
forming the clay minerals in the reaction. The clay reactions follow the differ¬ 
ences in time under the conditions of burial diagenesis. 

However, if the thermal gradient in the basin is similar, the time factor will 
be the most important factor in forming illite. In Fig. 5.9 the smectite to illite 
reaction has been followed in two basins of very different age but similar 
geothermal gradient. In the young basin the reaction has not progressed very 
far, while in the older basin it has gone to near completion. In the young basin 
(California) the sediments are nevertheless buried to near 5 km depth, at a 
present-day temperature of near 180 °C. The deepest part of the Paris basin is 
only buried to 2.5 km depth at a temperature of only 85 °C. Hence, for the 
clays, at low to moderate temperatures, the reaction progress is highly depend¬ 
ent on time. 
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Fig. 5.10. Reaction progress in two basins of similar ages and 
similar burial rates but different thermal gradients 


The same reaction can be followed in young sediments, where the thermal 
gradient has been very different (Fig. 5.10). In these two examples the 
sediments have experienced the thermal gradients indicated for periods of less 
than 2 million years (Ma), and the temperature was the main agent in mineral 
change. The reaction has progressed to completion in the well with a high 
thermal gradient (Salton Sea) whereas the low temperatures of the other 
well (Los Angeles Basin) did not allow the reaction to progress nearly as 
much. 

Figures 5.9 and 5.10 illustrate the importance of trajectory in geologic 
space. Clay reactions in closed systems, where the solids, clays and other 
silicates dominate the chemistry, proceed at low rates under most basin sedi¬ 
mentation conditions. In metamorphic rocks one can often find in the field 
instances where a change of mineral assemblage takes place over a distance of 
less than 1 m. A rock changes its mineral assemblage rapidly in geologic space. 
However, in sedimentary-basin rocks mineral reactions can be followed over 
distances of up to 6km! Not all clay-mineral reactions take place at the same 
rates and hence some mineralogies change over short burial distances while 
others in the same rocks change over kilometers. 

A special point should be made concerning the burial history of sediments. 
The rate of sedimentation in a given basin often changes during its history. 
Some basins start out having a high sedimentation rate and vice versa. This has 
an effect on the mineralogy of each layer in the rocks of the basin. Each layer 
has a history in time and temperature space. Figure 5.11 illustrates this point. 
Two different burial and sedimentation histories are imagined for sediments 
each having been deposited about 150 Ma (million years) ago, as shown as the 
area in the box of the figure. The thermal gradient in both basins is supposed 
the same over their entire history. The history of the zone has a very different 
thermal history in the two series, A and B. In series A, there is a period of 
70 Ma of initial slow burial. The sediment investigated had a history of slowly 
increasing temperature followed by rapid burial and a short period, about 
20 Ma, of higher temperatures. The history of the layer in series B of the same 
sedimentary age is quite different. It experienced a rapid initial increase in 
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Fig. 5.11. Time-temperature rela¬ 
tions of sediments in different basins 
with the same thermal gradient and 
having the same age of sedimentation 
but different burial histories 
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temperature over a 20-Ma interval with great burial depth to 4 km, followed by 
a very long period of high temperatures. The total time that layer B spent at 
150 °C is nearly 100 Ma while layer A in the other basin has a much shorter 
high temperature history. Both layers are at the same present day temperature 
of near 150 °C. One can expect, therefore, that the clay minerals in layer B will 
be much more mature, i.e. have a greater stage of reaction advancement, than 
those of layer A, even though they both have the same age and are at the same 
present depth in sedimentary basins with the same geothermal gradient and 
hence at near the same present day temperatures. This shows the importance 
of burial history. 
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5.1.5 Chemically Driven Reaction in Clays 

5.1.5.1 Solution Transport 

The change in clay mineral assemblage can be traced as a function of time and 
temperature as outlined in the previous section. However, chemical potentials 
(the law of mass action) can also affect clay mineralogy. The most simple case 
is that of sandstones, rocks which are permeable to migrating solutions and 
which can contain a certain amount of material susceptible to being changed 
into clays, or clays susceptible to being transformed under a change of chemi¬ 
cal potential. 

A first caution to the reader is to remember that the sandstone remains 
essentially sand, only about 30% of its volume can be filled with fluids. These 
fluids have a certain capacity to dissolve substances, and hence the mass of ions 
in the fluids is limited to an absolute amount. On the other hand, the sandstone 
has a large capacity of exchange (80% of the rock) which can react and which 
will affect the chemistry of the solutions through exchange processes. This is 
demonstrated by the relations in Fig. 5.12 in which the amount of reacting 
material (solids) is shown for the different parts of a porous sediment. The 
diagram shows the rock as solids (shaded) and pores. The pore space is 
occupied by fluids in which a small amount of solids are present as dissolved 
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Fig. 5.12. The effect of compaction in¬ 
creases the amount of ions in solution. 
However, in a given rock the solids repre¬ 
sent an increasing proportion of material 
(shaded area ) compared to the solutions 
(pore space) and their dissolved solids 
(shaded area in solution portion). Solu¬ 
tion diagram rectangle has the same size 
as the pore space 


High Compaction 
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matter (shaded area in pore-fluid space). In both examples, the dissolved 
material is much less than the solids in the rock. In both the low compaction 
example (Fig. 5.12a) and the high compaction state (Fig. 5.12b), the potentially 
reactant ions dissolved in solution are a minority compared to the silicate 
solids. Hence, in order to create a significant silicate assemblage through 
interaction of solids and dissolved elements in solution, fluid-solid interaction, 
it is necessary to transport material via the fluid phase. Two possibilities 
are available (1) transport by convection, i.e. movement of solutions in 
which dissolved phases are present, (2) transport by diffusion. In the instance 
of convection, a large amount of solution is necessary for reactions. For 
example, when alumina is involved in a reaction its transport is limited by its 
extremely low solubility in aqueous solution, on the order of several parts per 
million, or about 0.0001% of the solution. As the solution represents a small 
portion of the rock, if one intends to precipitate, for example, kaolinite in a 
sandstone, very large amounts of water are necessary in order to transport 
even several percent of kaolinite, in the order of 1000 times the volume of 
the rock. 

A more simple method of transport is available, although it operates over 
a limited range. This vector is one of diffusion and transfer in the solution. If 
a mineral reaction consumes alumina, for example, to form kaolinite, as soon 
as the kaolinite is precipitated, the solution will be undersaturated with respect 
to this element and some new alumina will be called into solution from another 
source by dissolution. If an adjacent layer of rock, say an alumina-rich clay¬ 
bearing layer, is available and in fluid connection with the rock precipitating 
kaolinite, then the reaction can be accomplished without moving the water at 
all. In this case, the rock moves and not the solution. 

In either case, chemical reaction can be accomplished by a change in 
chemical potential of the elements in the rock-solution environment. If a 
strong chemical imbalance is created by the arrival of a new solution with a 
strong concentration of an element, reaction will be rapid. 


5.1.5.2 Chemical Equilibrium Among Clay Particles 

If clay-mineral reaction, i.e. the formation of new phases, is a function of 
chemical disequilibrium, the composition of clay particles themselves is also 
guided by chemical forces. When a new mineral is produced, this is the result 
of the overall discord between the mineral forms present and new chemical (x) 
and physical (temperature) conditions. However, when a new mineral is pro¬ 
duced it can remain stable as a phase although its composition can be out of 
equilibrium as diagenesis proceeds. Figure 5.13 indicates possible phase rela¬ 
tions in chemical space as conditions of diagenesis change (essentially tem¬ 
perature). Here, the phases present are in fact the same, but the change in 
temperature changes the compositions of the phases which will coexist at 
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Fig. 5.13. Schematic phase relations in triangular chemical space with the variables xyz. Phases A 
and B are both stable together at the two temperatures, 77 and 72. However, the range of 
compositions of the two phases changes with temperature and those which will co-exist in a rock 
of the composition denoted by the circle will change with temperature. In the right-hand triangle , 
the arrowheads indicate the different compositions at different temperatures 


equilibrium. Let us suppose that the rock composition lies at the point of the 
circle in the two triangles in compositional space xyz. The two coexisting 
phases for this composition are A and B of compositions at either end of the 
intermediate line passing through the circle representing the bulk compositor 
of the rock and joining the phases A and B of a given composition. The line 
joining the two phases of different compositions is called a tie-line. Phase A 
has a composition of about 40% x at temperature Tl, but at temperature T2 it 
has only 10% of component x. The new temperature phase has changed the 
compositions of the phases A and B which can coexist. The tie-line has 
changed inclination in the compositional triangle. If all goes according to 
equilibrium theory, as the rock changes temperature from Tl to T2, the 
compositions of phase A and B will change according to the relations shown in 
the figure by the tie-lines. 

However, the changes of composition are not instantaneous. In fact 
the changes of composition are very slow. The problem is that the means of 
attaining chemical equilibrium in a crystal are through internal diffusion. 
This is a much slower process than the dissolution-recrystallization process 
which effects mineral-phase change in diagenesis. For example, a chlorite can 
take up to 500Ma to change composition in the burial-temperature range 
of 20-120 °C, whereas dissolution-recrystallization processes in the slow 
smectite to illite transformation will occur in the time range of about 80Ma. 
Other mineral reactions during diagenesis are much more rapid than 
this. Thus phases can come into equilibrium faster than their individual 
compositions. 
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5.2 Major Progressive Clay Mineral Reactions 
During Burial Diagenesis 

5.2.1 Mixed Layer Mineral Series 

Clay mineralogy becomes simplified during burial of sediments, the highly 
variable forms of expanding minerals such as vermiculites and smectites are 
quickly replaced by a smaller number of minerals. The detrital clays also 
become unstable and react to be replaced by the smaller number of phases. 
The simplified mineralogy eventually becomes one of kaolinite, illite (fine¬ 
grained potassic low charge mica), and chlorite in aluminous sediments. In 
sediments formed from basic rocks, one finds chlorite and mixed-layered 
chlorite-smectites in the more mature parts of the sedimentary column. In a 
very simplified manner one can write the relations 

Smectites -»illite, chlorite. 

The less abundant or infrequent phases such as vermiculite, sepiolite and 
palygorskite are incorporated into the general change of phases. However, as 
indicated above, things do not occur in one single, abrupt step in depth - 
temperature space. The reactions occur over a range of depths in basins as a 
function of temperature gradients and sediment age or the length of time a 
sediment has spent at aggregate depths. Two particular reactions can run over 
the same range of geologic conditions; rarely, but still at times, they can be 
found together in the same rock. They are 

Dioctahedral, aluminous smectite —»illite/smectite minerals —»illite; 

and, 

Trioctahedral smectite -» smectite/ chlorite minerals —» chlorite. 

Both reactions show an intermediate phase which is in fact a metastable 
form, well-identified by X-ray diffraction, but which is a phase that constantly 
changes its composition as time and temperature push the reaction forward. 
The smectite to chlorite reaction typically occurs at slightly higher tempera¬ 
tures, perhaps 50 °C, than the smectite-illite reaction. 

For example, in the smectite to illite conversion the initial stages of reac¬ 
tion show an illite-smectite mineral with an 100% smectite composition, while 
in the middle of the sequence it will have an aggregate composition of 50% 
illite and 50% smectite layers in the mixed-layer minerals. In the latter stages 
of the reaction, the crystallites of illite-smectite will contain on average 10% 
smectite component. The end point of this reaction will occur when all of the 
illite-smectite minerals are converted into illite. It is thus possible to measure 
the reaction progress by measuring the smectite or illite content of the inter¬ 
mediate mixed-layered mineral phase present in a sedimentary rock. The same 
is roughly true for the trioctahedral smectite to chlorite conversion, but with a 
time - temperature lag behind the smectite - illite series. 
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In the smectite-illite reactions, other minerals can and must take part in 
the conversion process by their destruction which furnishes needed elements 
for the new minerals. In the case of smectite to illite conversion, one needs 
potassium to complete the reaction as illite is a mica, and only potassic micas 
are found to form in sedimentary rocks. Smectites have predominantly calcic 
or magnesian interlayer ions, i.e. the interlayer ion population as it occurs in 
sedimentary rocks is predominantly calcic or magnesian. Thus, one can envi¬ 
sion a reaction such as 

smectite —» illite, 
i.e. Ca + 2K + -> 2K + Ca 2+ . 

The charged species found in the aqueous solution is the exchange matrix of 
the reactions. In most natural solutions, calcium and magnesium are more 
abundant than potassium. The source of aqueous potassium must be less 
stable, usually detrital, minerals which dissolve to give the needed potassium 
ions to produce the new, stable phase. These minerals do not, as such, figure in 
the reaction, despite the fact that they furnish ions to the aqueous solution. 
The normal candidates for potassium sources are detrital potassic feldspar or 
detrital, high-temperature mica, usually muscovite. Both minerals contain 
more potassium per aluminium ion in their structures than does illite. Feldspar 
has a 1:1 aluminium to potassium ratio and it should be remembered that illite 
has about 0.85 potassium ions per O 10 (OH) 2 units whereas muscovite has 1.0 
ions. Both muscovite and feldspar are therefore less stable than illite when in 
contact with a solution undersaturated in potassium with respect to illite. In 
dissolving (due to their metastable compositions), both minerals release 
aluminum and silicon ions into solution, as well as the needed potassium ions. 

In these relations, one sees that the resistant, detrital minerals in a sedi¬ 
ment take a significant role in reactions, as do those minerals formed at or near 
the sedimentation surface as they are sedimented into the sedimentary min¬ 
eral matrix. There are in fact two parts of every sedimentary rock, those that 
are highly reactive and those that are more inert. Of course nothing is entirely 
and forever inert, but there are cases that come close to this state. Zircons and 
garnets tend to react very, very slowly in sedimentary rocks, but they react all 
the same. The micas and feldspars of high-temperature metamorphic or igne¬ 
ous rocks are in an intermediate category. They play a role of constant, but 
slow, reaction components which are critical to the reactions observed in 
burial diagenesis and early metamorphism, those reactions which operate 
under low temperatures over long periods of time. 


5.2.2 Silica Polymorph Change During Diagenesis 

The activity of silica in solution is “anchored” by the prevalent chemically 
active form of silica which is present in a rock. In low-temperature environ- 
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ments, those of sedimentation, stability of this material is limited but it never¬ 
theless is the phase which permits the most silica to be present in solution. It 
is necessary to have more than 150 ppm of silica in solution in order to form a 
free silica phase. By contrast, the stable form of silica, quartz, can accept only 
5 ppm of silica in solution at the same conditions. However, quartz is slow to 
crystallize and amorphous silica is the phase which determines the maximum 
silica concentration in solution. The form of silica found in sedimentary rocks 
is a function, again, of time and temperature. As both increase, the form found 
has a lower tolerance of silica in solution. The sequence is amorphous silica, 
cristobalite, quartz. 

Initially one finds amorphous silica. As temperature or time increases 
cristobalite forms and the maximum amount of silica in solution decreases to 
several tens of ppm in solution. This fact excludes certain other silicate phases 
from forming. As temperatures increase yet further, or the rocks become 
older, the stable mineral is quartez. 

One can draw a parallel between the stabilities of pure silica and the clay 
minerals. Smectites are the most silica-rich forms, and they occur at lowest 
temperatures in the youngest rocks. Mixed-layer minerals and vermiculites 
contain less silica occur at intermediate temperatures and ages. Micas, illite, 
chlorite, and kaolinite are the most stable clay minerals and contain the least 
silica. 


5.2.3 Zeolite Mineralogy During Diagenesis 

In surface environments zeolites are silica-rich, however, with burial, the silica 
content becomes reduced because temperature, and perhaps time, are impor¬ 
tant factors in their diagenetic history. The alkali zeolites are stable at the 
lowest temperatures, the calcic forms appear to persist to higher temperatures. 
Some rocks contain more than one form (see Chap. 7, on hydrothermal 
alteration) but generally the forms in sedimentary rocks are sodium and 
potassium-rich. The most siliceous forms are found in sediments and they are 
found at some depth. The alkali zeolites such as phillipsite, erionite, stilbite 
and clinoptilolite contain different proportions of Na and K ions as well as 
some Ca ions. Only natrolite and analcime are purely sodic. Thus, at low 
temperatures one can have a maximum of three alkali zeolites present in 
equilibrium. As temperatures and time increase, the field of zeolite solid 
solution (range of substitution of K, Na, Ca) decreases. These alkali zeolites 
are replaced by sodic, less siliceous forms upon deeper diagenesis. Analcime 
becomes the only zeolite stable in deeper and older rocks. Again, it appears 
that kinetics is a factor in the distribution of minerals in the clay fraction, in 
older Paleozoic rocks zeolites are a rare occurrence. The transition of alkali 
zeolite to analcime and calcic zeolites (heulandite and those forms stable at 
higher temperatures) seems to occur at temperatures between 80-95 °C in the 
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temperature (°C) 


Fig. 5.14. Representation in time-temperature 
space where the alkali zeolites can exist com¬ 
pared to the analcime facies 


age range of 2-18Ma. Figure 5.14, adapted form Velde and Iijima (1988), 
indicates these relations. As alkali zeolites are eliminated from the pelitic 
facies, albite and eventually potassium feldspar is seen. The intermediate 
assemblage of analcime-albite is considered as a distinctive mineral facies. 
Eventually, all alkali and calcic zeolites are replaced by sodic or potassic 
feldspar. 

As mentioned above it appears that zeolites are sensitive to kinetic fac¬ 
tors, those of time, as well as temperature. However, the rather abrupt changes 
in mineral facies (alkali, sodic and feldspar) indicate that the reaction is highly 
temperature-dependent. The zone where several zeolites are present is not 
very large. The transition takes place over a relatively short time-temperature 
span. This indicates that the activation energy for the transition is relatively 
high, probably more than 100 kJ, and the pre-exponential factor is high. In 
short, temperature is more important than time in the conversion. This con¬ 
trasts with clay minerals, at least the smectitic types, where the mineral conver¬ 
sion occurs over a range of 100 °C and over the time spans of tens to hundreds 
of millions of years. 


5.2.4 Changes in Organic Matter 

The evolution of organic matter, though not strictly in the realm of clay 
mineralogy, is all the same important to geology and students of the environ¬ 
ment. Concentrations of organic matter in sediments, preserved from biologi¬ 
cal and oxidation effects, can produce petroleum through the maturation of 
the unstable, complex and heavy organic molecules that form organic matter. 
The activation energy of these processes is rather high, hundreds of kilojoules 
per mole, and hence the reactions are very temperature-dependent. The evo¬ 
lution of this material to produce petroleum molecules occurs in the range of 
80-110 °C. This is the petroleum window. A further increase in temperature 
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Fig. 5.15. Relations between the generation of 
oil and gas (potential) as a function of depth 
(temperature) 



100 200 300 

sediment age (Ma) 


Fig. 5.16. Relation between clay maturity and 
organic matter maturity. The curve shows the 
end of the smectite to illite clay transformation 
as plotted against the maturation of organic mat¬ 
ter and the age of the rocks in which both clays 
and organic matter were found 


produces smaller molecules including gases, e.g. pentane, methane, etc. These 
are produced in the gas window. The windows overlap to a certain extent and 
can be diagramatically represented as in Fig. 5.15. There are three major types 
of organic material which are found to survive surface biological and oxidation 
effects to be preserved in sediments. Under diagenesis they produce petro¬ 
leum reserves. These types of material are of marine and terrestrial origin. The 
terrestrial material can also produce coal due to a higher concentration of 
cellulose material in its structure. Two types of marine organic material have 
been identified; they are differentiated to a certain extent on the existence, or 
not, of cellulose. The major difference lies in the chain structure of the C-C 
bonds called aliphatic, or cyclic C-C aromatic structures. The former is 
present in type I and II organic residues and the latter dominates in the type 
III terrestrial material. 

The occurrence of liquid and gaseous hydrocarbons seems to be, to a 
certain extent, controlled by kinetics; the older sedimentary basins have petro¬ 
leum reserves at lower present-day temperatures than do the younger basins. 
There can be a temperature difference of up to 50 °C between Paleozoic and 
Cenozoic sedimentary basins. The difference in the kinetics of clay and those 
of hydrocarbons is very marked. Figure 5.16 indicates the relations between 
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the end of the illite-smectite conversion sequence (90% illite) and petroleum 
maturity in several basins. The older the basin, the further the clays have 
evolved compared to the hydrocarbons. 

The importance of clay minerals in petroleum geology is that most source 
rocks, i.e. sediments containing more than 0.5% organic carbon, are clay-rich. 
The clay minerals seem to have a role in protecting and preserving the organic 
material from ultimate destruction, oxidation to carbon dioxide. Hence shales 
are investigated with regard to their organic matter contents and their sealing 
capacities, i.e. their ability to form traps and reservoirs for petroleum accumu¬ 
lation. Shales are almost never considered as reservoirs. Their permeability is 
too low to allow a sufficient flow of material to be removed from depth. Their 
porosity is much too low for hydrocarbons to become concentrated. 

Hence, in a simple minded way, shales protect and mature organic matter 
to produce hydrocarbons in liquid and gaseous form, but the hydrocarbons 
must leave the shale to accumulate in some trap, often created by a shale layer. 
Displaced, trapped hydrocarbons form reservoirs useful to mankind. 

The precise role of clay-organic interactions during the period of hydro¬ 
carbon maturation is at present the subject of much debate. There is no clear 
relation which can be demonstrated at the moment. However, viscous organic 
material leaves very low permeability clay-rich rocks to accumulate in porous 
rocks, either carbonates or sandstones. This occurs at depths usually greater 
than 3 km, very often at much greater depths. The exact depth of the present- 
day accumulation is influenced by tectonic movement, such as uplift and 
erosion, migration and trapping. Some resources are still at great depth (in 
Texas and Oklahoma, wells have been drilled to more than 10km), while 
others are found in shallower sequences due to erosion of the upper portion of 
the sedimentary rocks which were formerly above them. The La Brea tar pits, 
in Los Angeles, occur at the surface where they have entrapped prehistoric 
animals to their death. 


5.3 Sequential Mineralogical Changes 
During Burial Diagenesis 

5.3.1 The First Kilometer 

In burial diagenesis, the change of sedimentary materials under the influence 
of normal sedimentary basin burial, the thermal gradients are normally not 
very great (25-40 °C/km) and hence the temperature of the material buried 
does not greatly increase during its first kilometer trajectory in time-tempera¬ 
ture space. The difference between 15 and 45 °C is not very important in the 
kinetics of silicate transformation. The major change in the chemical life of the 
sediment is in the change in the ratio of water to solids in the immediate 
environment of the solids. The solids have the upper hand in the balance of 
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chemical influence, they determine the activity of species in solution. The 
initiation of chemical change has nevertheless begun. The solids which deter¬ 
mine the activity of species in solution will control the fate of those minerals 
that are not in equilibrium with their chemical environment at near surface 
temperatures (<45 °C). Therefore, in the first kilometer of deposition, it ap¬ 
pears that few significant changes in mineralogy occur among the silicates. 
Since clays are silicates and are thus directly influenced by these mechanisms, 
one can expect that there will be few perceptible changes in clay mineralogy in 
the first kilometer of burial. In the second kilometer of burial, the temperature 
increases enough (at a 30°C/km gradient one reaches 50 °C or so), and some 
reaction is evident on a large scale. Here the most reactive minerals begin to 
change and interact with others in the sediment. 

5.3.2 The Stability of Detrital Minerals 

In mineral assemblages in sediments, the majority of the silicate minerals 
present are not in chemical or thermal equilibrium with their chemical and 
mineralogical surroundings. This is normal, in that the sediments came from 
various geological situations; minerals from rocks subjected to rapid erosion 
exhibit strong chemical disequilibrium, minerals of soil formation approach 
the chemical equilibrium of surface conditions, rocks formed by aerial trans¬ 
port, such as volcanic ash, contain minerals which are eminently in dis¬ 
equilibrium at surface conditions. All of these minerals will react at their own 
rate to attain a sort of chemical and mineralogical harmony, depending upon 
the rate of burial and the time over which it occurs. 

One can describe families of minerals and phases which will react more 
rapidly, and others which will be slower to attain chemical equilibrium. 

Family A, the rapid reaction family is as follows: 

volcanic ash, smectites formed under surface conditions, amorphous ma¬ 
terials, amorphous silica or cristobalite, hydrous alumino-silicate minerals 
from soils (imogolite), halloysite (hydrated kaolinite), alkali zeolites, 
sepiolite and palygorskite, and soil vermiculites. 

Family B, the slowly reacting silicate minerals, comprises: 

o 

quartz, potassium feldspar, berthierine (7 A chlorite), kaolinite, olivine 
and pyroxenes, biotite and muscovite. 

Family C contains examples of persistent minerals present over long 
periods of time and a range of temperatures, but which should ultimately be 
transformed: 

garnet, zircons, and iron oxides such as magnetite. 

In general, the minerals in family A will change phase during the first 1- 
1.5 km of burial. The minerals in family B will change in the 2-4 km zone and 
the minerals in family C will often persist into the zone of initial metamor¬ 
phism, beyond a depth of 10 km, where there are no longer clay minerals in the 
rocks. 
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These depths are those of normal burial, where the thermal gradient is 
near 30 °C/km, and hence the temperatures reach 200 °C at 7 km depth. If the 
gradients are higher, one can expect that the clays will have been transformed 
at shallower depths, but they will always be transformed above about 250 °C in 
younger basins, <200Ma. 


5.3.3 Clay Mineral Assemblages in the Second Kilometer 
of Burial 


The second kilometer of burial diagenesis, depending upon the temperature 
and age of burial, shows in general a decided tendency to produce fully 
expandable smectite minerals, for the most part one assumes dioctahedral in 
composition. The various interstratified minerals inherited in the detrital ma¬ 
terial of soil origin are converted to a more homogeneous clay assemblage of 
smectite, kaolinite and illite or detrital mica. Other detrital minerals such as 
chlorites, sepiolite and palygorskite, and zeolites remain in the clay fraction, 
but may not be present in older rocks. Glauconites and sedimentary 7 A 
berthierines (Sects. 4.4.5 and 4.4.6) seem to maintain their initial sedimentary 
composition. 

In the upper parts of the second kilometer of the sedimentary column the 
silicates are silica-rich. The number of phases or mineral types decreases due 
to the destruction of very metastable weathering products such as irregularly- 
mixed-layer found in soils. The more incompatible minerals, kaolinite and 
palygorskite for example, are transformed into a more restricted number of 
clay-mineral types. In this zone the apparent randomness of sedimentary 
processes is “ironed out” and a bit of mineralogical order instated. 

Zeolite facies show alkali, silica-rich mineral assemblages in the upper 
levels of the second kilometer, and a transformation to the analcime facies 
further down, depending upon the age and temperature gradient. The highly 
reactive amorphous silica is transformed into cristobalite and eventually into 
quartz. The pure silica minerals, such as amorphous silica, cristobalite and 
quartz, change in relative abundance in the 50-70 °C range in young sediments 
subjected to burial diagenesis. It is well-known that quartz is the stable phase 
of silica at conditions near the surface of the earth, but it is equally well-known 
that the precipitation and crystallization of quartz is difficult due to unex¬ 
plained energy barriers. The end result is that the precipitation of free silica 
from aqueous solution is governed by that of the formation of amorphous 
silica, which occurs at several orders of magnitude greater silica concentrations 
in solution than that of quartz. This reaction to form the quartz phase which 
governs the lower activity of silica in solution is dependent on time and 
temperature. It is also probably pH-dependent. Hence, the stability of silica, or 
the precipitation from solution, is probably the driving force of other mineral 
stabilities which react to their “hostile” environment at different rates. The 
non-precipitation of quartz allows aqueous solutions to contain relatively high 
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amounts of free, soluble silica which is the governing factor for the formation 
of other silicate phases, especially the phases rich in aluminum. The control 
of the silica content of solutions is extreme important to silicate mineralogy. 
Several species commonly found in sediments and sediments of shallow burial 
cannot coexist with quartz, they require more silica in solution. Other than 
cristobalite (a silica polymorph) one can cite the siliceous Na-K rich alkali 
zeolites (analcime, phillipsite, erionite, stilbite, heulandite, mordenite, 
clinoptilolite) and probably the smectites. 

Smectites are the most silica-rich clay minerals, containing more silica per 
unit cell than micas. Micas are the most silica-rich clay-like minerals to survive 
into the higher temperature realm of metamorphism. Thus, it is likely that the 
stability of smectites is dependent on the non-stability, or activity of quartz 
in the mineral assemblages of sedimentation and the very early stages of 
diagenesis in the second kilometer. However, in most deep wells, one finds a 
fully expanding smectite occurring in the late first and early second kilometer 
of burial. Below this level the smectites, di- and trioctahedral, begin to change 
to the more stable non-expanding minerals, as temperature and time effect 
mineral change. 

It is in the second kilometer that the diagenetic minerals form and com¬ 
mence their transformations. The quartz, analcime, and I/S interstratified 
minerals begin to dominate. Kaolinite and chlorite are present but do not seem 
to change in their proportions notably. 

5.3.4 The Last Kilometers 

The description of mineral reaction is governed by the relations between the 
amount of water and solids (compaction and porosity), by burial temperature, 
and by burial rate. Thus far, in the discussion of the first kilometers of burial 
we have dealt with the silicates and mainly the clay minerals. The majority of 
mineral transformations in the first kilometers occur in the silicate, fine¬ 
grained, and hence clay, mineral fraction of clay-rich sediments. There is little 
interaction between clays and the other minerals in the sediments in the first 
1-2 km of burial in younger sediments. However, as time and temperature 
increase with burial depth, other minerals and materials begin to interact with 
clays in sediments. The influence of carbonates and the reduction of the 
oxidation state of iron oxides become, at times, major factors in diagenetic 
mineralogy. Also, in this zone, interaction between layers of sediment of 
different compositions seem to be very important, i.e. clay layers can give out 
fluids which influence sand-layer clay mineralogy. 

In general, after the first kilometer of burial is achieved, the clay-mineral 
assemblages of mixed phases, due to the detrital mixtures of sediments, have 
been simplified. The various types of mixed-layer minerals, which were pro¬ 
duced by rapid or incomplete reaction in soils, have been transformed to a 
smectite-rich mineral. The minerals smectite (or mixed-layer illite-smectite), 
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illite and kaolinite dominate the terrigineous sediments. The sedimentary 
minerals glauconite, berthierine, sepiolite and palygorskite tend to remain 
unchanged in the first and upper part of the second kilometer of burial. As 
described above, some minerals are more unstable than others and those with 
the greatest instability are the first to react. 

In these reaction sequences, some material reacts at a given constant rate 
determined by the physical conditions of burial. In such reactions, the extent 
of the reaction is governed by the temperature and duration of reaction. In 
some reactions time is more important than temperature, and in some the 
reverse is true. Temperature-sensitive reactions are a good measurement de¬ 
vice, a sort of geothermometer. One such material is organic matter. The 
transformation of complex molecules of carbon, hydrogen and oxygen into 
more simple ones, of higher carbon content is the key to some of nature’s 
greater wonders, and not the least the production of liquid petroleum and gas. 
This process is largely conditioned by the temperature attained by the sedi¬ 
ment holding the organic matter. The reactions become highly activated at 
about 80-160 °C. Our problem here is not one of organic geochemistry, but 
one of the possible influences of these reactions on the surrounding silicate 
mineralogy. 

In this temperature-time range sepiolite and palygorskite disappear early 
on. The sedimentary chlorite berthierine is transformed to a 14 A chlorite, 
usually very rich in iron and aluminum. Glauconites seem to be little affected 
by burial diagenesis. 

The change in the state of organic matter is important to silicate mineral 
stability. The essential process of the evolution of organic matter under ther¬ 
mal stress is the loss of hydrogen ions from the various compounds present in 
various forms such as gases and liquids, and to concentrate carbon atoms in the 
organic residue. This process prduces molecules which are lighter (fewer at¬ 
oms per molecule) and heavier than the original material. The formation of 
gaseous and liquid hydrocarbons and a heavy residue, called kerogen, are the 
results of these thermally activated processes. The release of hydrogen-rich 
materials (gases) has an overall effect of depressing the activity of oxygen 
in the ambient enclosing silicate and oxide materials of the sediment. 
Schematically, 

Fe 2 0 3 + H 2 —^ 2FeO + H 2 0. 

The reactions in sedimentary rocks are of course more complex, but the 
simple principle will serve our purposes. In the above situation, the oxidation 
state of iron is reduced from the very stable trivalent form to a divalent form. 
The mono-oxide of iron is very rare in nature. In fact, almost all divalent iron 
is found in silicates or in the mixed oxide magnetite in which iron is found in 
both oxidation states to form Fe 3 0 4 . This being the case, when iron is reduced 
by the transformation of organic matter, it is readily incorporated into the 
silicates through mineral and phase interaction. 

Schematically, one can consider 
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Fe 3+ —>Fe 2+ 


and then 

2FeO + Al 2 Si 2 0 5 (0H) 4 -> Fe 2 AlSiA10 5 (0H) 4 + Sio 2 
kaolinite 7 A chlorite (berthierine) 

as representing a typical iron reduction-silicate reaction in which iron is 
changed from a free oxide phase and incorporated into a silicate mineral. Such 
relations change the normal path of phase reactions for the silicates. The 
introduction of divalent iron into a clay assemblage can cause, for instance, 
kaolinite to disappear from a clay-mineral assemblage. Also, introduction of 
divalent iron can cause an aluminum-rich mineral such as illite-smectite to 
produce chlorite in the later stages of its reaction sequence. 

Other interactions, such as carbonate-silicate, can occur in the burial 
diagenetic changes. For example, dolomite and kaolinite have been observed 
in some series to form magnesian chlorites. Siderite has been seen to be 
destabilized in the presence of kaolinite to form iron-rich chlorite. In these 
interactions kaolinite is the silicate source of aluminum needed to produce 
chlorite. 

As a result, kaolinite is generally abundant in the early stages of 
diagenesis, but as depth and maturity of rocks increase the kaolinite becomes 
less abundant. In the highest grade diagenetic facies, one finds a typical assem¬ 
blage of illite, chlorite and feldspars. These have formed at the expense of 
smectites, kaolinite and zeolites. 

The most common clay-mineral assemblage in deeper sedimentary rocks 
is illite and chlorite. The variability of clay phases, commonly including 
smectites and other swelling minerals plus kaolinite, becomes restricted to a 
few forms. 


5.4 Conclusions 

The effects of burial diagenesis are those of simplifying the clay-mineral 
assemblage, either through rapid mineral reaction between phases at given 
temperatures (carbonate-kaolinite reactions for example) or through the 
gradual change in mineralogy as a function of time and temperature. This is 
the most important aspect of burial diagenesis. This is the kinetic aspect. The 
transformation of zeolites, silica polymorphs and smectite minerals are all 
kinetically driven. Thus a complex and changing assemblage of each phase 
type (silica polymorph, alkali zeolite assemblage, mixed-layer smectite and 
illite or chlorite) will be present at different depths in a burial sequence or 
in layers of different ages. It is important to consider the aspect of time, 
comparing sediments by their age as well as their depth of burial (indicating 
temperature). 
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During the first kilometers of burial, the most unstable minerals are 
changed forming the initial diagenetic assemblages, alkali zeolites and 
smectites. The deeper sediments show a simplification of the mineral assem¬ 
blage and an increasing reaction rate as temperatures become high enough to 
affect mineral change. The limits of diagenesis are a function of thermal 
history and the age of the sediments. The upper limit of diagenesis is the 
beginning of metamorphism. This limit is of course a function of temperature 
and, to a lesser extent, time. 
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6 Hydrothermal Alteration by Veins 


A. Meunier 


6.1 Introduction 


Sedimentary series, as well as crystalline basements, are cross-cut by fracture 
networks along which fluids of different origins (meteoric, connate, metamor- 
phic, magmatic) have percolated. Chemical interactions with rocks along these 
pathways produce secondary minerals among which phyllosilicates are usually 
the dominant species. The mineral deposit sealing the fracture and the altered 
wall rocks are described as hydrothermal veins. These veins have long been 
studied as guides for prospective ore deposits (Rose and Burt 1979). Pioneer 
studies have demonstrated that the altered wall rock is zoned, and that the 
zones develop simultaneously by outward growth of several alteration fronts 
(Sales and Meyer 1950). Compared to pervasive alteration systems (Chapter 
7), the volume ratio of altered versus unaltered rock is several orders of 
magnitude lower in a vein system. Nevertheless, veins are of great importance 
in environmental problems because they concentrate clays in the zones of fluid 
circulation. 

Clay minerals can be produced by vein hydrothermal alteration according 
to three different pathways: (1) transformation of pre-existing high-tempera¬ 
ture silicates, (2) transformation of pre-existing clay minerals, (3) direct pre¬ 
cipitation from fluids. Each path corresponds to typical geological occurrences 
which will be described here. Whatever the path, the crystallochemical prop¬ 
erties of the resulting clay minerals depend on local temperature and chemical 
conditions. They can be non-expandable (mica and chlorite), expandable 
(smectites) or intermediate (mixed-layered minerals). Two complete transi¬ 
tional series of interstratified minerals exist in the dioctahedral and 
trioctahedral families between the non-expandable and the fully expandable 
end members: illite-smectite (I/S) and chlorite-smectite (C/S) series. 

In this chapter, the principal kinds of veins encountered in hydrothermal 
systems are presented. Then, an injection-vein case study will be detailed in 
order to describe the physico-chemical mechanisms of hydrothermal altera¬ 
tion. Finally, the formation of clay minerals by alteration of pre-existing ones 
and direct precipitation from solutions will be considered. 
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6.2 Structure of the Hydrothermal-Wall Rock System 
6.2.1 Central Deposit and Altered Wall Rocks 

Hydrothermal fluid circulation in fractured rocks induces a series of mineral 
reactions, the results of which can be seen as a central deposit surrounded by 
altered wall rocks. In the literature the term “vein” is usually used to designate 
the central deposit as well as the wall rocks. In order to avoid any confusion, 
we will consider here that vein is the equivalent of the central deposit. The 
central deposit is made of secondary minerals which completely, or partially, 
seal the space between the two wall rocks (this space comprises the open 
volume of the initial fracture and the volume of dissolved fracture edges). The 
secondary mineral deposit can have two origins (Fig. 6.1). 

1. Deposition after transportation by fluids (suspensions) produces coatings 
on the fracture edges. In such a case, the wall-rock alteration, if it exists, has 
no genetic relations with the clay deposit in the fracture. This is frequently 
observed in surface alteration processes (soils and weathered rocks). 

2. Precipitation from the saturated fluids (solutions) causes mineral growth on 
the edges of the fractures. Such features, rare in surface alteration condi¬ 
tions, are systematically described in hydrothermal vein systems. 

From a theoretical point of view, a fluid will flow in a fracture and penetrate 
inside a rock if a pressure gradient (AP) is established between the source 
region and the open spaces (fracture and rock porosity). Consequently, in 
open systems, two pressure gradients are established: (1) AP : = P ff - P fr (be¬ 
tween the fracture and the unaltered rock); (2) AP 2 = P fs - P ff (between the 
source region and the fracture). P fs , P fr and P ff represent the fluid pressure in 
the source region, the porous space in rock and the fracture respectively (P fr 
< a3; Fyfe et al. 1978). Pressure gradients AP : and AP 2 are not fixed in time; 
they vary from a maximum value (AP lmax and AP 2max ) to zero. If their values 
become negative, the direction of the flow is reversed. 

Altered wall rocks are easily observed in outcrop, because their colour is 
different from that of the unaltered rock. Usually, their apparent thickness is 
at least one order of magnitude greater than that of the central deposit. 
Petrographic observations show that dissolution-recrystallization features ex¬ 
tend a long way inside the apparently unaltered rock. The altered wall rocks 
more or less conserve the structure of the rock, in spite of the fact that the 
primary minerals can be strongly dissolved or replaced by secondary ones. The 
altering fluid can have three different sources giving three different types of 
hydrothermal veins: 

1. Injection vein type: the source region is located in high-pressure-high- 
temperature zones; the fluid is injected into the fracture and the rock 
(APimax and AP 2max > 0). 
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Fig. 6.1. Above the two ways for formation of the central deposit: deposition from a clay suspen¬ 
sion flowing inside the fracture, alteration of wall rocks, if it occurs, is not genetically related to the 
formation of the central deposit; growth of secondary phases on the edges of the fractures; 
secondary phase growth while wall rocks are altered by a sequence of interdependent mineral 
reactions. Below a vein is composed of a central deposit surrounded by altered wall rocks. Three 
zones are distinguished here in altered wall rocks according to differences in mineralogical 
composition. Dissolution features of primary minerals decrease in number and size with distance 
to the fracture 

2. Infiltration vein type: the source region is located in higher formations; 
fluids circulate by gravity (AP lmax and AP 2max are controlled by the hydro¬ 
static pressure). 

3. Drainage vein type: the source region is located in the rock itself; the fluid 
is drained from the rock towards the fracture until pressure in rock and 
fracture are equilibrated (AP 2max < 0; AP 2max is controlled by the temperature 
during the cooling of the rock body). 


6*2.2 Fluid Injection Vein Type 

Hot springs and geysers in geothermal fields are typical of an injection regime: 
the hot fluid, coming from deep high P-T formations, rises up to the surface 
and permeates through the surrounding rocks (Fig. 6.2). A strong alteration 
producing zoned wall rocks is observable along the fractures. Different sec¬ 
ondary mineral assemblages are formed as the distance to the fracture in¬ 
creases (Bonorino 1959; Beaufort and Meunier 1983). An example of zonation 
is given in Fig. 6.3. Generally, the initial microstructure is still recognizable 
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INJECTION VEIN TYPE 



Fig. 6.2. Location of an injection vein in an active 
hydrothermal system. Fluids are injected inside the frac¬ 
ture network from deep hot zones and rise up to the 
surface where they escape to the atmosphere through hot 
springs or geysers. The wall rocks are zoned around the 
fracture 




Altered wall-rock Altered wall-rock 


Fig. 6.3. Example of zoned 
alteration in hydrothermal 
veins from the Caribou 
Mine, Colorado (modified 
from Bonorino 1959). 

Q Quartz; Ka kaolinite; 

Mt montmorillonite; 

HM hydromica. This is a 
typical injection vein-type 
structure 




■_/ \ V • ' t ' 

• • 1 r * ^ I / 1 . • r / 


v v • v O; 

' \ « » ' n' _ 

V - " v ’ V -**w-_ 


» 7 ' -- 



even in the more altered zone; mineral reactions are volume conservative. 
They can be written as follows: 

Primary mineral -a secondary mineral(s) + dissolution voids. 

The fluid which impregnates the altered wall rock cannot move in the same 
way that it does in the open space of fractures (the tortuosity of the pathways 
is much more important than that of the fracture). Here, most of the chemical 
transfers from rock to fracture are controlled by a diffusion rather than con¬ 
vection processes. The diffusion processes are activated by a thermal 
gradient. 
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6.2.3 Fluid Infiltration Vein Type 

Fluids percolate downwards under gravity through different geological forma¬ 
tions and precipitate clay minerals along their pathways. For instance, a se¬ 
quence of C/S mixed layered minerals was observed in the crystalline 
basement of the Paris basin at Sancerre (GPF Scientific Drill-Hole). The 
formation of these minerals was obviously controlled by the composition of 
the surrounding rock which is dissolved in a thin layer on the fracture walls: 
saponite, corrensite and chlorite were observed in fractures crosscutting 
pyroxene-rich amphibolites, amphibolites and gneisses respectively (Fig. 6.4). 
All these rocks have reacted with diagenetic fluids originating from the sedi¬ 
mentary cover. These fluids were not renewed; their residence time was very 
long (Boulegue et al. 1990). Consequently, corrensite, saponite and C/S 
mixed-layer minerals are very well crystallized: the are of large size and display 
good crystal faces (Beaufort and Meunier 1994). 


6.2.4 Fluid Drainage Vein Type 

These veins originate in tension fractures which create local low pressure 
domains. The fluids trapped in the rocks or liberated by a crystallizing magma 

INFILTRATION VEIN TYPE 
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Kg. 6.4. Infiltration vein in the metamorphic 
basement (amphibolite) of the Paris sedi¬ 
mentary basin. The fractures are still open 
occasionally. Large corrensite crystals are 
observed on the fracture edges with albite 
{below). The stacking of chlorite and 
saponite layers is exceptionally regular in 
these conrrensite crystals 
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Fig. 6.5. Simplified representation of a drainage 
vein sealed by muscovite in an albite-lepidolite 
granite (Merceron 1988). The intensity of the 
alteration of primary phases by muscovite is 
shown by the decrease in altered lepidolite, 
orthoclase and albite with distance from the 
vein. The intensity of alteration is measured by 
the surface area of each primary mineral re¬ 
placed by muscovite 



(fluid pressure approaching rock pressure) are drained toward these domains. 
The secondary phases which precipitate inside the fractures are identical to 
those already present in the surrounding rocks. Monophased or polyphase 
assemblages are observed according to the chemical composition of the rocks 
which is the dominant parameter in such alteration processes. 

The Echassieres albite-lepidolite granitic body shows a sequence of 
hydrothermal vein deposits: muscovite, pyrophyllite, donbassite, tosudite and 
kaolinite were shown to result in reactions of the granite with a fluid of 
decreasing temperature which is expelled from the crystallizing magma. 
Isotopic data and mineralogical analysis showed that there is no contamina¬ 
tion from the intruded micaschists (Merceron et al. 1992). Regarding musco¬ 
vite veins as an example, no crystallochemical differences were observed 
between crystals inside the fracture and the altered surrounding rock 
(Merceron 1988). The quantities of muscovite were shown to decrease from 
the vein to the unaltered rock (Fig. 6.5). Drainage veins are common in the 
pervasive alteration areas such as propylitic zone around magmatic intrusions 
(Beaufort et al. 1992). In this case, the secondary assemblages which seal the 
veins are identical to that of the surrounding altered rock: chlorite + epidote + 
quartz for example (Fig. 6.6). These assemblages are polyphase because the 
chemical composition of the volcanic and plutonic rocks is the controlling 
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DRAINAGE VEIN TYPE 

basalt flow propylitic alteration 



Fig. 6.6. Two examples of drainage veins are shown in a basalt flow and a propylitic zone around 
an intrusive granodiorite body. In both cases, fluids come from the surrounding rocks and are 
concentrated in open fractures (low pressure zones). Rythmic and simple zonations are observed 
in the basalt joints and propylitic veins respectively. In spite of this difference, both cases (right 
basalt flow vein and left propylitic rock alteration) show that the secondary parageneses is 
identical in veins and rocks 


parameter (Beaufort et al. 1992). Such drainage veins are also active during 
the degassing stage of lava solidification. Indeed, fluids which were dissolved in 
the magma are expelled to the atmosphere when the lava flow cools. These 
fluids interact with the hot rock producing phyllosilicates, namely celadonite, 
saponite and nontronite, in association with cristobalite and zeolites 
(Goncalves et al. 1990). 


6.3 Alteration Mechanisms 
6.3.1 Zone Formation 

The mechanisms necessary to produce zoning of hydrothermal alteration have 
been discussed for some time by petrographers. Indeed, Sales and Meyer 
(1950) concluded that the development of alteration zones was due to a 
metasomatic-like process. Nevertheless, Bonorino (1959) using such a model, 
has encountered some difficulties in explaining the formation of all the mineral 
zones as they are depicted in Fig. 6.3. All the secondary minerals were consid- 
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ered to crystallise at the same time in the wall rock in spite of the fact that they 
cannot crystallize under the same temperature conditions. Further, when each 
zone migrates away from the fissure, it was considered to grow at its outer edge 
and simultaneously recede at its inner edge because of the encroachment by 
the innermost zone. More recently, these questions have been considered in 
order to establish a general model of vein alteration. As wall rock zonation is 
easier to observe in high-temperature systems than in low-temperature ones, 
white mica veins were studied in detail at La Peyratte (Deux-Sevres, France). 
It is assumed that the model obtained can be applied to low-temperature 
conditions in which clay minerals crystallize. 

The vein system appears as white bands of different widths which cross¬ 
cut a black, fine-grained biotite granite (Turpault et al. 1992a,b; Berger et al. 
1992). The secondary phyllosilicates which crystallize in the altered wall rocks 
are chlorite and phengite. The alteration process was shown to depend on a 
sequence of interdependent mineral reactions. The first one, which is that 
observed further inside the rock, away from the vein fracture, is the dissolution 
of oligoclase. It is observed as etch pits whose size and density per surface unit 
decreases with distance from the vein. These relations will be described 
further. 

The dissolved oligoclase components move towards the vein, the driving 
force being the stabilization of chemical gradients. These components are 
consumed by different mineral reactions inside the wall rock; chloritization of 
biotite and albitization of the remaining oligoclase. In their turn, these two 
new reactions liberate other chemical components which migrate towards the 
vein. A great part erf them is consumed by the crystallization of white micas 
(mainly phengite) inside the vein or in the adjacent wall-rock zone (50-300 
pm wide veins) or adularia and muscovite (20-50pm wide veins). 

Surprisingly, the chemical mass balance calculations shown that gains and 
losses of elements are not as important as they had been assumed to be in the 
past. Indeed, the mineral phases which precipitate inside the fracture-altered 
wall rock system consume almost entirely the chemical components liberated 
by the dissolution of biotite and oligoclase. These reactions can be written in 
a simplified manner as follows: 

1. oligoclase —> Na + + Si 4 * + Ca 2+ + Al 3+ 

2. oligoclase + Na + + Si 4+ —> albite + Al 3+ + Ca 2+ 

3. biotite + Al 3+ —» chlorite + K + 

4a. Si 4+ + Al 3+ + K + + (Fe,Mg) 2+ —> phengite (50-300 pm wide veins) 

4b. Si 4+ + Al 3+ + K + —» muscovite + adularia (20-50 pm wide veins). 

The interdependent relations between the different mineral reactions operat¬ 
ing in a 300 pm wide vein are shown in Fig. 6.7. Only water and small amounts 
of sulphur have been added to the hydrothermal alteration fluid which absorbs 
only the most soluble components; Si and Ca are partly leached out. If an 
oversimplification is allowed, the major effect of alteration seems to be re¬ 
duced to the “transfer” of the open volume of the fracture to produce the 
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VEIN WALL-ROCK 



Fig. 6.7. Skecth showing the 
chemical transfer controlled 
by the interdependent 
mineral reaction sequence 
during the wall-rock 
alteration stage of an 
injection vein. Biotite and 
oligoclase are dissolved and 
replaced by white micas, 
chlorite and albite near the 
vein. White mica and fluorite 
precipitate inside the vein. 
(See Turpault et al. 1992) 


dissolution voids inside the wall rocks. Illite-smectite mixed layered minerals 
have grown on the walls of these voids. The smectite percentage decreases 
from 70 to 40% with increasing distance from the vein. This is the last reaction 
which occurs during the final cooling stage. 

The fluids trapped inside the dissolution voids have reached saturation 
with clay minerals which are the stable silicate phases in low-temperature 
conditions. Two processes can explain the regular increase in the amount of 
smectite in I/S mixed-layer minerals toward the vein: 

1. If I/S are considered to have crystallized at the same time in all the altered 
wall rock, then we must admit the presence of an inverse temperature 
gradient established by cold fluid circulation in the porous altered wall rock 
after the sealing of the vein (Parneix 1992); 

2. The I/S sequence could have been established if the I/S crystallization stage 
was more recent closer to the vein. In that case, the latest stage must be the 
cooler one. Whatever the interpretation chosen, the circulation of fluids in 
the altered wall rock was certainly very weak because of the low 
interconnectivity of the secondary porous spaces. 


6.3.2 Zone Development 

In granite, oligoclase and biotite are altered in equilibrium with quartz and 
microcline early in the sequence. The fluid can be considered to be a buffered 
solution. This means that the development of zoned wall rocks does not 
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Fig. 6.8. Relations between the thickness of the chlorite zone and the width of the fracture. The 
limiting factor for narrow veins is the amount of water: alteration reactions stop when water is 
totally consumed. For wider veins, the limiting factor is the growth of white micas which are the 
end product of the sequence of mineral reaction. Growth stops because of lack of free space 


depend on specific fluid compositions but is due to a self-evolution in a rock 
dominated system. The driving force of this self-evolution process is related to 
the stabilization of a pH gradient from acidic in the vein to more alkaline 
conditions in the wall rock. The dissolution-precipitation processes lead to a 
slight and roughly constant increase in the solid-phase volume. For a high 
water/rock ratio (W/R) in the widest (300 pm) veins, the volume variation of 
solids is negligible when compared to the solution volume and does not affect 
the rock porosity. In contrast, for low W/R (100-20pm wide veins), porosity 
and mass of solution decrease. Consequently, the quantity of available fluid is 
a limiting factor for the alteration in narrow veins. In larger veins, (100 to 300 
pm), the limiting factor is related to the crystallization of the end-member 
product of the reaction sequence, phengite. If the phengite growth stops 
(because of a lack of free space for instance) all the sequence stops. Taking 
the width of the chloritization zones as an indicator of alteration intensity, it 
was shown that it is dependent on the aperture of the fracture as indicated in 
Fig. 6.8. 

6.3.3 Kinetics of Zonation 

Summarizing the data obtained on the La Peyratte vein system, four succes¬ 
sive stages can be distinguished in the alteration process from the opening to 
the sealing of the initial fracture (Figs. 6.9, 6.10). At time t 0 , the fracture is 
opened. At time t 1? the oligoclase and quartz crystals dissolve at the fracture 
edges; fluids invade the wall rocks. At time t 2 , the interdependent mineral 
reaction sequence begins to operate; the chloritization and albitization zones 
migrate from the fracture edge inside the rock. The development of zones in 
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Fig. 6.9. Cartoon showing the four steps in the “life” of an injection vein from the opening of the 
fracture (birth) to the post-sealing state (death), a Opening of a fracture and injection of the 
hydrothermal fluid (arrows). If fluid pressure inside the fracture is greater than pore pressure in 
the rock, the fluid penetrates inside the wall rocks (small arrows), b The mineral species unstable 
with respect to the fluid are dissolved along the fracture edges (stippled areas)’, the fluid penetrates 
deeper into the wall rocks, c The sequence of interdependent mineral reactions is activated by 
chemical diffusion processes leading to the formation of a mineral zonation inside the altered wall 
rocks: zones A and B are characterized by the replacements of unstable primary phases by 
secondary ones (dissolution-precipitation). The dissolution of the most unstable phase extends 
largely out of zones A and B. The end point of the reaction sequence is the precipitation of a 
monophase mineral assemblage inside the fracture, d The fracture is completely sealed, the 
remaining fluid is trapped inside the dissolution voids of the most unstable phase. When cooling, 
the fluid becomes oversaturated with respect to low-temperature, hydrated secondary phases 
(clay minerals) 


altered wall rocks does not necessitate the receding of their inner edge as was 
stated by Sales and Meyer 1950. They grow simultaneously but at different 
speeds. At time t 3 , the limiting factor (available amount of water or phengite 
growth for narrow and large veins respectively) stops the reaction sequence. 
Generally speaking, the progress of a mineral reaction with time is recorded in 
some particular petrographic features, e.g. the size and shape of crystals. For 
instance, in thermal metamorphic environments, the size of wollastonite 
crystals was shown to be a good marker of the temperature versus time 
conditions (Joesten and Fischer 1988; Joesten 1991). Unfortunately, re- 
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Fig. 6.10. Schematic representation of the kinetics of the altered 
zone growth in wall-rocks from the opening of a fracture (To) to 
its sealing (T3). The size of the arrows is roughly proportional to 
the quantities of hydrothermal fluid which have been injected 
into the fracture 





presentative measures of crystal size are difficult to obtain in a vein system 
because of the very short distances between the fissure and the crystals to be 
analyzed. Another feature must be chosen, for example dissolution voids in a 
given primary mineral. Indeed, dissolution as well as growth is a kinetically 
controlled phenomenon and it is quite easy to measure the size and number of 
voids with a scanning electronic microscope (SEM). The kinetics of “nuclea¬ 
tin’’ and growth of dissolution voids were summarized by Berner (1981) in 
weathering phenomena. The number and the size of voids depend on the 
process which controls the dissolution; transport control, surface reaction 
control or mixed transport and surface reaction control. The general law is 
expressed as follows: 

d(rc)/dt = uD s (C v - C eq )/rc, 
where: 

rc = average radius of voids; 
u = molar volume of the crystalline substance; 

D s = coefficient of molecular diffusion in aqueous solution; 

C v = concentration in solution away from the crystal surface; 

C eq = equilibrium concentration adjacent to the crystal surface; 
t = time. 










Hydrothermal Alteration by Veins 


259 


The variation in the number and shape parameters (width and length) was 
studied by the means of statistical analyses of dissolution voids in the altered 
wall rocks. As alteration progresses from a fluid-solid interface (edge of the 
fracture) into the surrounding rock, time is a direct function of distance to 
vein. The number of dissolution voids in oligoclase crystals in the La Peyratte 
vein system decreases exponentially with distance from the vein (Fig. 6.11a) 
but length and width of dissolution voids do not vary with distance according 
to the same simple exponential function (Fig. 6.11b). Such a difference is due 
to the fact that the formation of voids is much more rapid than their growth. 
Indeed, it is known that the chemical attack of crystal surfaces is so rapid in 
the case of transport-controlled dissolution, that etching occurs everywhere. 
On the contrary, void growth (dissolution) is a time-dependent process. 
The complicated shape of the curves in Fig. 6.11b is due to the fact that void 




Fig. 6.11. Kinetics of zonation 
are recorded in the number and 
the size of dissolution voids inside 
oligolase crystals, a The number 
of voids decreases with distance 
to the fracture following an ex¬ 
ponential relation; b the size 
(length, width or area) of voids 
varies with distance from the 
fracture as given by the curve t3. 
The increasing size portion is due 
to the competition of two proc¬ 
esses, dissolution and albitization 
of oligoclase, then size decreases 
according to an exponential 
relation 
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growth is “poisoned” by the replacement of the unstable state of plagioclase 
(oligoclase) by the stable one (albite) in the vicinity of the fracture. In 
other words, voids can grow at a given place until oligoclase is replaced by 
albite. Then, dissolution stops and the voids are “frozen” at the state they have 
reached. Their size depends on the progress of the albitization front: the 
dissolution voids are “frozen” very early near the vein and later further into 
the rock. 


6.3.4 Quantities of Fluids and Flow Regime in Fractures 


The quantities of fluid involved in chemical reactions can be evaluated by the 
calculation of the mass balance. Indeed, some components are leached out of 
the system, e.g. Si and Ca. Silica has a temperature-dependent solubility 
(Fournier and Potter 1982; Michard 1985). For a given temperature, the loss of 
silica can be used to calculate the quantities (Qw) of solutions which have 
flowed in the system according to the following relations: 

Qw = NSi0 2 /N T x r wT , 
where: 

NSi0 2 = number of moles of dissolved silica lost by the system; 

N t = number of moles of dissolved silica in water at temperature T; 
rw T = density of water at temperature T. 

Such calculations have been done for a 40 dm 3 reference volume of altered wall 
rock around a phyllic vein in the La Peyratte granite (Turpault et al. 1992). 
The fracture volume is 0.375 dm 3 ; fluid temperature was estimated to be 
300 °C by fluid inclusion analyses. The calculated solubility of silica is 
9.6110 -3 mol kg -1 of water (269 ppm of Si). The mass balance of alteration 
reactions indicates that 12 mol Si0 2 were leached out from the reference 
volume, thus Qw = 1785 1. This quantity represents 4762 times the volume of 
solution inside the vein the reference volume of rock. The problem now is how 
fluids are renewed inside the fracture. The answer can be found by studying 
the temperature reached in each point of the wall rock. 

The study of secondary fluid inclusions trapped in quartz crystals inside 
the altered wall rock of a 300 pm wide vein showed that a 75 °C thermal 
gradient was established between the fracture and the unaltered rock (Fig. 
6.12a). Such a temperature gradient is established in just a few seconds in the 
case where the flowing regime of hot fluids in the open fracture is strictly 
continuous (Grimaud et al. 1990). In such a case, the thermal gradient is not 
stabilized for long enough periods of time for mineral reactions to proceed. A 
thermal gradient is stabilized for periods exceeding few seconds only in the 
case of a pulsed regime. 



Hydrothermal Alteration by Veins 


261 



Fig. 6.12. The study of secondary fluid 
inclusions trapped inside quartz crystals 
of the altered wall rock shows that a 
thermal gradient was established for 
periods of time long enough for mineral 
reactions to proceed. Such local thermal 
gradients are established by a pulsed 
flow regime inside the fracture. TM 
Maximum temperature; Tm minimum 
temperature; r period of oscillation; x x 
time during which the temperature is at 
a maximum 
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Assuming that the pulsed regime is periodic, as it is more or less in geyser 
systems, Grimaud et al. (1990) established the equations describing the steady 
state of the thermal gradient. 

The thermal gradient measured in the 300 pm wide vein is fitted with the 
following values: x (oscillation period) = 1286 as (about 20 min) and = 0.015. 
These values are comparable to that of geyser eruptions (Elder 1981). The 
minimum values for temperature are estimated to lie between 255 and 260 °C 
which is consistent with the precipitation of phengite or adularia (Fig. 6.12b). 
In fact, the oscillatory temperature conditions are known to favor the 
nucleation process (Baronnet 1980). The chemical compositions of fluids 
change during a pulse. Indeed, during the injection time, the chemical proper¬ 
ties of hot fluids are controlled by the source region, but during the residence 
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time fluid composition is controlled by mineral reactions in the altered 
zone. 


6.3.5 Successive Fluid Circulation 

The circulation of hydrothermal fluids into rocks depends on the geometric 
properties of the connected fracture network in a 3D space. When sealed, 
fractures can be reopened by mechanical stress due to tectonic events. This has 
been described as a crack-seal process (Ramsay 1980); the successive fluid 
flowing periods are generated by a “pumping effect” (Sibson et al. 1975). 
Reopening of old fractures and the opening of new ones modifies the geometri¬ 
cal properties of the network. The time relations between some of the succes¬ 
sive flow episodes are recorded in crosscutting veins and zoned vein deposits. 

The Sibert porphyry copper deposit (Burgundy, France) is a good exam¬ 
ple of a hydrothermal environment where the crosscutting relations between 




Fig. 6.13. Three steps of the 
cooling process in a 
cupromolybdenic porphyry at 
Sibert (France) are observed 
in crosscutting relations of 
hydrothermal veins: illite, 
regular I/S + calcite and 
kaolinite + random I/S + 
siderite. The temperature 
conditions for the precipita¬ 
tion of illite, ordered I/S and 
random I/S, are about 200,160 
and 100-80 °C respectively. 
Above The illite vein is 
crosscut by a vein containing 
ordered R = 1 I/S. Below An 
illite vein is crosscut by a vein 
with kaolinite + random R = 0 
+ Ca-Mg carbonates 
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Fig. 6.14. Schematic representation of the superposi¬ 
tion of two different hydrothermal alterations due to 
the reopening of a calcite vein in the “Les Cretes” 
granites (Vosges, France), a Formation of a drainage 
calcite + chlorite + pyrite vein during the propylitic 
alteration event; b reopening of the vein and deposi¬ 
tion of a corrensite + dolomite + hematite mineral 
assemblage (injection vein type) 



argillic veins have recorded the different steps of the cooling process. Three 
types of vein were observed (Fig. 6.13): (type 1) illite + calcite; (type 2) regular 
I/S mixed-layer mineral (Rectorite) + calcite, (type 3) kaolinite + random I/S 
mixed-layer + Fe-Mg carbonates. Type 1 is crosscut by types 2 and 3, while 
type 2 is crosscut only by type 3. Some of the observed crosscut relations are 
shown in Fig. 6.13. The sequence illite-regular (ordered) I/S-random I/S is 
known to record decreasing temperature conditions (Velde 1985). Multiphase 
depositions are frequently observed in hydrothermal veins, because even if 
they are completely sealed they remain mechanically less resistant than the 
unfractured rock. Numerous examples have been described in the literature 
devoted to economic ore studies. Figure 6.14 shows the relations between two 
alteration episodes which were superimposed on a granitic rock from the 
Vosges massif France (Meunier et al. 1988): (1) chlorite + calcite + pyrite; (2) 
corrensite + dolomite + hematite. 


6.4 Alteration of Pre-existing Clay Minerals 

6.4.1 Layer-Charge Control of Clay Hydrothermal Reactions 

The reactivity of clay minerals under hydrothermal conditions has been exten¬ 
sively studied in experiments (Eberl 1978; Eberl et al. 1978; Lahann and 
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Fig. 6.15. Schematic representation of the reaction of a clay-rich material in the vicinity of an 
hydrothermal vein (Martinique). The high-charge smectite component is transformed into a low- 
charge smectite + illite assemblage. The intensity of the transformation increases toward the 
fracture 

Robertson 1980; Howard and Roy 1985; Whitney and Northrop 1988 among 
others). However, hydrothermal alteration of clayey rocks in natural condi¬ 
tions is poorly documented because of the rarity of suitable outcrops. Some 
examples have been described in volcanic environments as natural analogs of 
engineered barriers for radioactive waste storage (Bouchet et al. 1988a,b). 
Compared to diagenetic mineral reactions, which are governed by the progres¬ 
sive increase of the time-temperature factor, the hydrothermal reactions are 
much shorter in duration and are controlled by the crystallochemical hetero¬ 
geneity of the starting material. 

Two reactions have been observed in hydrothermal veins which crosscut 
argillized ash deposits at “Les Trois Ilets, Martinique” (Bouchet et al. 1988a) 
which lead to an increase in the smectite content of the clay fraction. The first 
reaction is the transformation of the high-charge smectite layers into low- 
charge ones: 

illite-high-charge smectite mixed-layer + quartz + kaolinite illite— 
low-charge smectite mixed layer. 

The second reaction produces a totally expandable smectite of low-charge 
montmorillonite composition (Fig. 6.15): 

illite - low-charge smectite mixed layer + quartz low-charge 
montmorillonite + K + 

As chemical systems in hydrothermal zones are open, dissolved components 
(noticeably K + ions) are leached out of the altered rock. This explains why 
illite cannot be formed. Similar reactions were observed in hydrothermal 
reactions occuring in porous sandstones of the Colorado River hydrothermal 
system (Jennings and Thompson 1987). In both cases, the temperature condi¬ 
tions did not exceed 100 °C. The layer charge is an important parameter in 
mineral reactions involving smectite-rich materials. The high to low-charge 



Hydrothermal Alteration by Veins 


265 


transformation observed in natural environments has been reproduced in 
experimental conditions. The alteration of bentonites in closed systems 
(Whitney and Northrop 1988) has shown that the first reaction to occur is the 
transformation of the low-charge montmorillonite into a high-charge one. 

For instance, it was shown that the layers of low charge do not react in the 
same way as high-charge ones under hydrothermal conditions; 

I/S mixed-layer high-charge smectite + Si 4+ + K + —> 

I/S mixed-layer low-charge smectite + illite, 

Si 4+ and K + are supplied by the hot fluid. The reaction operates as long as the 
hydrothermal fluids can flow in the fracture and can be stopped before com¬ 
plete illitization (Fig. 6.15). In diagenetic series, the long time duration of 
mineral reactions allows more advanced transformation of smectite into I/S 
and then into illite. 


6.4.2 Polyphase Clay Mineral Assemblages 

In some cases, hydrothermal alteration leads to the formation of multiphase 1/ 
S assemblages with different expandabilities and structures. As the starting 
material tends to be homogeneous, the presence of different I/S species is 
mainly controlled by temperature. Contrary to diagenesis, it is possible to 
observe intermediate stages of the smectite-to-illite conversion in 
hydrothermal alteration. Each stage is characterized by the coexistence in the 
same sample of several I/S species. This is due to the fact that the smectite-to- 
illite reaction is complex. The transitional phases (more smectite-rich) are 
going to be replaced by more illitic ones with sufficient time. Each mechanism 
of the bulk reaction is characterized by its own I/S species (i.e. illite content 
and ordering) and kinetics. 


6.5 Conclusion 


There are two main reasons for interest in hydrothermal vein studies in envi¬ 
ronmental sciences: (1) veins concentrate clay minerals in the preferential 
pathways of solutions; (2) veins can be considered as natural analogues of 
alteration processes induced by deep nuclear waste storage. They are fascinat¬ 
ing geological objects since they impose all the intermediate conditions be¬ 
tween fluid dominated systems to rock dominated ones. Besides, the kinetics 
of the dissolution-crystallization processes can be studied by considering the 
distance to vein as a time-dependent parameter. 

Phyllosilicates (particularly clay minerals) are formed in two different 
ways: direct precipitation from solutions in the vein and dissolution-crystalli- 
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zation processes on primary silicates inside the wall rocks. Their crystallo- 
chemical properties are heavily dependent on the time-temperature param¬ 
eter. Short hydrothermal pulses favor the formation of low-charge expandable 
clays. Non-expandable species crystallize in systems in which fluids circulate 
during longer periods. Unfortunately, little has been known, until recently, 
regarding the kinetics of clay formation in active systems. 
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7 Formation of Clay Minerals 
in Hydrothermal Environments 

A. Inoue 


7.1 Initial Statement 


Formation of clay minerals under hydrothermal influence is the result of rock 
alteration by circulating hot water in the Earth’s crust. A pre-existing rock¬ 
forming mineral assemblage is altered to a new set of minerals which are more 
stable under the hydrothermal conditions of temperature, pressure, and fluid 
composition. The interaction of hot water and rocks forms a spatially and 
temporally regular zonal pattern of new clay minerals, as the fluid with cooling 
temperature moves through the surrounding rock mass. This chapter discusses 
the formation of clay minerals in such dynamic processes of hydrothermal 
alteration. The approach is one of clay-mineral facies formed under conditions 
of massive alteration in the rocks. The chemical and mineralogical changes 
which occur on the scale of a rock or rock mass are considered to have been 
dealt with in the preceding chapter. The exact process of change via local, vein- 
influenced exchange processes is ignored for simplicity (see Chap. 6). 

Hydrothermal alteration is often accompanied by hydrothermal ore de¬ 
posits and active geothermal systems which are of economic importance. A 
huge amount of field and laboratory data on alteration mineralogy and 
geochemistry have been accumulated through exploration of hydrothermal 
ore deposits and active geothermal fields due to the economic interest of this 
geologic process. Additionally, the amount of theoretical information pertain¬ 
ing to the hydrothermal alteration has been rapidly increasing in the last 
decade. These data have been reviewed from various aspects of interest, e.g. in 
connection with the geneses of porphyry copper deposits (Meyer and Hemley 
1969; Rose and Burt 1979; Beane 1982), epithermal ore deposits (Hayba et al. 
1985; Henley 1985; Heald et al. 1987; Shikazono 1988), geothermal systems 
associated with recent volcanism (Ellis and Mahon 1977; Browne 1978; Utada 
1980; Henley and Ellis 1983), Kuroko deposits (Utada 1988), and hydro- 
thermal systems at sea floor spreading centers (Rona et al. 1983, for a sum¬ 
mary). In the present review, particular attention has been paid to the 
formation of clay minerals under these different hydrothermal environments. 

Initially, the general backgrounds of hydrothermal alteration will be 
briefly reviewed (Sect. 7.1). Section 7.2 is concerned with the terminology and 
definition of hydrothermal alteration. Sections 7.3 and 7.4 introduce the geo- 
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logic settings and the physicochemical nature of hydrothermal systems. The 
basic concepts pertaining to the formation of alteration minerals and their 
zoning on a scale of tens of hundreds of meters, are discussed in Section 7.5. In 
Section 7.6, the great variety of hydrothermal alterations which appear in 
nature are classified in terms of two variables, temperature and solution com¬ 
position, following the classification scheme of Utada (1980). Section 7.7 deals 
with the morphology of alteration zones. Based on these general backgrounds, 
the formation processes of clay minerals in some individual cases of 
hydrothermal systems are explained in Section 7.8. Section 7.9 gives a brief 
summary of hydrothermal alteration as a function of rock type. Detailed 
mineralogical aspects of selected clay minerals typical of hydrothermal alter¬ 
ation will be discussed in Section 7.10. The interstratified illite/smectite, 
chlorite/smectite, sericite, chlorite, and smectite minerals are considered. 


7.2 Definition of Hydrothermal Alteration 


Hydrothermal solution refers to all types of hot water that exist in the Earth’s 
crust. The temperature is appreciably warmer (e.g., 5°C or more) than the 
surrounding environment (White 1957). Hydrothermal alteration is defined as 
the interaction of rocks with such hot waters. Despite such a simple definition 
there appears to be confusion in the literature in using the terms of 
hydrothermal alteration and the related hydrothermal solution. The definition 
of Utada (1980) is used throughout this review. He defined hydrothermal 
reactions as follows: hydrothermal alteration is a rock alteration where 
solution higher in temperature than that expected from the regional 
geothermal gradient in a given area interacts locally with the surrounding 
rocks. Accordingly, the water that was stored in rocks for geologically long 
periods and heated in situ, as a fluid within a formation is considered not to 
be a hydrothermal solution. Rock alteration by such hot water in equi¬ 
librium with the surrounding rock is usually categorized as diagenesis or 
metamorphism. 

The different rock alterations involving the formation of clays are gener¬ 
ally known as weathering, diagenesis, and hydrothermal alteration. This clas¬ 
sification is based on the predominant factors operating on each rock 
alteration. The important factor operating in weathering is the composition of 
the solution. The rock alteration occurs under a constant temperature-pres¬ 
sure condition at the surface of the earth. In the course of burial diagenesis, 
sediments with interstitial solutions may be regarded as a nearly closed system 
in terms of solution movement. The rock alteration is controlled essentially by 
increase in temperature and pressure of both the solids and the solutions 
associated with them. Hydrothermal alteration is alteration controlled by 
variations of all three factors of solution composition, temperature, and pres- 
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sure. As the number of variables increases a greater variety of clay minerals 
can be expected to form under hydrothermal environments. 


7.3 Geologic Settings of Hydrothermal Systems 


Hydrothermal systems occur in a wide variety of geologic settings and rock 
types. The presence of a heat source and rock fracture is essential for a 
hydrothermal system to be stably established in a given area. A subjacent heat 
source gives a part of the thermal energy to descending cool water. The heated 
water has a lower density and is able to rise along the fractures. The circulating 
water involves meteoric water and seawater. In some case, fluids emanated 
from a magmatic heat source can contribute to a considerable extent to the 
circulating hot water. 

Ellis and Mahon (1977) classified active geothermal systems into two 
types, cyclic and storage systems. The hot fluid in the storage systems is 
derived from water which was heated in situ at depths as formation water, and 
thus it is excluded from the present criteria of hydrothermal solution as de¬ 
fined above. If a static storage system is disturbed by a certain tectonic activity, 
the hot water stored in the deep formation can ascend along the generated 
faults and fractures toward the surface. In this case, as hot water ascends it 
becomes a hydrothermal solution, according to the present definition, because 
its temperature is discordant with the regional geothermal gradient. For sim¬ 
plicity, however, we do not deal with the hydrothermal alteration of storage 
systems here. 

In the cyclic systems, the hot water is mainly meteoric water which has 
passed through a cycle of deep descent, heating, and subsequent rising. Minor 
additions of other water, such as magmatic fluids, can also exist. Convective 
forces are important in these systems. The cyclic systems (convective) were 
subdivided by Ellis and Mahon (1977) as follows: (1) high-temperature sys¬ 
tems associated with recent volcanism, (2) high-temperature systems in non- 
volcanic zones of Cenozoic tectonic activity, and (3) warm water systems in 
near-normal heat flow zones. High-temperature systems associated with re¬ 
cent volcanism occur in a variety of situations. For example the Circum Pacific 
Orogenic Belt presents zones of predominantly calc-alkaline rhyolitic or 
andesitic volcanism. In contrast the hydrothermal activity in Iceland, which is 
a hot spot located along the Atlantic Mid-Ocean Ridge, occurs in extensively 
fractured and predominantly basaltic rocks. Examples of the high-tempera¬ 
ture systems in non-volcanic zones of Cenozoic tectonic activity are the 
Larderello region, Italy, the Kizildere field, Turkey, and the Pannonian basin 
field, Hungary. The Larderello region, for instance, is in a region of Paleozoic 
metamorphic rocks, Mesozoic limestones, and shales. Examples of the warm 
water systems in near-normal heat flow zones occur at Carlsbad in Czech 
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Republic and other sites. The Carlsbad spring is situated in Bohemia in the 
western end of the Krusne Hory graben. In this area, the recurrent faulting and 
fracturing allow water to circulate to great depths. The temperature and total 
dissolved salt concentrations are usually low in the warm water part of the 
systems. 

The above examples are geothermal systems which are active today. On 
the other hand, recent geochemical studies of fossil (or extinct) geothermal 
systems, which are also hydrothermal ore deposit systems, indicate that the 
majority of hydrothermal ore deposits hosted by volcanic rocks or their 
subjacent plutonic suites were formed within geothermal systems of similar 
size, chemistry and behavior, as well as similar geologic settings, to those we 
see active today (Henley and Ellis 1983). For instance, porphyry copper depos¬ 
its are abundant in the late Cretaceous-Tertiary volcanic belts of the Circum- 
Pacific and Alpine zones. Kuroko-type ore deposits are situated typically in a 
region of back-arc basin where rhyolitic volcanism occurred on the seafloor 
during the middle Miocene. The genesis of Kuroko-type ore deposits may be 
related to that of sea floor massive deposits which occur at sea floor spreading 
axes at present associated with basalt volcanism. Thus fossil hydrothermal 
systems can most often be identified with modern analogues. 


7.4 Physico-chemical Nature of Hydrothermal Systems 


7.4.1 Temperature and Pressure 

From the above definition of hydrothermal alteration, the temperature of 
hydrothermal solutions can range from several tens of degrees close to the 
surface to several hundred degrees, for example those of magmatic fluids. 
Recent geochemical studies of hydrothermal fluids indicate the important 
contribution of magmatic fluids to hydrothermal solutions circulating within 
geothermal systems (Fournier 1987; Hedenquist 1987; Shinohara 1991). 

Water has a critical point at approximately 374 °C and 22 MPa (Fig. 7.1), 
values above which, in these hydrothermal fluids, there is no distinction be¬ 
tween vapor and liquid. The amount of interaction of rocks with such a 
supercritical fluid may be insignificant in hydrothermal systems because the 
escape of gaseous phases is rapid. Natural hot water is not pure water, but is an 
aqueous solution containing various dissolved materials such as salts, gases, 
etc. The critical point values of these aqueous solutions are generally greater 
than those of pure water (Fig. 7.1). For instance, seawater (3.2% NaCl) shows 
the critical point at approximately 405 °C and 30 MPa (Bischoff and 
Rosenbauer 1985). It has been known that salinities of hydrothermal solutions 
in common geothermal systems including Kuroko deposits and epithermal 
deposits, estimated from the melting temperature of fluid inclusions, range 
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Fig. 7.1. Pressure-temperature 
diagram showing approximate 
positions of boiling-point 
curves and critical points dots 
for pure water, seawater (3.2 
wt%), 10, and 25wt% NaCl 
solutions, and C0 2 -bearing 
water. (Modified from 
Fournier 1987) 


from zero to several percent (wt%) in equivalent NaCl concentration 
(Roedder 1984). The presence of more saline brine is recognized, exception¬ 
ally, in some specific types of hydrothermal systems such as porphyry copper 
deposits and geothermal systems associating with subjacent evaporite beds. 
Accordingly, it is likely that the critical temperature of hydrothermal solution 
with a common salt concentration does not greatly exceed 400 °C. Fournier 
(1987) states that the convection systems of groundwater in geothermal fields 
are able to exist stably at temperatures below 400 °C. Because deformation in 
most rocks changes from frictional (brittle fracture) to plastic flow at about 
400 °C the permeability reduction becomes increasingly more important. Con¬ 
sequently, the most likely upper limit of hydrothermal solution pertaining to 
rock alteration discussed here is around 400 °C. Rock alteration which has 
occurred at temperatures as high as 400 °C can be identified in porphyry 
copper deposits where biotite is extensively formed in the highest-grade zone. 
Biotite is not considered to be a member of the clay-mineral group because its 
grain size is relatively coarse. In the lower-grade zones of porphyry copper 
deposit systems, biotite is replaced by chlorite and/or sericite which are clay 
minerals. If we are concerned with the formation of clay minerals, the maxi- 
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mum temperature of the related hydrothermal solution may be around 300 °C 
instead of 400 °C, as deduced from information on the thermal stabilities of 
many clay minerals. 

The minimum temperature of hydrothermal solution may be somewhat 
arbitrary. It is in fact limited by kinetic effects of rock-water interaction. As 
the temperature is lower, any reactions between rock and solution proceed 
more slowly, and therefore significant production of secondary minerals can¬ 
not always be recognized in the rocks during short periods of interaction. 
Consequently the minimum temperature observable may be around several 
tens of degrees, which must be essentially higher than the surrounding envi¬ 
ronment according to the definition of hydrothermal alteration. 

The average thermal gradient in the earth’s crust is about 30°C/km. In 
hydrothermal systems, however, the thermal gradient is necessarily greater 
than the average value and often attains in excess of 200°C/km. 

The pressure of a fluid which has emanated from a magma source is 
initially close to the lithostatic pressure at its depth. It decreases upon cooling 
after separation from the magma. Convecting ground water can descend to 
depths of 2-3 km (Fournier 1987). At 3 km depth, lithostatic and hydrostatic 
pressures are 74 MPa and 29 MPa, using an average rock density of 2.5 kg/m 3 
and water density of 1.0 kg/m 3 , respectively, It is obvious therefore that the 
pressure of fluid related to hydrothermal alteration does not exceed 100 MPa. 
In general, both pressure and temperature in convective geothermal systems, 
excepting conductive geothermal systems associating with geopressured zone, 
follow the boiling point curve of the hydrothermal solution (Henley et al. 
1984). 

As a summary, Fig. 7.2 shows the most likely conditions of temperature 
and pressure for some types of hydrothermal systems discussed here, together 
with conceptual flow directions of convecting water and evolved magmatic 
fluid. Among the hydrothermal systems, porphyry copper deposits and 
Kuroko and sea floor massive sulfide deposits are representative of a high- 
temperature hydrothermal system, with magmatic fluids and a hydrothermal 
system with seawater, respectively. 

7.4.2 Fluid Compositions 

The composition of magmatic fluids depends upon those of parent magmas 
(e.g., felsic or basaltic magma) because the solubility of volatile components is 
a function of magma composition. Felsic magma is generally more rich in 
volatile components such as water, fluorine, and chlorine compared to basaltic 
magma. This was shown by analyses of their quenched glass compositions 
(Devine et al. 1984; Anderson et al. 1989; Bacon et al. 1992). The initial 
composition of volatiles in the hydrothermal fluid coming from a magma may 
be deduced from the composition of high-temperature volcanic gases which 
were carefully collected from fumaroles and craters (Table 7.1). The major 



274 


A. Inoue 


Temperature (°C) 

O 200 400 600 800 1000 1200 



Fig. 7.2. Pressure-temperature diagram showing the likely conditions for various types of 
hydrothermal systems (modified from Shinohara 1991). The P-T fields for Kuroko, epithermal, sea 
floor massive sulfide deposits overlap the field of “geothermal fields . Arrows represent possible 
fluid flows of circulating meteoric water and ascending magmatic fluids 



a Kilauea and Erta’Ale (Krauskopf 1979). 
b White Island (Ellis and Mahon 1977). 
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constituents of volcanic gas are H 2 0, C0 2 , and S0 2 . The HC1 and HF contents 
are generally small, although this may be due to the fact that part of them has 
been fractionated preferentially into the liquid phase after vapor-liquid 
exsolution at deeper levels (Bischoff and Rosenbauer 1985). The presence of 
these volatile components, other than H 2 0, in magmatic fluid contributes to 
the generation of acidity in the evolved hydrothermal solution. 

Stable isotopic studies, ls O and D, of aqueous solutions in many active and 
fossil geothermal systems (Craig 1961; Taylor 1974) suggest that this water is 
mostly of meteoric origin. However, this does not exclude the contribution of 
some magmatic fluids to the hydrothermal solution. Most hydrothermal solu¬ 
tions may actually be a mixture of magmatic fluid and meteoric water in 
various proportions. In mixing a magmatic fluid with meteoric water, the 
nature of the resultant solution will diversify through interaction so as to differ 
from the initial nature of ascending magmatic fluid in porportion to the 
amount of mixing. For example S0 2 in magmatic fluid is disproportioned to 
form H 2 S and SOJ~ by the following reaction: 

4S0 2 + 4H 2 0 = 3H 2 S0 4 + H 2 S. (1) 

Reaction (1) generates the acidity in hydrothermal solutions. 

A magmatic fluid which rises adiabatically, boils as it encounters the 
boiling point curve. By boiling, the volatile components will be fractionated 
between the liquid and gas phases. The volatiles tend to concentrate in the gas 
phase. The subsurface boiling, with removal of the evolved gas, is a possible 
mechanism that can generate high pH in a hydrothermal system. For instance, 
carbonate ions dissolved in fluids will be decomposed by boiling, 

HC0 3 - = C0 2 + (OH)-. (2) 

Then, as C0 2 is concentrated in the gas phase, the separated solution increases 
in pH. In other cases, the variation in pH of a solution can take place in several 
different ways within hydrothermal systems (Fournier 1985). Moreover, be¬ 
cause high-temperature solutions are very reactive with the surrounding rocks, 
the nature of the solution will be further modified. 

Table 7.2 shows the compositions of hydrothermal fluids from several 
active geothermal fields. For a comparison, the chemical compositions of some 
ore-forming fluids are given in Table 7.3. The origins of hydrothermal fluids 
are varied, i.e., meteoric water, seawater, magmatic fluid, and so on. However, 
irrespective of the origin, chloride is a major constituent in hydrothermal 
fluids. Among many cation species, Na and K predominate and the concentra¬ 
tion of Mg is usually low. The Na/K and Na/Ca ratios in fluids are variable 
from place to place. Fournier and Truesdell (1973) demonstrated that the Na/ 
K and Ca/K ratios in hydrothermal fluids were equilibrated with respect to 
rock-forming feldspars at a given temperature and pressure. The study by 
Giggenbach (1980,1981) exemplifies the attainment of mineral-gas equilibria 
in a geothermal system of New Zealand type. Similar observations have been 
made in many geothermal fields. Generally speaking, it is likely that neutral 
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Table 7.3. Composition of ore-forming fluids. (After Shikazono, 1976) 



Kuroko 

Seafloor 

Massive sulfides 

Epithermal 

Pb-Zn deposit 

Porphyry 

Mo deposit 

Temperature (°C) 

250 ± 50 

260 

-350 

330 


PH 

4.5 ± 0.5 

3.6 



Na (mg/kg) 

12500 

9936 

-11730 

11800 

64000 

K (mg/kg) 

4000 

907 

- 1009 

4800 

13000 

Mg (mg/kg) 

1 

~10 

-0 

120 

2400 

Ca (mg/kg) 

>500 

469 

-834 

2500 

26000 

Cl (mg/kg) 

33000 

17335 

- 20526 

27400 

70000 

S0 4 (mg/kg) 

450 

0 



H 2 S (mg/kg) 

160 

228 

-296 



Notes 

Estimated 

East Pacific 

Rise, 21 °N 

Fluid inclusion 
in sphalerite 

Fluid inclusion 
in quartz 

References 

Shikazono 

(1976) 

Von Damm et al. 
(1985) 

Rye and Haffty 
(1969) 

Hall et al. 
(1974) 


solutions (near pH 7) are closer to an equilibrium with rocks than are acid 
solutions (Giggenbach 1988). The pH of a hydrothermal solution is a function 
of its salinity and is ultimately controlled by the interactions of alumino¬ 
silicate minerals and water (Arnorsson et al. 1978; Henley and Ellis 1983; 
Giggenbach 1984). 

A solution, which is equilibrated with the surrounding rocks at depth and 
which moves to a shallower level, will change toward a new equilibrium state. 
Mineralogical and chemical changes by hydrothermal alteration occur so 
that a new equilibrium between the rocks and the circulating solution is 
approached. 


7.5 Formation of Alteration Minerals and Their Zoning 


As mentioned above, hydrothermal alteration reflects the response of pre¬ 
existing rock-forming minerals to thermal and/or chemical changes under the 
influence of exchange with aqueous solution. As a result, new phases consists 
mainly of hydrous minerals; clay minerals are produced. In order for a new 
mineral or a mineral assemblage to be stable within a hydrothermal alteration 
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Fig. 7.3. a Temperature- 
logarithmic cation activity 
ratio diagram in the system 
K 2 0-Al 2 0 3 -Si0 2 -H 2 0 at a 
total pressure of 100 MPa 
and quartz saturation 
(redrafted from experiments 
by Sverjensky et al. 1991). b 
Temperature-logarithmic 
cation activity ratio diagram 
in the system Na 2 0-Al 2 0 3 - 
Si0 2 -H 2 0 at a total pressure 
of 100 MPa and quartz 
saturation. (Redrafted from 
experiments by Montoya and 
Hemley 1975) 


environment, it must not only satisfy requirements regarding thermal stability, 
but it must also be compatible with the composition of the coexisting solution. 
The stability relationships of hydrothermal minerals can be usually examined 
in terms of the two variables: temperature and the activity ratio of the aqueous 
species in solution. As a first approximation, hydrothermal alteration can be 
considered to occur at essentially constant pressure. 

Representative examples of hydrothermal mineral equilibria can be ex¬ 
pressed in a temperature-activity diagram as illustrated in Fig. 7.3. Figure 7.3a 
expresses the stability relations in potassic systems of kaolinite, pyrophyllite, 
and muscovite (in reality the potassic minerals are illite or sericite) which are 
alteration products produced by reactions of rocks with acid to neutral solu¬ 
tions (see Sects. 7.6 and 7.8). Figure 7.3b is concerned with the formation of 
Na-bearing clay minerals instead of K. The stability of CaAl-silicates is also a 
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Fig. 7.4. Temperature-logarithmic C0 2 -fugacity diagram indicating the stability of CaAl-silicates 
in equilibrium with chalcedony and calcite under liquid-vapor equilibrium pressures for water 
(after Giggenbach 1984). Dash-dotted cruve represents the locus of microcline-illite coexistence. 
The stability field of epidote solid solution ( Epss , delineated by dash line) was determined in 
assuming activity of clinozoisite = -0.5 

function of the C0 2 -fugacity (f C o 2 ) of the system (Fig. 7.4). The f C02 itself may 
be controlled by CaAl-silicates and calcite (Arnorsson et al. 1978; Giggenbach 
1981, 1984). 

By combining two different diagrams, as depicted in Fig. 7.3, it is possible 
to construct isothermal diagrams for some important hydrothermal silicate 
minerals and mineral assemblages, and to express these stability relations in 
terms of solution composition (Fig. 7.5). Similar diagrams can be referred to in 
many related papers and textbooks (Bowers et al. 1984, for a summary). Those 
diagrams were calculated by using thermodynamic data for minerals and 
aqueous species which are available today (e.g., Helgeson et al. 1978; Bowers 
et al. 1984; Henley et al. 1984; Berman 1988). Unfortunately, the thermody¬ 
namic data for clay minerals, except for some exceptions, are still erratic. The 
detailed shape delineating the stability fields of clay minerals depicted in Figs. 
13 - 1.5 will be revised in the future by improving the thermodynamic data. For 
the present purpose, however, Figs. 13 - 1.5 provide a useful understanding of 
the basic concept of spatial and temporal variations in alteration mineralogy. 

Changes of mineral assemblages in an interaction between multi-compo¬ 
nent solution and rock are actually complex at high temperatures. Let us 
consider a simple case of reaction sequence in the K 2 0-Al 2 0 3 -Si0 2 -H 2 0 
system, according to Beane (1982). To explain the variation in both time and 
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Fig. 7.5. Calculated stability relations among hydrothermal silicate minerals as a function of 
cation activity ratios in a coexisting solution at constant temperature, a The system K 2 0-CaO- 
Al 2 0 3 -Si0 2 -H 2 0 at 150 °C; b the same system at 250 °C; c the system K 2 0-Na 2 0-Ca0-Al 2 0 3 - 
Si0 2 -H 2 0 at 150 °C and 250 °C; d the system K 2 0-Mg0-Al 2 0 3 -Si0 2 -H 2 0 at 250 °C. The silica 
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activity in the solution was assumed to be controlled by chalcedony (cryptocrystalline Si0 2 ) at 
150 °C and by quartz at 250 °C. The pressure is controlled by the liquid-vapor curve of water in all 
systems. Thermodynamic data of minerals were adopted from Bowers et al. (1984), except for 
montmorillonite and wairakite which were adopted from Lonker et al. (1990) 
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Fig. 7.6. Schematic 
representation for 
different reaction paths 
in hydrothermal 
alteration (after Beane 
1982). The cation activity 
ratio depicted in Fig. 

7.3a is replaced by total 
concentrations (m) of 
dissolved KC1 and HC1 


And = andalusite 
Kfs=K-feldspar 


Prl=pyrophyllite 

Ms=muscovite 


Kln=kaolinite 


space in alteration mineralogy, Beane (1982) used the hypothesis of two 
fundamentally different mechanisms, one was a decrease in temperature and 
another was an evolving chemical reaction (Fig. 7.6). In the case of tem¬ 
perature-defined alteration assemblages, it is assumed that a fluid initially has 
a composition in equilibrium with K-feldspar at high temperature. If the fluid 
has an initial temperature and a [K + ]/[H + ] activity ratio corresponding to point 
A in Fig. 7.6, then, upon cooling along the line A-B, the fluid composition 
moves progressively through the stability fields of K-feldspar, muscovite, and 
kaolinite. When the fluid moves through a rock mass containing K-feldspar at 
continually decreasing temperature, it remains in equilibrium with this min¬ 
eral until it cools to temperature Tl. With further temperature decrease, K- 
feldspar will alter to muscovite from Tl to T2. The reaction is described by: 

3KAlSi 3 0 8 + 2H + + 12H 2 0 = KAl 3 Si 3 O 10 (OH) 2 + 2K + + 6H 4 Si0 4 . (3) 

K-feldspar will alter to kaolinite below T2: 

2KAlSi 3 O g + 2H + + 9H 2 0 = Al 2 Si 2 0 5 (0H) 4 + 2K + + H 4 Si0 4 . (4) 

These reactions result in the formation of an alteration sequence which is K- 
feldspar —> muscovite —> kaolinite, in the surrounding rocks. Each of the 
reactions in the sequence consumes H + from the aqueous solution. The [K + ]/ 
[H + ] activity ratio then decreases from the initial value. With decreasing tern- 
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perature the reaction path continues to a hydrous and low potassium content 
mineral. 

In the case of reaction-defined alteration assemblages, a fluid having a 
relatively low pH and low [K + ]/[H + ] activity ratio, reacts with rock containing 
K-feldspar. Point C in Fig. 7.6, for example, might represent the composition 
of an original fluid that is in equilibrium with kaolinite. If this fluid interacts 
with a granite, the K-feldspar in the surrounding rock is out of equilibrium 
with respect to the hydrothermal fluid and, by consequence, it is converted to 
kaolinite compatible with the fluid composition, following reaction (4). The 
resulting consumption of H + and release of K + shifts the fluid composition 
along the line C-D in Fig. 7.6. When the muscovite-kaolinite boundary is 
reached at SI, kaolinitization of K-feldspar ceases, because the fluid is now in 
equilibrium with muscovite instead of kaolinite. The formation of muscovite 
now proceeds by reaction (3) and fluid composition continues to evolve in the 
direction of the arrow until the [K + ]/[H + ] activity ratio has increased to a value 
corresponding to equilibrium between muscovite and K-feldspar at S2. At this 
stage, interaction between fluid and rock ceases because the fluid composition 
is compatible with the initial rock-forming K-feldspar. A more detailed reac¬ 
tion path in the case of reaction-defined alteration has been examined in terms 
of the reaction progress by Helgeson (1979). By either mechanism, tempera¬ 
ture or chemistry, a set of mineral assemblages is arranged systematically in 
terms of space and paleo-time within the surrounding rocks through the agent 
of moving fluids. A volume where a neo-formed mineral, or mineral assem¬ 
blage, occurs is defined as a mineral (or an alteration) zone in hydrothermal 
alteration. 

Intensive hydrothermal alteration may be a type of metasomatism. For 
instance, reactions (3) and (4) represent a hydrogen metasomatic reaction. 
Korzhinskii (1959) and Thompson (1955) have noted that in metasomatic 
situations, the mineralogical phase rule should be modified from the usual 
Gibbs phase rule to read P = C - M, where P is the maximum number of phases 
present in an assemblage under a condition of temperature, pressure, and 
solution composition chosen arbitrarily, C is the total number of independent 
chemical variables in the system, and M is the number of mobile components 
for which the chemical potential is controlled externally to the system rather 
than by an initial bulk composition. In hydrothermal systems, many of the 
chemical components are mobile in the thermodynamic sense, and as a result, 
the number of phases present in an alteration zone is small, in some case unity. 
This is typical of hydrothermal systems, the new clay-bearing mineralogy 
contains fewer phases than that of the initial “host” rock. 

In active hydrothermal systems, zonal patterns and the directional distri¬ 
bution of alteration minerals are basically related to mass transfer among 
minerals and hydrothermal solutions as temperature decreases when the 
hydrothermal solution rises in the Earth’s crust (Helgeson 1979). In other 
cases, the formation of mineral zones can be significantly influenced by many 
other effects, e.g. the kinetic effect of mineral-fluid interaction, the effect of 
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the flow rate of the solution, the effect of the water to rock ratio, and the 
boiling effect of a rapidly rising fluid. Recent research seems to be centered on 
establishing a model of hydrothermal alteration which takes into considera¬ 
tion both the fluid mechanical behavior of solute movement and the kinetic 
effects of mineral-fluid interaction (e.g., Norton and Cathles 1979; Lasaga 
1984; Lichtner 1991). Steefel and Lasaga (1992) noted the importance of the 
hydrodynamic dispersion with regard to the spatial distribution of alteration 
zones. As distances increase in space, the ratio of solutions to rock must 
change in favor of the rocks. 


7.6 Classification of Hydrothermal Alteration 


It has been recognized that similar clay-mineral assemblages have been recur¬ 
rently produced in many hydrothermal systems at different times and places. 
A good example for this can be found in porphyry copper deposit systems 
(Creasey 1959). In this context, the alteration mineral assemblages or the 
defined zones in porphyry copper systems have been classified using a specific 
terminology: potassic, phyllic, argillic, and propylitic types. The classification is 
unrelated to the genesis and is based on observed minerals in each zone, as 
listed in Table 7.4. Utada (1980) classified a variety of hydrothermal alteration 
occurrences found in young orogenic belts according to three types defined 
in terms of variables of temperature and activity ratio of aqueous cation 
species in the hydrothermal solution (Fig. 7.7). According to the different 
activity ratio values of aqueous species in the solution, alteration is first 
grouped as follows: an acid-type of alteration at low cation/hydrogen ratios in 
the solution; an intermediate alteration at medium cation/hydrogen ratios; and 
an alkaline type of alteration at high cation/hydrogen ratios. Each alteration 
comprises several mineral zones corresponding to different temperature 
conditions. 

The acid types of alteration are characterised mainly by minerals compris¬ 
ing the three components A1 2 0 3 , Si0 2 , and H 2 0 (Fig. 7.8). The other compo¬ 
nents are almost all leached out from the rocks during the intensive alteration. 
The combination of the three components forms silica minerals, kaolin miner¬ 
als, pyrophyllite, andalusite, corundum, and Al-hydroxides. Under an Si0 2 - 


Table 7.4. Alteration types and their diagnostic mineral assemblages in porphyry copper systems 


Type of alteration 


Diagnostic minerals 


Potassic K-feldspar (orthoclase), biotite, sericite, chlorite, quartz 

Phyllic Quartz, sericite, pyrite, chlorite, interstratified illite/smectite 

Argillic Kaolinite, montmorillonite, chlorite 

Propylitic Chlorite, epidote, albite, carbonates 
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Fig. 7.7. Division of zones in three types of hydrothermal alteration. (After Utada 1980) 
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Fig. 7.8. Generalized summary of mineral assemblages observed in the acid type of alteration as 
a function of approximate temperature. Solid and dashed lines give an indication of the most 
common and rare occurrences, respectively. The temperature scale attached is approximate 
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Fig. 7.9. Generalized summary of mineral assemblages observed in intermediate to alkaline types of alteration as a function of approximate 
temperature. Solid and dashed lines give an indication of the most common and rare occurrences, respectively. The temperature scale 
attached is approximate. CHL-EP chlorite-epidote zone, EP-ACT epidote-actinolite zone, I/S illite/smectite mixed layer mineral zone, 
C/S chlorite/smectite mixed layer mineral zone 
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Table 7.5. Classification of natural zeolites appeared commonly in hydrothermal alteration en¬ 
vironments. (After Gottardi and Galli 1985) 


Group 

Species 

Idealized Composition 

Fibrous zeolites 

Natrolite 

Mesolite 

Scolecite 

Thomsonite 

N a 16 (Al 16 Si 24 O 80 ) • 16H 2 0 
Na 16 Ca 16 (Al 48 Si 72 O 2 4 0 )*64H 2 O 
Ca 8 (Al 16 Si 24 O 80 )-24H 2 0 
Na 4 Ca 8 (Al 20 Si 20 O 80 ) , 24H 2 O 

Zeolites with singly 
connected 4-ring chains 

Analcime 

Wairakite 

Laumontite 

Yugawaralite 

Nai 6 (Ali 6 Si3 2 0 96 )-16H 2 0 

Ca g ( Al 16 Si 32 0 96 ) ■ 16H 2 0 

Ca 4 (A]£i 16 0« 1 )-16H 2 0 

Ca 2 Al 4 Si 12 0 32 -8H 2 0 

Zeolites with doubly 
connected 4-ring chains 

Phillipsite 

K 2 (Ca 0 5 ,Na) 4 ( Al 6 Si 10 O 32 )T2H 2 O 

Zeolites with 6-ring chains 

Chabazite 

Ca 2 (Al 4 Si 8 0 24 ) 12H 2 0 

Zeolites of the mordenite 
group 

Mordenite 

Epistilbite 

Ferrierite 

Na 3 KCa 2 (Al 8 Si 40 O 96 )*28H 2 O 

Ca 3 ( Al 6 Si 18 0 48 ) • 16H 2 0 
(Na,K)Mg 2 Ca 05 (Al 6 Si 30 O 72 )-20H 2 O 

Zeolites of the heulandite 
group 

Heulandite 

Clinoptilolite 

Stilbite 

(Na,K)Ca 4 (Al 9 Si 27 0 72 )-24H 2 0 

(Na,K) 6 (Al 4 Si 30 O 72 )-20H 2 O 

NaCa 4 (Al 9 Si 27 O 72 )-30H 2 O 


saturated condition, the zonal patterns in the acid type of alteration are char¬ 
acterized by the sequential appearance of clay minerals which are the same as 
with increasing temperature; halloysite, kaolinite, and pyrophyllite associated 
with a stable silica polymorph at respective temperatures (Figs. 7.3, 7.7, and 
7.8). In contrast when the system is undersaturated with silica, aluminium 
hydroxides such as gibbsite, boehmite, and diaspore occur characteristically, 
and even corundum may occur at temperatures in excess of about 350 °C. 
When the alteration is caused by a hydrothermal solution containing abundant 
sulfate ions, alunite (an aluminum sulfate) occurs as an important product with 
or without the above minerals. Acid-type alteration favors pure oxide or 
hydrated minerals, either silica or alumina. 

In the case of intermediate and alkaline types of alteration, considerable 
amounts of alkali and alkaline earth elements are present in the solution. 
Utada (1980) further subdivided these two types of alteration into four series, 
K, Na, Ca, and Ca-Mg series, which are distinguished by the predominant 
cation species in the solution (Fig. 7.7). The resulting mineralogical zones are 
characterized by the mineral assemblages containing these cations in 
aluminosilicates in addition to secondary mafic (Fe, Mg) minerals. By way of 
example, diagnostic mineral assemblages in the K and Ca-Mg series of altera¬ 
tion, which are identified in many hydrothermal systems, are summarized in 
Fig. 7.9. 

It is noteworthy that zeolites, as well as clay minerals, characterize the 
mineral assemblages of alteration zones in the Na, Ca, and Ca-Mg alteration 
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series. The zeolites which are commonly present in the hydrothermal systems 
discussed here are listed in Table 7.5. Na-mordenite and analcime are common 
in the Na-series of the alkaline type of alteration. In the Ca and Ca-Mg series 
of alteration, stilbite, mordenite, chabazite, and heulandite occur in most rock 
types at low temperatures: they are replaced at moderate temperatures by 
laumontite, epistilbite, scolecite, and yugawaralite, and finally wairakite is a 
stable zeolite at temperatures above 230-250 °C. The formation of fibrous 
zeolites such as natrolite, mesolite, scolecite, and thomsonite is favored by 
low-silica activity conditions and they are recognized sporadically as vug 
fillings in propylitically altered basaltic rocks (see Sect. 7.8). Ferrielite follows 
mordenite when Mg activity in the solution is high. Many other zeolites have 
been reported in natural hydrothermal environments (Gottardi and Galli 
1985) but their occurrence is, in general, rare. 


7.7 Distribution and Morphology of Alteration Zones 


Fracture distribution, porosity, and permeability of the rocks basically influ¬ 
ence the distribution and morphology of alteration zones, because the physical 
variables which control the fluid circulation within the system are those of the 
rock structure. Concerning the morphology of alteration zones, at least two 
types of hydrothermal systems can be identified: one is a fracture-controlled, 
fluid-dominated system and the other is a heat-conductive, rock-dominated 
system (Utada 1980; Izawa 1986). Although various morphologies of altera¬ 
tion zones exist in nature, most may be thought of as a derivative or a combi¬ 
nation of the two fundamental types. 

First, let us consider a hypothetical case of the formation of hydrothermal 
alteration zones around a single vertical fracture at various depths, as depicted 
in Fig. 7.10. Based on the reaction mechanisms in Fig. 7.6, alteration zones 
should be distributed symmetrically from the center of the fractuce to the 
periphery, following the gradients in temperature and/or chemical potential of 
the fluid in contact with the rock. The size of each zone which has developed 
is a function of the mass and flow rate of the solutions and the reactivity of the 
rock (this variable is related to its crystallinity and porosity); it usually ranges 
from millimetric to plurimetric. Generally speaking, it is expected that the 
conditions such as slow flow rate of solution, porous rocks, and glassy materi¬ 
als, facilitate the growth in size of alteration zones around the fracture. The 
mineral assemblages of the alteration zones are different from level to level of 
depth because of differences in the temperatures; it is obvious that a high- 
temperature mineral assemblage occurs at greater depth and that a low- 
temperature formed assemblage zone overlies the high-temperature formed 
zones. The distance between the high-temperature and low-temperature zones 
is a factor of the vertical thermal gradient at a given place. 
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Fig. 7.10. Illustrations of various types of alteration zone morphology which are essentially 
controlled by the distribution of fractures in the system 
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If a fluid rising along a vertical fracture encounters a formation which is 
more porous and permeable than the deeper rocks, alteration proceeds selec¬ 
tively through this permeable formation, because of the easier movement of 
fluid. As a result, the alteration zone exhibits a bed-form type of morphology 
(Fig. 7.10). In general, a situation is diagnostic of hydrothermal alteration 
where field evidence shows that the boundary between alteration zones inter¬ 
sects a stratigraphic boundary. However, the zone boundary in this type of 
alteration is often apparently parallel to the stratigraphic boundary of the 
beds. This feature is especially visible in the marginal portion of the bedform 
type of alteration. 

As seen in Fig. 7.10, if there is an overburden or a caprock, the fluid 
movement will be restrained in the vertical direction, while it will still be 
possible in the lateral direction. This results in the formation of a mushroom¬ 
shaped type of alteration. This morphology may also be formed by the sub¬ 
surface boiling of a rising fluid, or by mixing with meteoric water at depth 
(Hayba et al. 1985). If the rising fluid comes into contact with meteoric water 
near the ground surface, the acidity of the fluid increases following reaction (1) 
and the oxidation of H 2 S at the surface. Such acidic fluids form an intensive 
zone of acid-type alteration near the surface. In some case, the subsurface 
boiling may even bring about a hydrothermal explosion (Hedenquist and 
Henley 1985; Hulen and Nielson 1988). In this case the overburden will be 
blown away. This modifies the morphology of the alteration zone to form a 
funnel-type morphology. The fracture-controlled type of alteration is charac¬ 
terized by the development of widespread veins and veinlets in altered rocks. 
The distribution of fractures and veins is usually controlled by the regional 
tectonics at a given area (Watanabe 1986; Otsuki 1989; Merceron and Velde 
1991). 

Another type of alteration-zone morphology is seen in the outer 
hydrothermal alteration zones adjacent to the inner contact of metamorphic 
zones. This type of alteration is essentially created by heat conduction from a 
heat source such as an intrusive mass. Such zones show a concentric halo of 
alteration morphology around the heat source. The alteration zones which 
have developed are usually characterized by a distribution on a regional scale, 
but are delineated by lines subparallel to the stratigraphic boundaries. The 
altered rocks exhibit a pervasive or stagnant style of alteration. Regional 
propylitization demonstrates this type of alteration. 

The two types of alteration-zone morphology mentioned above may also 
be related to the evolutional history of a hydrothermal system associated with 
a deep magmatic heat source. At an incipient stage of the hydrothermal 
activity, an alteration halo controlled by heat conduction envelopes the 
subjacent heat source, which produces an effect similar to contact metamor¬ 
phic aureoles. This is due to the fact that heat diffuses some 15 to 30 times 
faster than ions in solution (McNabb and Henley 1979). At this stage, the 
establishment of a fluid-circulation system may have been incomplete and the 
alteration would have taken place under low water/rock ratio conditions. At 
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Fig. 7.11. Two types of zoning in hydrothermal alteration, a a heat conduction-controlled, rock- 
dominated type and b a fracture-controlled, fluid-dominated type (modified from Izawa 1986). CE 
Chlorite-epidote zone; C/S chlorite-smectite mixed-layer mineral zone; SZ smectite-zeolite zone; 
UA unaltered rocks; SI silicified zone; K kaolinite-sericite zone; P pyrophyllite zone; I illite- 
chlorite zone; I/S illite-smectite mixed-layer mineral zone; S smectite zone. Arrows indicate flow 
directions of hydrothermal solutions. Temporal relations between the two types of zonal patterns 
are discussed in the text 


later stages of the activity history, fractures may be developed within the 
system, a stable fluid-circulation system is then established, and finally the 
fracture-controlled, fluid-dominated type of alteration overprints the altera¬ 
tion halos which had developed earlier. These conceptual models are 
schematically illustrated in Fig. 7.11. Such a chronological interpretation for 
the distribution and morphology of alteration zones has been applied to the 
genesis of propylitic alteration in porphyry copper systems (Gustafson and 
Hunt 1975), in epithermal vein systems (Izawa 1986), and in active and fossil 
geothermal systems (Kimbara 1983; Inoue and Utada 1991a). 


7.8 Case Studies of Hydrothermal Alteration 
7.8.1 Acid-Type Alteration 

This type of alteration is commonly found not only in silica deposits and sulfur 
fumaroles in volcanic regions, but also in many active and fossil geothermal 
fields. As mentioned previously, a high-temperature acid solution has the 
potential to leach most rock-forming elements such as Na, K, Mg, Ca, etc., with 
the result that relatively simple, homogeneous mineral assemblages are 
formed, regardless of the different parent rock and mineral types. These very 
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Fig. 7.12. Cross section showing the alteration zoning at the Ugusu silica deposit, Shizuoka, Japan. 
(After Nagasawa 1978) 


aggressive solutions produce kaolin minerals and pyrophyllite, in addition to 
silica minerals. Native sulfur, pyrite, and alunite, are major constituent miner¬ 
als characteristic of this type of alteration, as shown in Fig. 7.8. 

Figure 7.12 shows a schematic cross section of the zonal mineralogical 
distribution at the Ugusu silica deposit, Japan (after Iwao 1970). This deposit 
was formed by acid hydrothermal solutions associated with very recent vol¬ 
canic activity which is post-Pliocene. The zonal arrangement is well-developed 
from the center to the marginal parts as follows: silica zone —» alunite zone —» 
clayey zone —» original rocks, which are Miocene propylites. The clayey zone 
is composed mainly of kaolin minerals, i.e., dickite, nacrite, and kaolinite. Uno 
and Takeshi (1982) recognized a local occurrence of pyrophyllite adjacent to 
the alunite zone. Smectite, illite, their interstratified minerals, and chlorite, in 
addition to kaolinite, represent the mineral assemblage in the outer portion of 
the clayey zone. 

In general, the component A1 2 0 3 is conventionally considered to be con¬ 
served in rocks during hydrothermal alteration, because of its low solubility in 
moderately acid solutions. However, if the pH of solution is extremely low 
(less than pH 4 at 20 °C and this value is further reduced at high temperatures), 
A1 2 0 3 is more easily dissolved in the solution, whereas Si0 2 is relatively 
insoluble. In this example, a porous silica zone occurs in the central portion of 
the alteration zone, which corresponds to a vent of ascending fluid. The central 
silica zone grades outward into a kaolin mineral zone and then into a smectite 
zone, as hydrogen ions n solution are consumed by hydrolysis reactions, e.g., 
reactions (3) and (4), with the rock-forming minerals upon decreasing tem¬ 
perature (see Fig. 7.6), as shown typically in the case of the Ugusu silica 
deposit. This type of alteration by extremely acid solutions has also been 
reported in many hydrothermal systems related to sulfur deposits (e.g., 
Nishiazuma, Japan; Mukaiyama 1970) and acid-sulfate type epithermal gold 
deposits (e.g., Summitville, Colorado; Stoffregen 1987). 
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Fig. 7.13. Stability relations of minerals in the system A^C^-SiC^-T^O at a total pressure of 
100MPa (after Hemley et al. 1980). The path line from 1 to 4 indicates the conditional variation 
in the formation of mineral zones shown in Fig. 7.14 


In the case where the alteration zone is composed of quartz, alunite, and 
kaolin, the variation in the pH of reacting solutions through the zone can be 
estimated by determining the variation in amounts of kaolin, alunite, and 
quartz in the altered rocks, because the three minerals are interrelated by the 
reaction: 

2(K,Na)-alunite + 6 quartz + 3 water 
= 3 kaolin + 2(K,Na) + + 4(S04) 2 - + 6H + . (5) 

Reaction (5) indicates that a lower pH solution favors precipitation of alunite, 
and that alunite reacts with quartz to form kaolin in higher pH solutions 
(Inoue and Utada 1991c). 

Examples of the alteration associated with moderately acid solutions can 
be found in kaolin or pyrophyllite deposits. The major mineral constituent 
depends on the temperature attained in the system; pyrophyllite occurs at 
temperatures in excess of 270 °C, at a pressure of 100 MPa and quartz satura¬ 
tion, whereas kaolinite replaces pyrophyllite at temperatures below 270 °C 
(Figs. 7.3 and 7.13). This phase-boundary temperature decreases with a reduc¬ 
tion in fluid pressure. At temperatures roughly below 100 °C, halloysite is an 
important product in place of kaolinite. Other polymorphs of kaolinite, dickite 
and nacrite, are often associated with pyrophyllite, which suggests that they 
are high-temperature phases of kaolinite. In addition to these aluminous clay 
minerals, andalusite (a polymorph of Al 2 SiO s ), corundum (A1 2 0 3 ), diaspore 
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Fig. 7.14. A sketch showing the 
occurrence of a corundum vein 
at the Goto pyrophyllite 
deposit, Japan. The formation 
process of this zonal arrange¬ 
ment is referred to in Fig. 7.13 
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(AlOOH), and/or boehmite (AlOOH) are occasionally recognized in the 
highest-grade (temperature) zone of alteration (Figs. 7.3 and 7.13). Figure 7.14 
shows a corundum vein observed in the Goto pyrophyllite deposit, Japan. The 
outward zonal sequence from a central corundum vein reflects both a decrease 
in temperature and an increase in silica activity when the fluids react, following 
approximately the pathway shown in Fig. 7.13. 

Two different origins for the acid fluids can be considered, one is meteoric 
and the other magmatic. In the acid type of alteration formed by reactions 
where the solution was significantly dominated by magmatic fluids, topaz, 
zunyite, dumortierite, and/or phosphate-bearing alunite usually coexist with 
kaolinite or pyrophyllite (Rye et al. 1992). Marumo et al. (1982) distinguished 
the genetic origin (supergene or hydrothermal) of kaolin deposits in Japan by 
measuring their ls O and D isotope compositions (Fig. 7.15). Figure 7.15b 
suggests that kaolinites in some deposits formed at about 100 °C, if the related 
waters were of meteoric origin and equilibrated with the kaolinites. 


7.8.2 Intermediate to Alkaline Types of Alteration 

Examples of the K-series type of alteration, following Utada’s classification 
(Fig. 7.7), are found in porphyry copper deposits (Beane 1982), adularia 
(potassium feldspar)-sericite type epithermal gold vein deposits (Hayba et al. 
1985; Heald et al. 1987;), and many sericite deposits (e.g., Miyaji and Tsuzuki 
1988). Figure 7.16 shows a schematic illustration for the alteration zoning (for 
mineral assemblages see Table 7.4) developed within a porphyry copper de¬ 
posit system which was proposed by Lowell and Guilbert (1970). Concerning 
the K(potassic)-series alteration, a zonal sequence from potassic to phyllic to 
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Fig. 7.15. A 8D-8 ls O diagram for kaolinite and halloysite formed from supergene alteration of 
some Japanese deposits (after Hayba et al. 1985). Dashed lines connect mineral analyses with their 
corresponding surface water compositions. B 8D-8 ls O diagram for hydrothermal kaolinites and of 
thermal waters near mineral localities (after Hayba et al. 1985). The dashed line indicates the 8D- 
8 ls O relation of kaolinite in equilibrium with meteoric water at 100 °C 


argillic zones, is well developed from the center to the margin of the alteration. 
These zones are entirely enclosed by an outer propylitic zone. Gustafson and 
Hunt (1975) showed the propylitic alteration to be formed prior to the devel¬ 
opment of the main K-series alteration related to copper ore mineralization at 
El Salvador. The zonal sequence of K-series alteration in porphyry copper 
systems is basically interpreted by a temperature-defined mineral paragenesis 
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Fig. 7.16. Schematic cross 
section showing the 
alteration zoning in a 
porphyry copper deposit. 
(After Beane 1982) 
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as shown in Table 7.4. Taylor (1974) pointed out, using stable isotopic studies 
of alteration minerals in porphyry copper deposits, that early alteration miner¬ 
als such as biotite in the potassic zone have 8 ls O and 8D compositions diagnos¬ 
tic of magmatic water, whereas alteration minerals in the phyllic and argillic 
zones indicate significant contribution from meteoric waters. Accordingly, the 
origin of waters related to the formation of alteration zones in porphyry 
copper deposits, may have varied with time during the development of entire 
alteration zones. The K-series alteration in adularia-sericite type of 
epithermal gold vein systems may be a low-temperature analogue, which 
occurred at relatively shallow levels (lower temperatures) compared to those 
in porphyry copper systems. 

The alteration aureoles enveloping a Kuroko-type ore deposit in Japan 
may be thought of as another example for the K-series type of alteration (Fig. 
7.17). The zonal arrangement is well-developed from the central to the mar¬ 
ginal parts: K-feldspar zone —> illite-chlorite zone —> illite/smectite mixed- 
layer mineral zone —> smectite zone. The sequence of alteration zones 
corresponds to the variations in temperature and activity of aqueous cation 
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Fig. 7.17. Cross section showing the alteration zoning at the Matsumine Kuroko ore deposit, 
Akita, Japan (after Inoue 1987). KH line indicates the horizon of Kuroko ore deposits 


species in solution from the center to the periphery, as deduced from the 
stability of minerals depicted in Figs. 7.3 and 7.5. However, closer observation 
of Fig. 7.17 reveals that the K-series alteration zones in Kuroko-type 
hydrothermal alteration tend to grade outward to the Ca-Mg and/or Na-series 
alteration zones, which are characterized by the presence of zeolite minerals 
and in some places interfinger with each other in the marginal portion of the 
alteration. Thus the K-series type of alteration in Kuroko deposits is consid¬ 
ered to be a mixed system with different types of alteration series. This is due 
to the contribution of seawater in the fluid which produces the alteration 
zones. The fact that Kuroko deposits occurred on the seafloor at a few thou¬ 
sand meters depth (Ohmoto and Skinner 1983) suggests that the seawater 
acted as a cover for discharging hydrothermal fluids from a vent, and this 
resulted in the formation of alteration zones with a mushroom or bed-form 
type of morphology as shown in Fig. 7.17. 

Typical examples of the Ca and Ca-Mg-series alteration are found in the 
hydrothermal alteration of basalts on the sea floor (e.g., Alt et al. 1986) and at 
the mid-ocean ridges (e.g., Tomasson and Kristmannsdottir 1972), and in 
many subaerial geothermal systems formed in andesitic to basaltic rocks as 
well as by initially calcareous sedimentary rocks (Schiffman et al. 1985). This 
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Fig. 7.18. Cross section showing the alteration zoning at the Nesjavellir geothermal field, Iceland. 
(After Schiffman and Fridleifsson 1991) 


type of alteration is customarily called propylitic alteration. Figuer 7.18 shows 
the zonal distribution examined in a geothermal field of Iceland (Schiffman 
and Fridleifsson 1991). Chlorite is found with epidote, albite, and/or calcite, 
and sporadically prehnite represents the mineral assemblage of propylitic 
alteration at high temperatures, in excess of about 200 °C (see Figs. 7.5 and 
7.9). At even higher temperatures (>300 °C), actinolite, clinopyroxene, biotite, 
and/or garnet coexist with chlorite (Bird et al. 1984). At lower temperatures, 
chlorite is replaced by interstratified chlorite/smectite in an intermediate zone 
and grades toward smectite in the outer zone. In this type of alteration, 
smectite, chlorite/ smectite, and chlorite exhibit a range of textural occurrence 
in basaltic and andesitic rocks. Smectite occurs primarily as infilling of vugs, 
replacement of glass or groundmass, and sporadically as replacement of mafic 
phenocrysts. Plagioclase and clinopyroxene phenocrysts are usually unaltered 
in the smectite zone. The occurrence of chlorite/smectite is essentially 
identical to that of smectite. It also occurs as inclusions within plagioclase 
phenocrysts. Chlorite occurs not only as replacements of mafic phenocrysts 
and glassy groundmass but also as an inclusion of albitized plagioclase 
phenocrysts. It seems that smectite is transformed to chlorite/smectite or 
chlorite, more progressively in initially permeable rocks, characterized by 
fractured and brecciated textures, than it is in massive rocks at a similar 
temperature. A great variety of zeolites are found associated with the clays 
in this type of alteration. In particular, Ca-zeolites show a characteristic 
zoning which overprints that of clay minerals: from the center to the margin, 
one finds a wairakite zone —>laumontite zone —> stilbite zone. This zonal dis¬ 
tribution of zeolites corresponds basically to the decrease in temperature 
as shown in Figs. 7.5 and 7.9. Some specific zeolites, e.g., thomsonite, 
yugawaralite, and scolecite, etc., are found sporadically as infillings of vesicles 
in basalts. 
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As the propylitic alteration noted above is characterized by the assem¬ 
blages of calc-silicate minerals, the stability of a mineral or a mineral assem¬ 
blage is strongly controlled, not only by temperature, but also by fugacity of 
carbon dioxide and pH of the solution (Figs. 7.4 and 7.5). Under high fcC>2 
conditions at a given temperature, calc-silicates alter to an assemblage of 
calcite and smectite, chlorite/smectite, or chlorite. If the fugacity of carbon 
dioxide is significantly low, pumpellyite forms in addition to the above calc- 
silicates, even in hydrothermal environments (Inoue and Utada 1991d), de¬ 
spite the fact that pumpellyite has been considered to be stable under 
relatively higher-pressure metamorphic conditions. Fugacities of oxygen and 
sulfur in the system are also important factors which affect the stability of 
minerals in propylitic alteration, because many exhibit a solid solution be¬ 
tween the Mg- and Fe-members. In general propylitic alteration conserves 
original rock composition, excepting water and gases. Accordingly, the min¬ 
eral assemblage and their compositions are controlled by original bulk rock 
composition. 

The Na-series alteration rarely occurs separately. One example may be 
found at the marginal zones in some Kuroko-type alterations which have been 
described by Utada and Ishikawa (1973). The alteration is characterized by 
extensive occurrences of analcime and Na-smectite. 

In some hydrothermal systems, acid-type alteration coexists with interme¬ 
diate to alkaline types of alteration. The formation of this complex alteration 
may be interpreted in part by the reaction-defined mineral paragenetic mecha¬ 
nism described in Section 7.5. However, the field occurrence and the K-Ar 
dating of the associated micaceous minerals indicate that part of such acid- 
type alteration occurred at different periods from the major intermediate to 
alkaline alterations (e.g., Gustafson and Hunt 1975; Utada 1988; Inoue and 
Utada 1991a). 


7.8.3 Deep Sea Hydrothermal Alteration 

It is worthwhile to describe in a separate section the deep sea hydrothermal 
alteration of basalt, because this is a special case in which the nature of both 
the solution and the rock participating in the alteration are well documented 
by field and laboratory data. 

Deep sea hydrothermal alteration can be classified into two groups, low- 
temperature alteration and high-temperature alteration. Dredging and drilling 
of the oceanic crust has shown the ubiquitous presence of basalts that have 
undergone some reaction with seawater. They have interacted with seawater 
at temperatures close to those of bottom waters, and thus the low-temperature 
alteration of basalts is generally referred to as weathering on the sea floor. 
According to Honnorez (1981) and Thompson (1983), the alteration of the 
glassy part of basalts, e.g., the rim of a lava pillow, has a different style of 
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alteration from that of the crystalline part. The deep sea alteration of basaltic 
glass at low temperatures is characterized by palagonitization, which includes 
the formation of phillipsite, smectite, and Fe-Mn oxides. The entire 
palagonitization process is classified into three stages, taking the chemical 
balance into account. The initial stage of palagonitization is characterized 
by the crystallization of an intergranular Na > K phillipsite associating with 
K-Mg-smectite. The bulk rock is enriched in K, Na, and Mg and depleted in 
Ca. The glass is entirely hydrated and oxidized. The mature stage of 
palagonitization gives similar mineralogy but the phillipsite mineral now con¬ 
tains K > Na, and the smectite is a potassic nontronite or, in any case, a Mg- 
smectite with a high K concentration. At the final stage, the palagonitized glass 
is completely replaced by an intimate mixture of Ca-poor K > Na phillipsite, 
with potassic-nontronite and Fe-Mn oxides. In contrast, the original igneous 
phenocrysts are generally unaffected by the low-temperature alteration. 
Olivine is only partially altered. The formation of zeolites and celadonite is 
sometimes found in basalts sampled from greater depth by drilling. The low- 
temperature alteration may include the weathering at bottom-water tempera¬ 
tures (0-3 °C) up to interactions that took place at around 50-100 °C 
(Thompson 1983). Seyfried and Bischoff (1979) showed experimentally that 
the style of seawater-basalt interaction differed markedly between the reac¬ 
tions at 70 and 150 °C. 

Geophysical evidence suggests that deep circulation of seawater takes 
place in the oceanic crust (Lister 1972). This results in high temperature 
alteration of oceanic crust at depths, as confirmed by rocks recovered, by 
drilling, from sea floor and ridge areas. These rocks show a range of mineral 
assemblages, including clays, zeolites, and CaAl-silicates, characteristic of re¬ 
spective grades of the alteration (Humphris and Thompson 1978). The mode 
of occurrence and the mineral assemblages are essentially identical to those in 
the Ca and Ca-Mg-series of alteration described above. Saponite and 
celadonite characterize the mineral assemblages of relatively low-grade altera¬ 
tion; celadonite is entirely restricted in occurrence to the oxidative environ¬ 
ment. The saponite is generally a Mg-rich Fe-poor type under oxidation 
environments, and a Fe-rich, Mg-poor type under non-oxidation ones (An¬ 
drews 1980). It is relatively enriched in K. Saponites are replaced by 
interstratified chlorite/smectite associated with Ca- and Na-zeolites, at inter¬ 
mediate-grade alteration, and finally transform to the mineral assemblages of 
chlorite, albite, epidote, and actinolite, characteristic of those in propylitic 
alteration, at high-grade (temperature) alteration. Original igneous minerals 
are extensively altered at higher grades of alteration. Dredged rocks often 
show the mineral assemblages hornblende, plagioclase, chlorite, epidote, and 
biotite, which are similar to those of amphibolite facies in regional metamor¬ 
phism (Humphris and Thompson 1978). This suggests the occurrence of even 
higher-temperature alteration, above 400 °C, in the deeper part of the oceanic 
crust. 

The variation of mineral assemblages observed in drilled and dredged 
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Fig. 7.19. Concentrations of Ca, Mg, Si0 2 , S0 4 , and pH (25 °C) in seawater as a function of time 
during reaction with basaltic glass a at 360 °C, 70 MPa, and water/rock ratio of 3 and b at 300 °C, 
50 MPa, and water/rock ratio of 62. (After Rosenbauer and Bischoff 1983) 



DAYS 

Fig. 7.20. Concentrations of Mg in seawater as a function of time during reaction with basaltic 
glass (open symbols) or the crystalline equivalent (closed symbols) at 70 °C, 101 kPa, and 150- 
300 °C, 50 MPa, at water/rock ratio of 10. (After Mottl 1983) 

rocks from the ocean bottom, has been successfully reproduced in laboratory 
experiments of seawater-basalt interaction. Figures 7.19-7.21 summarize the 
results of seawater-rock interaction experiments which were performed under 
a wide range of conditions: temperatures from 20-500 °C, pressures from 
101 kPa (1 bar) to 100 MPa, basalt crystallinity from glass to holocrystalline, 
seawater/rock mass ratio from 1-125, and duration from 14-602 days. Based 
on these hydrothermal experiments, Mottl (1983) pointed out the important 
effect of seawater/rock mass ratio on the mineral assemblage produced by this 
type of alteration at high temperatures. In the course of the reaction between 
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Fig. 7.21. Concentrations of Mg in seawater as a function of temperature in reaction with rhyolite, 
andesite, basalt, or peridotite at pressure of 100 MPa and duration of 14 days: a at water/rock ratio 
of 5; b at water/rock ratio of 50. (After Hajash and Chandler 1981) 


seawater and basalt, Mg 2+ is removed from solution and incorporated as 
chlorite into rock. Removal of Mg 2 + from solution occurs more rapidly under 
low water/rock ratio conditions (Fig. 7.19). On the other hand, removal of 
Mg 2+ brings about a drop in the pH of the solution by the following reaction: 

Mg 2+ + 2H 2 0 = Mg(OH) 2 + 2H + . (6) 

Accordingly, as long as the Mg 2+ concentration in solution is appreciable, 
as in the experiments at high water/rock ratios (Fig. 7.19b), the solution 
remains quite acid. However, when the Mg 2+ concentration drops to a low 
value, as in the experiments at low water/rock ratios (Fig. 19a), H + in solution 
is rapidly consumed by hydrolysis reactions of rock-forming silicate minerals, 
and so the pH of the solution comes back up to near neutrality. Epidote and 
albite are produced from plagioclase by this hydrolysis reaction and Ca in 
solution is consumed to form epidote. Similar mechanisms can be applied 
to the formation of the other Ca-bearing minerals such as actinolite, zeolites, 
and titanite characteristic of the assemblage of high-temperature altera¬ 
tion. Consequently, one can conclude that the greater the water/rock ratio, 
the more the chlorite-bearing assemblage will be predominant relative 
to the epidote-bearing assemblage (Mottl 1983). The boundary value of 
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the water/rock ratio was experimentally determined to be about 50. 

Figure 7.21 shows that removal of Mg from solution and concomitant 
release of Ca, Na, and K occur more progressively in mafic rocks than in felsic 
rocks, except for the case of peridotite. This suggests that the formation of 
chlorite and Ca,Al-silicates mentioned above is favored in mafic rock altera¬ 
tion. In the reaction of peridotite with seawater, olivine and pyroxene alter to 
serpentine which does not contain any Ca, Al, Fe, Na, or K. This reaction may 
be distinctive as a deuteric alteration (serpentinization) of oceanic crust 
(Velde 1985). 


7.9 A Brief Summary on the Effect of Rock Type 

In the preceding section, the case studies of hydrothermal alteration are dis¬ 
cussed principally in terms of fluid chemistry and physical variables controlling 
the mineralogy. The type of rock also influences the mineralogy. This may be 
particular true where the system is nearly closed for solute movement. 

Acidic alteration is associated with the formation of kaolin and 
pyrophyllite in felsic rocks, as in the cases of Ugusu silica deposit, Goto 
pyrophyllite deposit, and epithermal gold deposits of the acid-sulfate type 
(Sect. 7.8). This alteration is also often found in mafic rocks. The predomi¬ 
nance in felsic rocks may be related to the genetic origin of the acid solution. 
Felsic volcanism occurs abundantly in orogenic belt zones and often brings 
about explosive eruption on land. The resulting caldera structure acts as an 
efficient catchment of meteoric water with the fractures generated by the 
explosion providing pathways for water circulation. The felsic magma is itself 
rich in volatile components which contribute to the generation of acidity in 
solution. These factors favor the generation of acid hydrothermal solutions 
and acid-type alteration. 

In the intermediate to alkaline types of alteration, dioctahedral clays such 
as montmorillonite, interstratified illite/smectite, and illite are dominant in 
rocks which were originally felsic. This is typically seen in the cases of Kuroko 
deposits, porphyry copper deposits, epithermal deposits of adularia-sericite 
type, and sericite deposits. This preferential occurrence may be in part due to 
fact that felsic rocks contain more Na and K, and less Mg and Fe than do mafic 
rocks. Na-rich plagioclase and glass are replaced by dioctahedral clays in these 
types of alteration. K-feldspar is usually unaltered, or only partially altered, to 
clays. Mafic minerals which are of low abundance in felsic rocks are altered to 
saponite, chlorite/smectite, or chlorite. The trioctahedral clays including 
saponite, chlorite/smectite, and chlorite are dominant in mafic rocks originally 
rich in Mg, Fe, and Ca. They usually occur as replacements of mafic phe- 
nocrysts and groundmass, and are often found as inclusions in plagioclase. 
These features are typically observed in the hydrothermal alteration of ocean 
floor basalts, as well as in geothermal systems developed in andesitic to basal- 
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tic rocks (see Sects. 7.8 and 7.10). When both saponite and montmorillonite 
are identified in a rock by X-ray powder diffraction, a situation often encoun¬ 
tered in hydrothermal alteration of pyroclastic rocks, when observed under 
the optical microscope each mineral is observed to replace only one kind of 
rock fragment. In ultramafic rocks, serpentine and talc are formed in the 
intermediate to alkaline types of alteration. Sepiolite and palygorskite are 
often found as veins in hydrothermally altered serpentinite and calcareous 
rocks (e.g., Imai and Otsuka 1984). This suggests that the wall rocks contribute 
significant amounts of calcium and magnesium to the circulating solution and 
that the minerals have formed under considerably saline conditions at low 
temperatures, below 100 °C. 


7.10 Detailed Mineralogy of Selected Clay Mineral Types 


As mentioned in the previous sections, a mineral zone is often defined by a 
diagnostic mineral assemblage of silicates, carbonates, and/or sulfates. Recent 
detailed mineralogical studies in hydrothermal systems indicate that a single 
mineral species can display several variations in structure and composition, 
even within a designated mineral zone. This variation is especially remarkable 
in interstratified (mixed-layer) minerals. Understanding the structural and 
compositional variations of clay minerals provides more detailed information 
about the processes of hydrothermal alteration. 


7.10.1 Interstratified Illite/Smectite 

Interstratified illite/smectite (I/S) minerals, which are characteristic minerals 
of neutral to alkaline types of alteration in felsic rocks, occur as intermediate 
products in the smectite to illite sequence of mineral transformation which is 
the result of increasing temperature. Of course, it is possible to consider the 
reverse case in which I/S is produced retrogressively from illite or muscovite 
by the action of superimposed alteration. However, I/S formed in this manner 
occurs typically in weathering and is rarely reported from hydrothermal sys¬ 
tems. 

From another viewpoint, mudstones and sandstones usually contain 
smectite in the matrix. It is reasonable to assume that in the diagenetic devel¬ 
opment of these rocks there is a precursor to smectite at the beginning of the 
smectite-to-illite conversion, and that the smectite will convert to illite through 
I/S with increasing temperature due to burial. General features of smectite-to- 
illite conversion observed in both diagenetic and hydrothermal environments 
will be described in detail below. Nevertheless, Bethke et al. (1986) questioned 
the direct application of the diagenetic reaction series of smectite to illite 
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to the series found in hydrothermal systems. They pointed out the possibility 
that the formation of I/S minerals in hydrothermal systems is a simple result of 
direct precipitation from solution, controlled by the ambient temperature, 
pressure, and solution composition at arbitrary conditions. In contrast to this 
view, Inoue et al. (1992) indicated that the formation of I/S minerals in 
hydrothermal systems is basically identical to that which occurs in diagenetic 
environments, i.e., that it is due to a consecutive reaction from an early-formed 
smectite to illite through I/S. Evidence for this process was obtained from a 
comparison of structural variations of I/S in many geothermal fields (see Sect. 
7.10.4, mineral stability). 


7.10.1.1 Structural Variation 

With the illitization of smectite, the proportion of smectite layers (%S) and the 
ordering (termed reichweite) of these layers, that is a layer arrangement in a 
vertical stacking sequence along the c* axis, change systematically. Thus the 
characteristics of interstratification of minerals with compositions between 
smectite and illite are expressed by the two variables, %S (or %I) and 
reichweite. To understand the interstratified structure in more detail, the infor¬ 
mation about the transition (or junction) probabilities between the component 
layers must be considered (see Reynolds 1980). 

Several convenient techniques determining %S value in I/S have been 
proposed by many researchers, for example, a saddle/001 peak intensity 
method (Weir et al. 1975; Rettke 1981; Inoue et al. 1989), a Srodon method 
(Srodon 1980, 1981), and a A20 x - A20 2 method (Watanabe 1981, 1988). 
Figure 7.22 shows a A20 x - A20 2 diagram of Watanabe (1981), where A20 x is 
defined by an angular difference between a peak (/ 2 ) at 8.9-10.2 °20 (Cu Ka 
radiation) and a peak (^) at 5.1-7.6°20 and A20 2 is an angular difference 
between a peak (/ 3 ) at 16.1-17.2 °20 and Z 2 . These A20 x and A20 2 values show 
systematic changes with expandability (%S) at constant reichweite (given by 
each curve in Fig. 7.22). Plotting in this diagram gives the benefit of showing 
both %S and reichweite at the same time. Tomita et al. (1988) presented a 
modified A20 diagram by drawing isopleths of transition probabilities. By 
using the diagram, more detailed information on the interstratified structure is 
available. 

Plots in Fig. 7.22 show an example for the structural variation of I/S from 
a Kuroko-type hydrothermal alteration at Shinzan, Japan (Inoue et al. 1978; 
Inoue and Utada 1983). K-Ar dating of these minerals indicated that the 
formation of I/S at Shinzan in fact resulted from the effect of a later episode of 
hydrothermal activity associated with an intrusion of a daci-andesite dike 
related to the Kuroko mineralization (Utada et al. 1988; Inoue et al. 1992). The 
structural variation of I/S at Shinzan is characterized as follows. (1) Plots are 
rarely found between reichweite 0 and 1 and possibly between reichweite 1 and 
2. (2) Occurrences of perfectly ordered I/S with 55-45% S, reichweite 1 are 
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Fig. 7.22. Plots of interstratified illite/smectite minerals from the Shinzan hydrothermal alteration 
field on the A20 1 -A20 2 diagram (after Inoue and Utada 1983). Reichweite is abbreviated by g. 
Numerical values indicate the percentages of smectite layers 


rare. (3) I/S with reichweite 2 is rare. These characteristics are commonly 
recognized in I/S samples from many geothermal systems hosted by felsic 
volcanic rocks. 

Point (1) has been correctly established by refining the structure param¬ 
eters of interstratification involving the transition probabilities, in comparing 
them with the structure parameters of I/S from diagenetic shales and 
bentonites (Bethke et al. 1986; Inoue et al. 1990). Concerning point (2), 
perfectly ordered I/S with 55-45%S is usually called rectorite (Bailey et al. 
1982). However, rectorite shows quite different characteristics in structure, 
chemistry, and thermal stability from usual I/S minerals, as will be discussed 
below. As for point (3), the paucity of occurence of reichweite 2 I/S minerals is 
the same in diagenetic environments as it is in hydrothermal systems. 

On the other hand, the occurrence of the continuous reaction series from 
smectite to illite through I/S has been rarely documented in the outer zones 
surrounding kaolinite, pyrophyllite, and sericite deposits. In these deposits I/S 
minerals occur as local veinlets and spots and their %S is usually less than 50% 
smectite. Whether a map-scale mixed-layer mineral zone is formed depends 
on the prevailing thermal gradient. If the thermal gradient of the system is 
great, the zone is compressed to within a narrow space and an illite or sericite 
zone is apparently in direct contact with a smectite zone or unaltered rocks at 
the margin of alteration. Many other factors can of course be related to the 
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lack of mixed-layer minerals in the specific hydrothermal systems. The details 
are unknown. 


7.10.1.2 Chemical Variation 

In the X-ray diffraction (XRD) model of interstratification, I/S is thought to be 
composed of smectite and illite component layers. Therefore, if each of the 
component layers has a constant chemical composition the chemical composi¬ 
tion of an intermediate I/S product can be determined definitively by the 
proportion of each component layer. In fact, smectite is a group name includ¬ 
ing montmorillonite, beidellite, and nontronite as the end members. They 
make a solid solution with each other and the layer charge varies from 0.25 to 
0.60 per O 10 (OH) 2 (Weaver and Pollard 1973; Newman and Brown 1987). Illite 
is also a solid solution mineral. 

Velde and Brusewitz (1986) and Meunier and Velde (1990) demonstrated 
that the chemical composition of I/S changes continuously from one end point 
of a montmorillonite smectite to another end point of illite, but the path line 
is different for various geologic origins because the precursor smectites have 
different layer charges. Smectite of hydrothermal origin tends to show higher 
layer charge than the average value of 0.33 in smectite. Despite this, the 
smectite layer in I/S appears to be almost identical despite different origins 
and different stages of the reaction series; it is montmorillonitic in composi¬ 
tion. The composition of illite may be relatively constant regardless of differ¬ 
ent origins. Hower and Mowatt (1966) showed, on the basis of a statistical 
analysis of many published examples that the illite layer charge is about 0.75/ 
O 10 (OH) 2 . Analyses of illite by means of recent new techniques have revised 
the illite layer charge to be about 0.9/O 10 (OH) 2 (Meunier and Velde 1989; 
Srodon et al. 1992). 

Figure 7.23 illustrates variation of chemical composition of I/S with origin. 
It is apparent that as a whole there are few differences in composition between 
minerals of hydrothermal and diagenetic origins. The marked characteristics 
in compositional variation are an increase in the tetrahedral substitution 
of Al for Si, and a concomitant increase in the interlayer K with decreasing 
%S. The octahedral Fe and Mg contents are nearly constant for the first 
half of the reaction series and there is a later decrease toward an illite com¬ 
position. Sato et al. (1990) indicated, by using the so-called Greene-Kelly 
test of I/S for diagenetic shales and sandstones, that smectite illitization did 
not proceed directly from precursor montmorillonite to ordered I/S, until 
the precursor montmorillonite was altered to a beidellitic composition. 
Then the beidellite component was converted to ordered I/S. No chemical 
and XRD evidence supporting the presence of beidellite was detected in I/S 
from hydrothermal systems hosted by felsic volcanic rocks (Inoue, unpubl. 
data). 
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Fig. 7.23. Plots of 
chemical compositions of 
interstratified illite/ 
smectite minerals from 
various origins as a 
function of percent 
smectite layers, 
a Tetrahedral Al; 
b octahedral Fe + Mg; 
c interlayer K; d total 
layer charge per 
O 10 (OH) 2 . Hydrothermal: 
dots (Inoue et al. 1978); 
open squares (Eberl et al. 
1987). Diagenetic: open 
triangles (Ramseyer and 
Boles 1986); circles 
(Srodon et al. 1986); filled 
triangles (Brusewitz 1986); 
filled squares (Hower and 
Mo watt 1966). Dashed 
lines delineate 
approximate trend of 
compositional variation 
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Fig. 7.24. Scanning electron micrographs of critical-point dried illite/smectite samples from the 
Shinzan hydrothermal alteration field (after Inoue 1986). a 100% Smectite sample; b 70% smectite 
sample; c 23% smectite sample; d 0% smectite sample. Scale bars 4mm 


7.10.1.3 Morphology Variation 

The grain morphology of I/S is observed under scanning electron microscope 
(SEM) (Fig. 7.24), and under transmission electron microscope (TEM). Ran¬ 
domly interstratified I/S (reichweite 0) displays a flaky form (Fig. 7.25b), basi¬ 
cally similar to the morphology of pure smectite (Fig. 7.25a). Ordered I/S 
exhibits a lath form (Fig. 7.25c); the lath becomes larger in size with decreasing 
%S. Pure illite is usually a mixture of large lath and hexagonal plate (Fig. 
7.25d). These laths have a 1M polytype of mica structure elongating to the a 
axis direction. The hexagonal plate usually has a 2M 1 polytype structure. 
These morphological variations of I/S under SEM and TEM were commonly 
observed in several hydrothermal systems hosted by felsic volcanic rocks 
(Inoue et al. 1992). 

In reference to the reaction mechanisms, the morphological variation 
observed suggests that dissolution of precursor material and recrystallisation 
of new material occurred during illitization of smectite (Inoue et al. 1987, 
1988). Partitioning of ls O isotopes between solid and solution phases is likely 
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Fig. 7.25. Transmission electron micrographs of illite-smectite samples from the Shinzan 
hydrothermal alteration field (after Inoue 1986). a 100% Smectite sample; b 70% smectite sample; 
c 23% smectite sample; d 0% smectite sample. Scale bars = 1 mm 


to occur through these dissolution and recrystallization reactions (Whitney 
and Northrop 1988). The growth of lath shaped I/S crystals, which occurs 
during the later half of smectite illitization, is controlled by Ostwald ripening 
through spiral growth mechanisms, as deduced from quantitative measure¬ 
ments of the grain-size distribution by means of Pt shadowing techniques 
(Inoue et al. 1988; Inoue and Kitagawa 1994) and from direct observations of 
the spiral patterns of the Au decorated crystal surfaces of the I/S and illite 
crystallites under TEM observation (Inoue and Kitagawa 1994). 

Figure 7.26 shows a relationship between the mean equivalent diameter 
(D) and the mean aspect ratio (L/W) of I/S and illite grains of different origins, 
locations, and rock types. Here, the equivalent diameter of a grain is defined 
as D = 2 (LW/ti) 1/2 , where L and W are the greatest distance (length) and the 
smallest distance (width) of a grain, respectively (Inoue and Kitagawa 1994). 
It is apparent that plots of I/S from hydrothermal systems give a unique trend 
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Fig. 7.26. Plots of mean equivalent diameter and logarithmic mean aspect ratio of illitic clay grains 
from various origins and rock types (after Inoue and Kitagawa 1994). Open circles Kamikita 
hydrothermal system (Inoue and Kitagawa 1994); open triangles Shinzan hydrothermal system 
(Inoue et al. 1988); filled triangles diagenetic bentonites (Nadeau 1985); dots diagenetic shales 
(Lanson and Champion 1991); squares diagenetic sandstones (Nadeau 1985). Numerical values 
indicate the percentages of smectite layers 


different from the cluster of plots for diagenetic I/S. Grains of 50%S I/S from 
hydrothermal systems form a thin lath which has a mean aspect ratio of about 
8, whereas those from bentonites and diagenetically altered shales give a 
smaller value. The aspect ratio decreases with illitization, up to about 2 at 
0%S, corresponding to the morphological variation from lath to hexagon 
observed under TEM, noted above. Huang (1990) and Small et al. (1992) 
noted, from their experimental studies on illite morphology, that fibrous illite 
is favored by high silica activity in the solution. The fact that host rocks in the 
hydrothermal systems studied are predominantly felsic in composition is con¬ 
cordant with the above experimental observations. On the other hand, values 
for I/S grains from diagenetic sandstones seem to scatter along the 
hydrothermal trend (Fig. 7.26), although there are still large deviations owing 
to the scarcity of data. These suggest that the two distinct trends might be 
related to the difference in porosity of rocks rather than the difference in 
origins, such as hydrothermal and diagenesis (Inoue et al. 1990; Whitney 1990; 
Inoue and Kitagawa 1994). 

7.10.1.4 Stability 

Smectite illitization is basically a temperature-dependent reaction. It is gener¬ 
ally accepted that the reaction series in diagenetic environments is completed 
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between approximately 50-230 °C (Srodon and Eberl 1984). This temperature 
range seems to be applicable to the I/S reaction series in hydrothermal envi¬ 
ronments (McDowell and Elders 1980; Horton 1985; Jennings and Thompson 
1986). However, it has often been documented from many active geothermal 
fields that smectite, and more expandable I/S, occur at temperatures higher 
than the above values. For instance, smectite appears at about 200 °C at Otake, 
Japan (Hayashi 1973) and Cerro Prieto, Mexico (Elders et al. 1979), and at 
160 °C at Yellowstone, Wyoming (Bargar and Beeson 1981) and Wairakei, 
New Zealand (Steiner 1968). A detailed clay-mineral study in the Sumikawa 
active geothermal field, Japan (Inoue et al. 1992) indicated that when smectite 
appeared at bottom-hole temperatures higher than 200 °C, it coexisted with 
more than one I/S phase, having different %S in the same rock specimen. This 
feature was characteristically visible in the high-temperature area of the 
Sumikawa field. In the low-temperature area, on the other hand, the assem¬ 
blage of I/S was rather homogeneous, similar to those in many 
fossil geothermal fields. This may be due to the fact that the I/S in the low- 
temperature area has been kept for a longer time under the same temperature 
conditions and thereby the expandability of I/S has become more homo¬ 
geneous. Consequently one must consider that smectite and more expandable 
I/S in hydrothermal systems, can form metastably at temperatures higher 
than those deduced from diagenetic environments, because in a hydrothermal 
system increases in temperature can occur abruptly for a relatively short 
time period. The early formed smectite has been converted to I/S or illite, 
having a constant expandability with time according to the ambient 
temperature. 

Thermodynamic status of interstratified I/S has been controversial since a 
first inquiry by Zen (1962,1967). Garrels (1984) and Aja et al. (1991) consid¬ 
ered I/S to be a two-phase mixture in a thermodynamic sense. Aagaard and 
Helgeson (1983) and Giggenbach (1985) regarded I/S as a single solid-solution 
phase. Inoue et al. (1987) divided an entire I/S series into two independent 
solid solutions, one is I/S from 100 to 50%S and the other is I/S from 50 to 
0%S. Each series of I/S was regarded as a solid solution of smectite and a solid 
solution of illite, respectively. From another viewpoint, the importance of the 
kinetic aspect of the smectite to illite reaction has been stressed by many 
researchers (e.g. Eberl and Hower 1976; Velde 1992; Velde and Vasseur 1992 
among others). 

The smectite illitization in hydrothermal systems is generally completed 
during a short time period (probably within one million years), although there 
are a few exceptions, as determined by K-Ar dating of I/S minerals (Inoue et 
al. 1992). This time scale is almost equivalent to the lifetime of a single 
hydrothermal event (Wohletz and Heiken 1992). K-Ar dating of micaceous 
materials including I/S and illite is beneficial in allowing one to distinguish 
each stage of the different hydrothermal alterations superimposed at a site 
(Sawai et al. 1989; WoldeGabriel and Goff 1989, 1992; Inoue and Utada 
1991a). 
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7.10.2 Rectorite 

This mineral is often found in kaolinite, pyrophyllite, and sericite deposits. 
This suggests that the formation of rectorite is favored under acid to neutral 
conditions of solution-rock interaction. In the Kamikita fossil geothermal 
field, Japan, rectorite occurs as replacement of plagioclase phenocrysts and 
groundmass in volcanics of the outer zone adjacent to the central pyrophyllite- 
diaspore zone (Inoue and Utada 1989, 1991a). Rectorite is thought to be 
formed at temperatures of about 200 °C or slightly more. This is still hotter 
than the formation temperature of a usual I/S of equivalent expandability. 

The chemical composition of rectorite is characterized by high values in 
A1 content and total layer charge, with low Mg and Fe contents, compared to 
those of usual I/S equivalents of the same smectite content (Inoue and Utada 
1983,1989; Matsuda 1984). Kodama (1966) determined precisely the structure 
and chemistry of rectorite from Baluchistan, whose component layers are 
paragonite and beidellite. Since his study, many occurrences of rectorite-like 
minerals have been documented from pyrophyllite deposits. They are often 
characterized by interlayer cations other than Na (Nishiyama and Shimoda 
1981; Matsuda 1984); they are termed Na, K, or Ca-rectorite according to the 
dominant interlayer cation species (Bailey et al. 1982). Even in K-rectorite, 
however, the interlayer composition tends to be rich in Na and Ca relative to 
those in common in I/S of the same smectite content. Inoue and Utada (1989) 
showed that in rectorite there is a Negative correlation between the interlayer 
(Na + Ca) content and the octahedral (Fe + Mg) content. This behavior is 
similar to that observed in paragonite and margarite (Guidotti 1984). Based on 
these observations, rectorite may be regarded as a single phase of a low- 
temperature equivalent to paragonite or margarite. 

It is well-known that allevardite, which is a perfectly ordered mica/ 
smectite with 50%S (Brindley 1956), exhibits a long ribbon form under TEM 
(Weir et al. 1962). Baluchistan Na-rectorite shows a similar morphology to the 
allevardite (Sudo and Takahashi 1971). In contrast, many rectorite-like miner¬ 
als reported from kaolinite, pyrophyllite, and sericite deposits usually exhibit 
an irregular flake form different from the ribbon-like form. The reason why 
they are different in morphology is uncertain. 

7.10.3 Dioctahedral Smectite 

Dioctahedral smectite is widespread in the lowest grade alteration zone, i.e. at 
lowest temperatures. In active geothermal fields, smectite is formed by the 
reaction of rocks with solutions from neutral to alkaline pH. In some cases, this 
mineral itself concentrates in a restricted space and forms a so-called bentonite 
deposit. There are many bentonite deposits of this hydrothermal origin, in 
Algeria, Spain, Greece, Hungary and Japan, among other countries. They are 



314 


A. Inoue 


mostly formed in felsic rocks (Grim and Gtiven 1978). In these deposits, 
smectite occurs as a monomineralic layer, but it is often associated with 
halloysite, allophane, zeolites, and/or cristobalite. This mineral association 
suggests a low temperature of formation. 

The interlayer cation of smectite can be easily exchanged with various 
species of cations in the solution. The selectivity sequence in smectite is 
generally Na < K=NH 4 < Rb < Cs and Mg < Ca < Sr < Ba, but this sequence can 
change with temperature. Shirozu and Iwasaki(1980) and Inoue et al. (1984a) 
demonstrated that the Ca/Na ratio of smectite in Kuroko-type hydrothermal 
alteration, decreased systematically from the inner to the outer portion within 
the marginal smectite zone. It is known that the higher the temperature, the 
more the selectivity for Ca in smectite increases. The outward decrease in the 
Ca/Na ratio in smectite probably reflects a decrease in temperature and con¬ 
comitant change in solution composition brought about by movement of the 
solution. In many drill core samples from geothermal fields, smectite occurring 
near the surface, tends to have increased Mg in the interlayer (Inoue et al. 
1984a). Uno and Takeshi (1979) showed that smectite from weathered 
bentonite deposits is characterized by the presence of Mg, as well as H, in the 
interlayer position. Th enrichment of Mg in smectite may be attributed to the 
circulation of ground water. 

7.10.4 Sericite 

There still remains some confusion in terminology for the terms illite and 
sericite. Sericite is a petrographic term used to indicate highly birefringent, 
fine-grained, micaceous material. Recently, the term illite has been preferably 
used for these micaceous materials (Srodon and Eberl 1984). On the other 
hand, some researchers insist that the identity of sericite, in its structure and 
composition, is different from illite. Higashi (1980) and Shirozu (1985) exam¬ 
ined the structure and composition of sericite from many Kuroko ore, sericite, 
and pyrophyllite deposits in Japan, and characterized it as having a large grain 
size, high K and Al contents, and low Fe, Mg, and Si contents compared to 
those in illite. The polytype structure is predominantly 2M 1 and 1M in sericite, 
but 1M and lMd in illite. However these differences seem to be related to the 
differences in environmental conditions of the formation of such micaceous 
materials. Inoue and Utada (1991a) showed that in the Kamikita fossil 
geothermal field there are distinct differences in the chemical compositions of 
micaceous materials produced in the acid type of alteration and the neutral to 
alkaline types of alteration. In the former, the composition is close to that of 
ideal muscovite, whereas in the latter, including Kuroko-type and propylitic 
alterations, the composition is more phengitic. These phengitic micas grade 
toward I/S minerals in the periphery. As mentioned previously, the I/S miner¬ 
als change in expandability in a continuous manner. Such a continuous grada¬ 
tion, on the other hand, is not clear in micaceous materials from the acid-type 
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alteration, and only one type of interstratified mica/smectite mineral with 
35%S occurs discretely in the outer zone (Inoue and Utada 1989). Yoder and 
Eugster (1955) and Velde (1965) demonstrated experimentally that the 
polytype structure of white mica changes from lMd —»1M —»2M 1? with in¬ 
creasing temperature. 

Alt and Jiang (1991) indicated that micaceous materials which were pre¬ 
cipitated on the seafloor, associated with massive sulfide deposits, are charac¬ 
terized by relatively high A1 and low Fe and Mg contents. They related these 
compositions the those of sericite associated with Kuroko ore and its ferrugi¬ 
nous chert (Higashi 1980; Kalgeropoulos and Scott 1983). The formation of 
Fe, Mg-poor mica may be caused by the selective removal of Fe and Mg from 
the solution due to the co-precipitation of Fe-sulfides, Fe-oxides, and Mg- 
chlorite. 

Yamamoto (1967) and Higashi et al. (1991) showed the appreciable pres¬ 
ence of NH 4 as an interlayer cation of micaceous materials accompanied by 
sericite and pyrophyllite deposits. If the proportion of NH 4 in the interlayer 
position exceeds 50%, the mineral is called tobelite (Higashi 1982). The origin 
of the NH 4 is unknown. 


7.10.5 Interstratified Trioctahedral Chlorite/Smectite (C/S) 

Trioctahedral chlorite/smectite (C/S) is a diagnostic mineral for the hydro- 
thermal alteration of andesitic to basaltic composition rocks under neutral to 
alkaline alteration-fluid conditions. This alteration shows various modes of 
occurrences such as vein and vug fillings, and replacement of mafic minerals 
and volcanic glasses in the outer zone of propylitic alteration. 


7.10.5.1 Structural Variation 

The structural variation of C/S, determined by the XRD method of Reynolds 
(1980), has been examined in the outer zone of propylitic alteration in various 
geologic situations, e.g., thermally altered volcanic rocks (Inoue and Utada 
1991b), stagnant hydrothermal alteration of caldera-filled deposits (Inoue et 
al. 1984b), hydrothermal alteration of mid-ocean ridge basalts (Tomasson and 
Kristmannsdottir 1972; Alt et al. 1986; Schiffman and Fridleifsson 1991), and 
ophiolite (Bettisson and Schiffman 1989; Shau et al. 1990; Bettisson-Varga et 
al. 1991). 

Figure 7.27 shows an example of structural variation in C/S as a function 
of temperature (actually the distance from an intrusive mass) which was 
observed in the Kamikita fossil geothermal field (Inoue and Utada 1991b). 
The structural variation is characterized by the fact that %S in C/S decreases 
discontinuously with a rise in temperature, with a step at 100-80%, 50-40%, 
and 10-0%; the C/S often exhibits a bimodal or trimodal frequency in 
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expandability in a single rock specimen. The C/S having 50-40%S, which has 
a superlattice reflection with d = 31A after ethylene glycol saturation, has a 
reichweite value of 1. The minerals should be termed corrensite (a perfectly 
ordered trioctahedral C/S), because the coefficients of variation of the d(001) 
values, defined by Bailey et al. (1982), gave more than 0.75. The C/S minerals 
that are more or less expandable than corrensite have reichweite values of 0. 
These characteristics in the structural variation had been known in hy¬ 
drothermal alteration of caldera-filled deposits as demonstrated by Inoue et al. 
(1984b). Schiffman and Fridleifsson (1991) also confirmed this in the 
Nesjavellir geothermal field, Iceland. In contrast, some researchers indicated 
the continuous variation of %S in C/S in diagenetic environments, similar to 
that found in I/S (Schultz 1963; Helmold and van der Kamp 1984; Chang et al. 
1986). Bettison-Varga et al. (1991) showed the occurrence of randomly 
interstratified C/S with more than 50 %S by means of high-resolution transmis¬ 
sion electron microscope (HRTEM). 


7.10.5.2 Chemical Variation 

The end member smectite layer in C/S is usually saponite which is a 
trioctahedral smectite whose interlayer cation is predominantly calcium. The 
saponite tends to have a greater layer charge than the average value of 0.33/ 
O 10 (OH) 2 as usually cited for smectite. 

Saponite shows an extensive solid solution between the Mg and Fe. Mg- 
saponite is described in several hydrothermal systems where it is for the most 
part associated with gypsum, anhydrite, or carbonates (Shirozu et al. 1975). 
Fe-saponite is rare under terrestrial surface conditions. Kohyama et al. (1973) 
and Kohyama and Sudo (1975) demonstrated that Fe-rich saponite easily 
alters to the mineral hisingerite by oxidation of iron under surface weathering 
conditions. Published data indicate that the Fe/Mg + Fe ratio in saponite from 
hydrothermal systems ranges from 0 to 0.7. The occupancy of octahedral Al is 
usually less than 10% in atomic proportion (Brigatti and Poppi 1984; Inoue 
1985). 

Corrensite exhibits a unique range of chemical composition. The octahe¬ 
dral Al occupancy ranges from 10 to 30% (Inoue 1985). The Fe/Mg + Fe ratio 
is influenced by many factors, e.g., bulk rock composition, fugacities of oxygen 
and sulfur in the system, etc. The maximum ratio according to the published 
data is about 0.7; this apparent limit may be due to the effects of surface 
weathering. Inoue and Utada (1991b) noted that the C/S, which provides a 
superlattice reflection at 31A after ethylene glycol saturation, contains ap¬ 
proximately S^Al^-Si^A^ 6 per O 20 (OH) 10 in the tetrahedral sheet and 8.8- 
9.8 cations in the octahedral sheet. Electron microprobe analyses of C/S 
minerals in hydrothermal systems often show a continuous variation in com¬ 
positions from saponite to chlorite (Inoue 1985, 1987; Meunier et al. 1991; 
Schiffman and Fridleifssnn 1991). On the other hand, the XRD structural data 
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indicate that they are an intimate mixture of more than two phases of saponite, 
corrensite and/or chlorite. 

Previous electron microprobe analyses of C/S minerals has indicated that 
the Fe/Mg + Fe ratios of smectite, C/S, and chlorite are nearly constant 
through the reaction series smectite-to-chlorite, within a given geothermal 
field (Inoue and Utada 1991b; Schiffman and Fridleifsson 1991). This means 
that the Fe/Mg + Fe ratios of these minerals are essentially unrelated to 
temperature under propylitic alteration environments. The chemical composi¬ 
tions of these minerals are rather strongly related to the bulk rock composition 
and the mode of occurrence, e.g., a replacement of mafic minerals, a replace¬ 
ment of glass, a vug-filling, or a vein-filling. 


7.10.5.3 Stability 

Kimbara and Ohkubo (1978) stated that corrensite was formed at more than 
110 °C coexisting with mordenite in the Satsunan active geothermal field, 
Japan. Corrensite appears at 150-200 °C in Icelandic geothermal fields 
(Tomasson and Kristmannsdottir 1972). The mineral usually coexists with 
laumontite in andesitic to basaltic rocks. Deducing its stability from that of 
laumontite (Liou 1971), the temperature at which corrensite appears is esti¬ 
mated to be about 100-150 °C. The reported upper limit of thermal stability of 
corrensite is 170 °C at Satsunan (Kimbara and Ohkubo 1978), 220 °C in Ice¬ 
land (Tomasson and Kristmannsdottir 1972). At these temperatures, wairakite 
is seen instead of laumontite. The upper limit of corrensite stability is approxi¬ 
mately 230-250 °C. Mg-corrensite can be formed at lower temperatures under 
brine conditions (Weaver and Pollard 1973). Thus, corrensite shows a limited 
thermal stability field in addition to the unique characteristics in structure and 
composition as mentioned above. This suggests that corrensite is a single 
phase in the thermodynamic and crystallochemical sense (Inoue et al. 1984b; 
Shau et al. 1990; Inoue and Utada, 1991b). 


7.10.6 Trioctahedral Chlorite in Hydrothermal Deposits 

Trioctahedral chlorite appears ubiquitously in the higher-grade zones of al¬ 
teration where the temperature exceeded more than 200 °C under neutral to 
alkaline solution conditions. Observations in geothermal fields show that 
chlorite reacts with illite and/or K-feldspar to form biotite when temperature 
exceeds 300 °C (Fig. 7.9). 

The chemical composition of chlorite is influenced by the modes of occur¬ 
rence and the bulk rock composition as well as temperature and solution 
composition (Shikazono and Kawahata 1987). Mottl (1983) showed that in 
deep sea hydrothermal alteration of basalt, chlorite occurring as vein-fillings, 
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shows higher values in Fe/Fe + Mg ratio than chlorite which occurs in massive 
rocks. In other words, a higher water/rock ratio favors the precipitation of Fe- 
rich chlorite. Most chlorite compositions in propylitic alteration range from 
ripidolite to brunsvigite or diabantite, following the classification of Foster 
(1962). This suggests that the composition of chlorite in propylitic alteration is 
more strongly controlled by the bulk composition of original rocks, because 
the propylitic alteration occurred under a nearly isochemical condition. In 
chlorite from vein-type ore deposits and their adjacent alteration, the Fe/Mg + 
Fe ratio is greater than that of chlorites in propylitic alteration (Nagasawa et 
al. 1976; Shikazono 1985), indicating strong influence by temperature, f 02 , f s , 
pH, and salt composition of the solution. Mg-chlorite appears to form under 
slightly oxidizing and low pH conditions. In this case, it is sometimes associ¬ 
ated with Al-chlorite (sudoite). Fe-chlorite is favored by reducing conditions. 
This mineral is likely to precipitate during boiling of solution (Reed and 
Spycher 1985; Lonker et al. 1990). Under high f s conditions, the existence of 
pyrite results in Fe-poor chlorite. 

The occurrence of Mg-chlorite is also reported from Kuroko-type altera¬ 
tion, where it is typically associated with sulfides and/or gypsum ores (Shirozu 
1974; Shirozu et al. 1975). Alt and Jiang (1991) reported the presence of Mg- 
chlorite in sea floor hydrothermal deposits. In these environments, the mineral 
is often associated with talc (see Fig. 7.5d). The origin of Mg may be attributed 
to seawater. In the outer zone of Kuroko-type alteration, Fe, Mg-chlorite is 
predominant. This increase in Fe content in the exterior parts of the deposit is 
thought to reflect the decrease in temperature from the center to the margin of 
alteration (Tamura 1982; Urabe et al. 1983). 

There are several types of poly type structure in chlorite (Bailey and 
Brown 1962). In burial diagenesis, chlorite changes polytype from lb (/}= 97°) 
to lib through lb Q5 = 90°) with increasing temperature (Hayes 1970). The 
polytype structure is also related to the composition; Fe-chlorite is usually lb 
(/J=90°, 97°), whereas Fe,Mg-chlorite and Mg-chlorite are predominantly lib 
structural types (Nagasawa et al. 1976). 

Cathelineau (Cathelineau and Nieva 1985; Cathelineau 1988) proposed 
an empirical geothermometer of chlorite, by utilizing the tetrahedral Al 
content or the octahedral vacancy. The tetrahedral Al content increases with 
a rise in temperature: T (°C) = -61.92 + 321.98X, where X is the tetrahedral Al 
content per O 10 (OH) 8 . The empirical equation was successfully applied to the 
evaluation of crystallization temperature of chlorite from 150-300 °C in Los 
Azufres and Salton Sea geothermal fields. When the formation temperature 
of chlorite was correlated with the homogenization temperature of fluid 
inclusions in the coexisting minerals, chlorite compositions from epithermal 
vein-type ore deposits (Yoneda 1989) and those from propylitic alteration of 
basalts (Yagi 1992) all scatter along the Cathelineau curve. However, plots of 
chlorite formed at relatively low temperatures tend to deviate from the cali¬ 
bration curve. These chlorites probably contain a small amount of expandable 
layer. 
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7.10.7 Aluminous Chlorite and Chlorite/Smectite 

Aluminous chlorites discussed here include donbassite, cookeite, and sudoite. 
These interstratified minerals with smectite are called tosudite, which is a 
perfectly ordered dioctahedral C/S with 50%S, reichweite 1. The formation of 
these minerals is favored under acid to neutral solution conditions, for in¬ 
stance in kaolinite, pyrophyllite, and sericite deposits (Shimoda 1978). At 
times sudoite and its tosudite occur with Mg-chlorite in Kuroko-type deposits 
associating with a lot of gypsum and/or anhydrite (Shirozu 1978) and with 
boehmite in sea floor basalt (Howard and Fisk 1988). They are also common 
in acid-type alteration in geothermal fields. Tosudite forms at lower tempera¬ 
tures than sudoite. In the Kamikita geothermal field (Inoue and Utada 1989), 
tosudite is intimately associated with rectorite. It was probably formed at 
about 200 °C, as noted previously. Donbassite and its interstratified mineral 
are reported from acid alteration of granitic rocks (e.g., Merceron et al. 1988, 
1992). Cookeite is rare in geothermal systems. 

The Li content of these minerals is noteworthy, and is in fact often the 
reason for their formation. The Li content of sudoite is negligible, whereas 
donbassite usually contains a significant amount of Li by substituting for Al in 
the interlayer sheet (Newman and Brown 1987; Merceron et al. 1988). 
Dioctahedral chlorite and tosudite from Kuroko-type alteration and many 
geothermal fields, do not contain Li at all, whereas those from kaolinite, 
pyrophyllite, and sericite deposits contain Li (Shimoda 1980; Higashi 1990). 
The origin of Li in such acid-type alteration is unknown. 


7.11 Concluding Remarks 


Clays formed under hydrothermal environments merit some special attention. 
Hydrothermal alteration occurs within a wide range of physico-chemical 
conditions, rock types, and geologic settings and thereby a great variety of clay 
minerals are formed. The clay formed often occurs as a monomineralic unit 
and is relatively homogeneous in its mineralogical properties, thus such a 
material is suitable for closer crystallochemical investigation. Much minera¬ 
logical knowledge has therefore been accumulated to date. Nevertheless, it is 
difficult to sufficiently summarize the conditions and processes of clay forma¬ 
tion in hydrothermal environments. For example, thermodynamic data of clay 
minerals are insufficient to predict the stability relationships in the great 
variety of hydrothermal systems. This may be related in part to a poor under¬ 
standing of thermodynamic status of interstratified minerals, for example. A 
more serious deficiency in clay mineralogy is the poor understanding of kinet¬ 
ics and the mechanisms of clay formation. It seems that these points remain a 
subject for future research in clay mineralogy. 
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On the other hand, clays are commonly accompanied by hydrothermal ore 
deposits and active geothermal systems. Studies of clay minerals in 
hydrothermal environments contribute to the evaluation of the processes of 
ore deposition and their exploration, and assist in our understanding of the 
internal structure and evolution of geothermal systems as an indicator of 
temperature and solution chemistry. The accumulation of knowledge regard¬ 
ing the kinetics and mechanism of clay formation, will lead us to understand 
comprehensively the dynamic process of hydrothermal alteration. 
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